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Abstract

The mixed layer of the ocean and the processes therein affect the ocean’s biological production, the
exchanges with the atmosphere, and the water modification processes important in a climate change per-
spective. To provide a better understanding of the variability in this system, this paper presents time series of
the mixed layer properties depth, temperature, salinity, and oxygen from Ocean Weather Station M (OWSM;
66°N,2°E) as well as spatial climatologies for the Norwegian Sea. The importance of underlying mechanisms
such as atmospheric fluxes, advective signals, and dynamic control of isopycnal surfaces are addressed. In
the region around OWSM in the Norwegian Atlantic Current (NwAC) the mixed layer depth varies between
~20 m in summer and ~300 m in winter. The depth of the wintertime mixing here is ultimately restrained
by the interface between the Atlantic Water (AW) and the underlying water mass, and in general, the whole
column of AW is found to be mixed during winter. In the Lofoten Basin the mean wintertime mixed layer
reaches a depth of ~600 m, while the AW fills the basin to a mean depth of ~800 m. The temperature
of the mixed layer at OWSM in general varies between 12°C in summer and 6°C in winter. Atmospheric
heating controls the summer temperatures while the winter temperatures are governed by the advection of
heat in the NwAC. Episodic lateral Ekman transports of coastal water facilitated by the shallow summer
mixed layeris found important for the seasonal salinity cycle and freshening of the northward flowing AW.
Atmospheric freshwater fluxes have no significant influence on the salinity of the AW in the area. Oxygen
shows a clear annual cycle with highest values in May—June and lowest in August—September. Interannual
variability of mixed layer oxygen does not appear to be linked to variations in any of the physical properties
of the mixed layer.

1 Introduction

Understanding and monitoring the seasonal cycle of the mixed layer in the Norwegian Sea and its interannual
variability is of key importance to enhance our knowledge about the Atlantic flow towards the Arctic. An
understanding of the processes by which the mixed layer properties vary is essential for quantitative diagnostics
for the coupled ocean and atmosphere system and its effect on biogeochemical cycles and ecosystems. Seasonal
and interannual fluctuations in the upper ocean climate are also of great importance in other aspects like
biological production (Polovina, Mitchum, and Evans, 1995). Knowledge of the variability in the mixed layer
and its properties in the Norwegian Sea is for instance highly important in the context of heat release from
the Norwegian Atlantic Current (NwAC), which is the most important contribution of oceanic heat transport
toward high latitudes in the Northern Hemisphere. The Ocean Weather Station M (OWSM; 66°N,2°E) has
been operating for more than 50 years in the Norwegian Sea. Being strategically placed in the western branch
of the northward flowing NwAC (Figure 1) OWSM is a unique place to monitor possible climatic fluctuations
(Gammelsrgd, @sterhus, and Godgy, 1992). The long time series that now exists from OWSM provides an
excellent means to analyse variations in mixed layer properties for this area over different time scales.
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The mixed layer (ML) is defined as a surface layer where there is nearly no variation in density with depth,
i.e. a quasi homogeneous region (Kantha and Clayson, 2000). This homogeneity is caused by turbulence through
the action of surface forcing, like mechanical mixing by wind stress and convective mixing by surface buoyancy
fluxes. The mixed layer can often show a strong diurnal cycle (Brainerd and Gregg, 1995), with night-time
convection due to cooling driving active mixing from the surface to the seasonal pycnocline, while during
daytime a shallower restratification may occur due to heating. Salinity may also be of importance to mixed
layers, especially after heavy rainfall when pools of freshwater at the surface can generate strong haloclines
at their base (Lukas and Lindstrém, 1991), which can suppress mixing. We find Niiler and Kraus (1977) to
provide most extensive and practical inputs on these issues. More recent is the book by Kantha and Clayson
(2000), which gives a good introduction to the mechanisms that govern the depth and properties of the mixed
layer. Spatial and monthly variability of the mixed layer depth (MLD) for the global ocean is provided and
examined by Kara, Rochford, and Hurlburt (2003). However, their paper does not cover any part of the Arctic
Mediterranean. Apart from the work done by Johannessen and Gade (1984), who used a one-dimensional model
to simulate variations in MLD at OWSM for a 17 day period of March 1967, little has been done in the context
of studying the evolution and variability of the mixed layer in the Norwegian Sea.

Since the start of hydrographical observation at OWSM in 1948, several papers have been written to under-
stand the seasonal and interannual variability in the region and its underlying causes. Seasonal variations of
temperature and salinity in the upper layer from 1948 to 1958 have been studied by Helland (1963) and annual
variations of energy exchange across the air—sea interface for the same period by Bgyum (1966). Leinebg (1991)
has looked at the oxygen variations in the intermediate water from 1953 to 1990. The long time series has
been used by @sterhus and Gammelsrgd (1999) to show that the temperature of the deep water at OWSM has
increased considerable during the 1990s, while Blindheim, Borovkov, Hansen, Malmberg, Turrell, and @sterhus
(2000) showed a long term decrease in both temperature and salinity in the upper 500 m of the water column.
Furevik, Bentsen, Drange, Johannessen, and Korablev (2002) have used the OWSM data in their study of the
temporal and spatial variability of the sea surface salinity in the Norwegian Sea. Time series of temperature and
salinity anomalies for selected depths are presented in Gammelsrgd and Holm (1984) for the years 1948-1981
and in Gammelsrgd et al. (1992) for 1948-1991. Series from all depths for 1948-1999 are presented in (Nilsen,
2003).

In contrast to these earlier time series studies of the OWSM data, which were applied to fixed depths, we
will in this paper present time series of mixed layer averages of temperature and salinity, together with time
series of MLLD and mixed layer averages of oxygen for OWSM as well as winter and summer climatologies for the
Norwegian Sea. When considering the hydrographic conditions in the area of OWSM, with a frequent vertical
movement of the transition layer between the Atlantic Water (AW) and the intermediate waters below (Mosby,
1962), an anomaly at a fixed depth may be the result of waters having different origins and consequently of
different properties and therefore not represent a variability in time of the water mass under consideration. We
believe that time series of integrated properties over the mixed layer give a more ideal picture of the variability
of the AW than time series of properties from fixed depths. In this respect, ML-averages provide more reliable
basis for creating spatial averages from oceanic stations, since the bulk of the mixed layer is taken into account
and not only the highly variable surface measurements.

The climatologies of ML-properties are compared to relevant fields of atmospheric fluxes, in order to evaluate
the importance of horizontal gradients in the area. For the annual cycle and interannual variations, the role of
atmospheric forcing is examined, and effects of advection and entrainment are briefly discussed. Furthermore,
the study describes some important mechanisms involving mixed layer processes through which the northward
flowing Atlantic Water can be modified. The main objective of the present work is to show how different ML-
properties in the Norwegian Sea vary on different time scales, and to reveal some of the underlying processes
that cause such variations. The results (Section 6) have been divided into four sections treating the Mixed
layer depth, ML-temperature, ML-salinity, and ML-oxygen separately. In each of these sections, the spatial
and seasonal differences in the Norwegian Sea, the mean annual cycle at OWSM, and the multi-year time series
from OWSM will be discussed.

Before the results are treated, we will present an overview of the current knowledge of the hydrography in
the Norwegian Sea (Section 2), discuss important mechanisms governing the oxygen content of this part of the
world oceans (Section 3), and account for the data (Section 4) and methods of analysis (Section 5) used in this

paper.



2 Hydrographic conditions

The relevant hydrographical features of the Norwegian Sea will be described in this section. For a thorough
description of circulation patterns and water mass modifications taking place in the whole of the Nordic Seas
see Blindheim and Osterhus (2005).

Atlantic Water enters the Norwegian Sea through the Faroe—Shetland Channel and over the Iceland—Faroe
Ridge (Hansen and @sterhus, 2000), and continues northward providing heat and salt to the Arctic Ocean
(Figure 1). Between the Faroes and the Lofoten Basin, the two inflows mainly flow as separate branches, the
eastern branch as a barotropic current along the Norwegian Continental Slope, the western branch as an unstable
baroclinic jet originating from the Faroe Current and following the 2000 m isobath (Poulain, Warn-Varnas, and
Niiler, 1996; Mork and Blindheim, 2000; Orvik, Skagseth, and Mork, 2001; Orvik and Niiler, 2002). Between the
two branches the AW is strongly mixed and can thus be revealed as one warm and saline, “wedge” shaped water
mass along the eastern side of the Norwegian Basin (Figure 2). Some AW is also found in the surface west of the
western jet (Blindheim et al., 2000). The lower boundary of the AW (Tx3°C and S=35) is generally found at
depths of about 400-500 m, from the continental slope to the position of the 2000 m isobath (Helland-Hansen
and Nansen, 1909; Orvik et al., 2001), where it slopes upward and levels out at shallower depths before it rises
to the surface further west.

This western border zone, where the AW meets the fresher and colder Arctic Water, is called the Arctic Front.
This is an area with strong horizontal gradients. North of Jan Mayen this front is rather stably positioned, but
in the southern part of the Norwegian Sea, relatively large shifts in its position occur due to variations in the
volume of Arctic waters carried by the East Icelandic Current. Due to the constraint caused by these waters,
the width of the Atlantic flow is relatively narrow here (Blindheim et al., 2000). This can be seen in Figure 3
which shows the mean seasonal variation in the extent of the AW as defined by the 35 isohaline surfaces. During
summer the AW extends further to the west than in winter, but this seasonal difference can only be seen in the
upper 150 m of the water column.

To the east of the NwAC, the coastal water of the Norwegian Coastal Current (NCC) is the dominant water
mass (Figure 2) and is characterized by low salinity and seasonally variable temperature. Its western extension
varies with season, reaching further west during summer than in winter. This can be seen in Figure 3 where
the 35 isohaline surfaces along the coast of Norway give an indication of the horizontal and vertical variations
in the extent of the coastal water. The NCC also becomes shallower in summer, possibly due to the seasonal
maximum in coastal runoff which increases the density difference across the interface between the coastal water
and the AW below and thus decreases its slope (Helland-Hansen and Nansen, 1909). The prevailing northerly
winds in early summer introduce additional westward spread of the surface layer (Rey, 1981; Gade, 1986; Seetre,
Aure, and Ljgen, 1988).

The upper layer of the Norwegian Sea in the area around OWSM is dominated by the warm and saline
AW (Mosby, 1970), while the deep layers are filled with Norwegian Sea Deep Water, a rather homogeneous
water mass in both temperature and salinity (Mosby, 1959). In between these two water masses the Arctic
Intermediate Water (AIW) intrudes and is usually found at 500-800 m depth in the Norwegian Basin and
800-1200 m in the Lofoten Basin, and has its origin to the west of the Arctic Front (Blindheim, 1990). It is
characterized by a local minimum in salinity and maximum in oxygen. The depth of the transition layer between
AW and ATW at OWSM is known to vary considerably on short time scales, and may be found anywhere between
200 and 600 m (Mosby, 1950, 1962). Mosby (1962) examined the OWSM data from 1948-1957 and showed an
extreme event in July 1949 where the depth of the transition layer had changed by 200 m in two hours. Due
to the topographic steering (Svendsen, Saetre, and Mork, 1991) of the baroclinic western branch of the NwAC
along the edge of the Vgring Plateau (Nilsen, 2004; Nilsen and Nilsen, 2003), the upward slope of the interface
(Figure 2) only has a lateral variation in position of about 50 km (Smart, 1984). This is just where OWSM is
situated, and the presence of the slanting interface has implications for the hydrographic record and the lateral
variation in its position could be the cause of the variations seen in the depth of the transition layer. Both
Sezelen (1963) and Mosby (1970) revealed that eddy-like features were occasionally present in the NwAC with
scales on the order of 50 km. These eddies could be stationary for several days or move with varying speed
in a north easterly direction (Seelen, 1963). Such eddy-like features are associated with strong horizontal and
vertical temperature gradients and may contribute significantly to the synoptic variations in temperature and
depth of the transition layer.



3 Oxygen

The distribution of dissolved oxygen (hereafter referred to as oxygen) is governed by both physical and biological
processes and the significance of the different mechanisms will vary both in time and space. Both processes
cause an exchange of oxygen across the sea surface (Redfield, 1948). To make it easier to follow the discussions
on oxygen later in this paper a short description of these processes is given below. Earlier studies of the annual
cycle of oxygen from observed data in the Norwegian Sea can be found in Falck and Gade (1999) and Skjelvan,
Falck, Anderson, and Rey (2001). Both studies showed that this region acts as a sink for atmospheric oxygen,
which implies that heat loss, winter storms, and winter convection cause a higher oxygen uptake during winter
compared to the oxygen released to the atmosphere due to heating and primary production in summer.

Biological activity affects the oxygen concentration of the upper ocean. During the process of photosynthesis
oxygen is produced and released to the surface water, while respiration by organisms and decomposition of dead
organic matter removes oxygen from the whole water column (Lalli and Parsons, 1997). Oxygen concentrations
are normally higher in the euphotic zone (upper layer of the ocean where there is enough light for photosynthesis)
during the productive season while below this layer decreasing concentrations are seen due to remineralization
of organic matter.

There are several physical factors governing the concentration of oxygen in the mixed layer. Advection and
diffusion redistributes oxygen at and away from the sea surface. Convection plays a major role in distributing
oxygen input at the sea surface to deeper depths. Entrainment of waters from below, with a different oxygen
concentration, can change the concentration of oxygen in the mixed layer. The transfer of oxygen between
the atmosphere and the ocean plays an important role in modifying the concentration of oxygen in the surface
waters. The difference between the oxygen concentration and the solubility concentration of oxygen in the
surface water is the main parameter determining the amount and direction of oxygen transport across the air—
sea interface. The solubility of oxygen in the surface water is a function of temperature, salinity, and pressure,
but pressure is normally set to 1 atmosphere and the effects of salinity can be ignored (Colt, 1984), resulting in
the solubility being inversely proportional to the temperature and seasonality in sea surface oxygen is expected
to be correlated with the annual cycle of temperature.

The physical and biological factors described above result in a rather complex system governing the spatial
and temporal distribution of oxygen in the upper ocean. Within the mixed layer, the oxygen concentration
is often found to be close to the saturation concentration. Departures from this saturation concentration are
the results of biological activity, surface heat fluxes, advection and turbulent diffusion, injection of oxygen by
bubbles, and the rate of gas exchange. High supersaturation often occurs during the early summer when the
rates of warming and primary production are highest. Surface cooling and entrainment of water with lower
oxygen concentrations, due to mixed layer deepening during winter, often lead to undersaturation.

4 Data

The oceanographic observations of temperature and salinity at OWSM date back to October 1948, while mea-
surements of dissolved oxygen started in 1953. The oceanic data sampling is done with Nansen bottles, equipped
with reversing thermometers, around the standard depths of 0, 10, 25, 50, 75, 100, 150, 200, 300, 400, 500, 600,
800, 1000, 1200, 1500, and 2000 m. The program carried out at the station consists of daily casts (except Sun-
days) down to 1000 m and weekly down to the bottom. Temperature is read from the reversing thermometers.
Salinity is analyzed ashore after each cruise, which has a duration of about a month. The storing time of the
water samples are therefore normally about one to two months, but much longer storing times have occurred.
This affects the salinity due to evaporation during storing and causes an additional error in the data. An effort
to correct this has been made for the period 1980-1996, however only for depths larger than 1000 m (Mikki,
1998). Together with analytical errors and instruments of varying accuracy used during the years, this makes
it difficult to estimate the precision of the salinity measurements. Oxygen is only measured once a week in
the deep cast. The oxygen concentration of the water sample is analyzed on board using the Winkler titration
method with visual detection of the titration end point, which generally gives a precision of the data of about
1%.

In this work temperature, salinity, and oxygen data from OWSM up to September 1999 have been used.
Unfortunately some gaps of varying length exist in the sampling, the longest being about six months. During
the early times the ship drifted a lot resulting in rather varying positions for the weather station (Nilsen and
Nilsen, 2003). In this work we only include stations taken within the geographical limits of 65.5-66.5°N and
1-3°E, which are about +50 km around the designated Weather Station position. Such a constraint is needed



in this area of strong lateral gradients associated with the sloping interface (Figure 2).

The following quality control was done on the data: For every density profile containing instabilities of more
than 0.05 kg m~—3, the corresponding temperature and salinity profiles were visually inspected!, and spikes
subjectively regarded as prominent were removed from the dataset. Surface data of temperature and salinity
are bucket and water intake samples. Therefore, they may be prone to additional errors due to less accurate
thermometers used when measuring surface temperatures, compared to the reversing thermometers used in
subsurface waters, and to inadequate rinsing of the bucket. Hence, surface data that showed extremely different
density gradients compared to those from the measurements below were removed. Oxygen in the surface water
is not measured, so the values at 10 m are used as surface values as well. Oxygen profiles that showed a clear
offset from the mean deep water concentration were removed. The total number of profiles from OWSM used
is about 10000 for temperature and salinity and 1300 for oxygen.

To conduct the spatial study of the ML-properties in the Norwegian Sea, temperature, salinity, and oxygen
from a database compiled at the Arctic and Antarctic Research Institute (AARI) in St. Petersburg (Johannessen,
Alekseev, Ivanov, Korablev, Kovalevsky, Myakoshim, et al., 2000; Alekseev, Johannessen, Korablev, Ivanov, and
Kovalevski, 2001; Furevik et al., 2002), were used. We have limited this part of our study to the area between
59°N and 72.5°N and east of 11°W (Figure 1). The data set consist mainly of data prior to 1990 and the subset
used in this study contains about 50 000 profiles of temperature and salinity and about 15000 oxygen profiles
since 1948. Data are given at standard Levitus depths. Any missing surface oxygen data were replaced by the
values from 10 m.

Monthly mean values at the surface of net short and long wave radiation, net fluxes of latent and sensible
heat, precipitation, and six-hourly means of downward flux of momentum from January 1948 to September
1999, used in this work, are from the National Centers for Environmental Prediction/National Centers for
Atmospheric Research (NCEP/NCAR) reanalysis data (Kalnay, Kanamitsu, Kistler, Collins, Deaven, Gandin,
et al., 1996, hereafter referred to as reanalysis data). The spatial study uses gridded data (see open circles in
Figure 1), while the temporal study takes its atmospheric series from the nearest grid point to OWSM (19 km
south of the station). Observed wind data for every six hours from OWSM (15 m), since January 1949, and the
coastal stations Ona and Sula on the west coast of Norway (10 m), since 1957, were provided by the Norwegian
Meteorological Institute (DNMI).

5 Methods

5.1 Finding the mixed layer depth

Different methods for calculating the mixed layer depth can be found in the literature, and a thorough discussion
of these as well as a search for an optimal approach has been given in Kara, Rochford, and Hurlburt (2000b)
. The two main methods for finding the MLD are by use of a gradient criterion or a finite property difference
criterion on density profiles?. A gradient criterion is defined as the depth where the gradient exceeds a given

value, for density
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where Aoy is the difference of the density anomaly (o; = p — 1000 kg m~3) over a vertical distance Az, and
(00+/0z) ¢ is the specified gradient criterion (hence the subscript C'). This criterion can only be used on profiles
of high depth resolution, since the slope needs to be resolved. A difference criterion is usually defined as the
depth where the property has changed by a certain amount from the surface value, for the case of density

01(2) = 01(0) = (Adt) ¢ (2)

where 04(0) is the value at the surface and (Aoy)¢ is the specified difference criterion. When using density
as the variable (i.e. searching for the MLD), the criterion (Ao;)c can be defined directly or as a response of
the equation of state to a given change in temperature in the surface (AT). The latter approach includes the
nonlinear effects from the equation of state, as this yields different values for (Acy)c depending on the surface
temperature and salinity at the time of measurement (Glover and Brewer, 1988).

Kara et al. (2000b) promote an extension of this method by searching for a reference density at the base of
a near uniform region, and then defining the MLD as the depth where a further density change corresponding

1The density criterion was chosen to avoid insurmountable number of graphs for visual control.
2The two criteria can also be used on temperature profiles to find the isothermal layer depth (ILD) which is not necessarily
equal to the MLD (Kara, Rochford, and Hurlburt, 2000a).



to a given AT has occurred (found by linear interpolation). They found that the optimal criterion for the
MLD in the North Pacific varied seasonally with higher AT during fall and winter, but conclude that using a
MLD definition of AT'=0.8°C should be applicable globally. Since the mixed layer can be considered to be near
homogeneous, using any data within the layer (including the surface) in the difference criterion (2) is basically
the same. It is merely a question of choosing a reference value for the (quasi) homogeneous region. Thus the
recommended criterion (AT=0.8°C) should be independent of the reference level used. Brainerd and Gregg
(1995), who examined both methods with several criterion values, found that a difference criterion gave more
stable MLD estimates, but that the best value would vary under different conditions. From the above it is clear
that one has to carefully choose the criteria to use, taking into consideration both the physical conditions at
the study site and the context in which the mixed layer is studied.

The coarse depth sampling in the data used in this work exclude the use of a gradient criterion, so a suitable
variant of difference criterion for density (2) was sought. We have chosen to find the MLD at single stations, not
from smoother mean profiles, for two reasons: (i) We omit the extra process of interpolating the non-uniformly
spaced samples from OWSM to common depths for the monthly means (Nilsen, 2003). (ii) It makes it easier to
find a measure of uncertainty for the mean MLD in that we can use the standard deviations of the ensembles
of single profile MLD values. Since the density variations in the upper water masses at OWSM are mainly
determined by temperature variations (Johannessen and Gade, 1984) we have chosen to calculate the density
criterion (Acy)c as a response to a constant AT. Furthermore, this method gives a larger (Aoy)¢ in warm
water than in colder water and thus follows the seasonal changes where the summer mixed layer has a stronger
density difference to the water below than the winter layer. After different tests using the OWSM data, it was
found that AT=0.8°C gave the highest success rate for finding the pycnocline proper (Nilsen, 2003). Note that
this is the same as the global value suggested by Kara et al. (2000b).

The following steps were taken to identify the MLD: A density value corresponding to the MLD for each
station was calculated by subtracting AT=0.8°C from the measured surface temperature, the depth of this
base density was then found by linear interpolation in the density profile (Figure 4a). Density was calculated
from temperature (7') and salinity (S) using the equation of state with no pressure dependence (Fofonoff and
Millard, 1983, UNESCO 1983 (EOS 80) polynomial). Although both Brainerd and Gregg (1995) and Kara et al.
(2000b) recommend the use of different AT values for different seasons, we think it is better to use the same
value throughout this study. This definitely applies for the long time series study where it would complicate
matters to introduce a seasonally changing value. The spatial study for the two separate seasons could perhaps
benefit from an optimization of AT used in each season, but this would prevent good comparisons with the
time series.

In profiles where instabilities stronger than 0.02 kg m™2 appeared at the surface, the first “stable” value
found below was used as the surface value (Figure 4a). Regardless of their causes (measurement errors as well
as physical effects) such instabilities represent a deviation from the values in the homogeneous region, and
will result in too high reference densities and thus too deep MLD estimates. The inclusion of this restriction
resulted in a significant lowering of MLD variability. Furthermore, in profiles where surface data were missing,
the ~10 m samples of temperature and salinity were used to calculate the reference density. This relaxation
prevented unnecessary loss of MLD-estimates from otherwise useful profiles, which would have been the case
if all profiles without surface data were discarded. Profiles that do not extend down to their calculated MLD
density and profiles indicating instability at the depth where the calculated MLD density crosses the density
profile, were discarded.

A large but certain error interval for the MLD estimates is the vertical distance to the nearest sampled
data point in the profile. To ensure the MLD is not interpolated on the basis of data points that are too
widely spread, MLD values were further discarded using the following criteria based on depth of the shallower
neighbouring sample and accepted gap respectively: 0-100 m, 100 m; 100-300 m, 200 m; 300-500 m, 300 m;
deeper than 500 m, 400 m. This resulted in a time series of about 8000 days with calculated MLD throughout
the 51 year time span. Since the temporal gaps were many and often long, no temporal interpolation to create
replacements for the missing days was attempted.

5.2 Calculating the averages

Every profile of temperature, salinity, and oxygen, from both the OWSM and the AARI dataset, was integrated
vertically over the mixed layer and divided by the MLD to form bulk ML-values for the three ocean properties
Twyr, Smr, and Opsr,. The required property values at the depth of the mixed layer (the base values) were found
by linear interpolation. When calculating these ML-averages, temperature and salinity profiles with missing
surface values were ignored. The integration was done by the trapezoidal method (Figure 4b). The same was



also done for percent oxygen saturation (O”%) which had been calculated for each profile according to
0% = (Omeas/Osat) - 100%, 3)

where O,neqs 18 the measured oxygen concentration and O,,; the oxygen saturation concentration calculated
from the temperature and salinity data according to Weiss (1970).

The daily time series of MLD and ML-values are quite noisy and unevenly distributed in time. The noise
is probably in many cases related to the frequent vertical movement of the water column as mentioned earlier.
In addition, the time series are subject to errors from the method of MLD calculation and measurement errors
of the profile data. To present a more stable and continuous time series, monthly mean values for each year
were created, using profiles from within the calendar month. The average number of data in a month is N=12
(range 1 to 27) for temperature and salinity, and N=2 (range 1 to 5) for oxygen, thus some months do not have
proper mean values. Due to this small and highly variable number of samples, we choose to use the sample
standard deviation ¢ as an error estimate for the mean values (instead of the usual error estimate for the mean
value: 02, ~ d%/(N —1)).

The vertical ML-averages from the AARI data were divided into sets for winter (Dec-Apr) and summer
(Jun—Sept). The months chosen are the ones with deepest and shallowest MLD in the time series from OWSM,
and the somewhat extended length of the two seasons are deliberately used to increase the number of estimates
included. The resulting winter set consists of 15000 MLD, temperature, and salinity estimates, and 3900 oxygen
estimates, and the summer set of 22000 and 7100 values, respectively. Bin-means in a grid of 2 by 1 degree
bins centered on OWSM were calculated (points in Figure 1). Most bins contain more than 100 stations, but
at some of the less important grid points the number can be as low as 10.

5.3 Forcing on the mixed layer
5.3.1 Heat and freshwater

The net heat flux from the ocean (Q in W m~2) was calculated as the sum of net shortwave and longwave
radiation and net fluxes of latent and sensible heat. The attenuation of radiation with depth was calculated for
this area using the dataset of Rochford, Kara, Wallcraft, and Arnone (2001), and even for the shallow summer
layers of the mean annual cycle, more than 98% of the incoming radiation was found to be absorbed in the ML.
Only seven of the single months during the whole 50 year period have mean mixed layers shallow enough to let
more than 10% radiation through. Thus the fraction of penetrative solar radiation to the water below the ML
is generally ignored in this work. The evaporation (E) was calculated dividing the latent heat flux with a latent
heat of evaporation of 2.5-106 J kg~!. Precipitation (P) and evaporation are given in kg m~2 s~!, which is the
same as mm s '. The difference E — P represents the net freshwater flux from the ocean. All these fluxes are
defined as positive upward.

5.3.2 Buoyancy flux
The buoyancy flux (B in m? s~3) was calculated according to Marshall and Schott (1999) as

B="12Q+pBSui(E~P)|, (4)
P L Cw

where ¢ is the acceleration due to gravity. Because of the strong temporal variability and horizontal gradients
in the area, the density (p), the specific heat of seawater (c,), the thermal expansion coefficient («), and the
haline contraction coefficient (3) are all considered functions of the hydrography (Th;z and Sys)3. The specific
heat and density are calculated according to Fofonoff and Millard (1983) and the coefficients after McDougall
(1987), all with zero reference pressure. The calculations do not, however, involve nonlinear operation with
respect to these coefficients, since all averaging is done on each factor in (4) before calculating B. Since the heat
capacity and density of water are much larger than those of air, vertical gradients in the water are insignificant
in comparison, and thus bulk ML-temperature and salinity can be used instead of surface values (Niiler and
Kraus, 1977). In addition, we find that the ML-values are less variable than the surface values, and thus give
more robust mean values.

30ne could argue that the relative variability of the coefficients and salinity are several orders of magnitudes less than Q and
E — P, but they do in fact result in detectable differences in the spatial patterns of B. For temporal studies, the relative variability
of the density is only one order of magnitude less than that of Q.



The summer and winter fields of Ty;;, and Sy;; were interpolated linearly onto the reanalysis grid before
calculating the oceanic constants. This means that the spatial study does not include any temporal variability
of the oceanic values in (4) and the equation can be viewed as linear. Mean seasonal fields of atmospheric
fluxes over the same months as the oceanic fields were used when calculating buoyancy fields for this study. In
the temporal study at OWSM, the buoyancy fluxes were calculated using monthly mean values for all factors
in (4). This means that nonlinear effects on time scales shorter than monthly is not accounted for, but given
the significantly smaller variability of the oceanic components of (4) than the atmospheric, the nonlinearity is
negligible.

5.3.3 Wind stress

The downward flux of momentum from the surface, the wind stress () can be expressed by the friction velocity

u, (Niiler and Kraus, 1977):

To

o ()
The friction velocity is the characteristic velocity scale for turbulent shear flows, and determines the velocity
scale of turbulence and mixing in the mixed layer. According to Niiler and Kraus (1977) the work done by
the wind on the mixed layer is proportional to u2. The reanalysis provides momentum flux as two directional
components, so to arrive at the absolute value for 75 and calculate u2 by (5) requires nonlinear operation on the
data. This nonlinear relationship is of some importance since the full effect of strong wind episodes (passages
of storms etc.) of shorter duration than the sampling/averaging periods used, will not be accounted for.

For the time series study, wind stress data at a frequency of four times a day are used, and the nonlinear
operations on this variable are applied at each time step before averaging further. This procedure should
incorporate the effect of most storm passages. As was the case in the calculation of buoyancy flux (Section 5.3.2),
the temporal variability (seasonal signal) of the density is not negligible in (5). The best available time series
of density is that from the monthly mean Sy, and Th;r. Given the relatively slow changes of ocean properties
compared to the atmospheric, we consider this to give sufficient temporal resolution for this value. Thus monthly
estimates of u? are calculated using 6-hourly mean wind stress from the reanalysis data and monthly mean bulk
ML-density by modifying (5) as follows:

u
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where the overline denotes a monthly mean. Due to the nonlinear nature of the wind forcing on the mixed layer
we have not calculated mean seasonal fields for this value.

5.3.4 Stability

The most important factor that determines the effect of surface forcing on the mixed layer depth, is the stability
of the water column itself. In homogeneous and stagnant water masses the surface forcing mentioned above will
result in mixing to a depth proportional to the magnitude of the forcing. However, any layers with increasing
stability will require stronger forcing to be mixed through. The rate of deepening of the mixed layer by erosion
of a stable interface depends on how stable it is. The most commonly used variable for stability is the Brunt-
Viiséla frequency (N) defined as

po dz’

with pg as a constant reference density. The stability of the interface at the bottom of the mixed layer can be
expressed by a discrete version of this function, namely the quasi-discontinuous change in buoyancy (b) across
the base of the mixed layer (Niiler and Kraus, 1977),

Ab=—gPL— P2 (8)
o

where p; and po is the average density of the mixed layer and the layer below, respectively. For the time series
study Ab was calculated for each single station using a p; from Sysp and Ty, and pe from T and S linearly
interpolated to 150 m below the MLD. We have used a reference density of po=1027 kg m—3, which is the mean
density of the whole time series.



6 Results and discussion

The results obtained from the AARI-data give us the possibility to study the spatial and seasonal variability
for a greater area of the Norwegian Sea before entering into a detailed interpretation of the time series from
OWSM. In Figure 5 calculated mean winter and summer fields from the AARI-data of MLD, Ty, Syr, and
Oy for the Norwegian Sea are shown together with relevant atmospheric fluxes. The overall error estimates for
the bin-mean values from the AARI-data are summarized in Table 1. The fields of buoyancy flux in Figure 5a
and e are through (4) combinations of the heat- and freshwater fluxes (Figure 5b, ¢, f, and g). From a study of
the different atmospheric fields (not shown), the thermal contribution to the buoyancy flux is found to be an
order of magnitude larger than the haline, both in winter and summer.

Also shown in the panels of Figure 5 are the mean surface position of the 35 isohaline from the same
hydrography. These isohalines define the separation of AW from the neighbouring water masses, Arctic Water
to the west and coastal water off Norway (see also Figure 3), and in the following we will call the area inside
these lines for the Atlantic Water domain (AW domain). Since OWSM lies inside this domain, our main focus
in the following discussions will be on the AW.

6.1 Mixed layer depth
6.1.1 Spatial and seasonal differences in the Norwegian Sea

From the mixed layer depths in Figure 5a one can see that during winter the ML is deepest in the AW domain.
This is expected, since the potential for heat loss and evaporation (and thus convection, see Equation (4))
is substantially larger in the AW than in the adjacent waters (Figure 3a, Inlays I-III vs. IV). Although the
Norwegian Coastal Water is relatively warm (Figure 5b) its low salinity (Figure 5¢) effectively prevents vertical
mixing into the underlying AW through increased stability between the two water masses (Figure 3a, Inlay VI).
Note that the MLD in the coastal water seems to increase away from the coast, in opposition to the notion
of the Norwegian Coastal Current as a wedge shaped current. This is merely a result of averaging profiles
from the frontal zone between the coastal water and the AW, which is neither stationary nor particularly sharp
(Johannessen, Svendsen, Sandven, Johannssen, and Lygre, 1989).

Inside the AW domain the mixed layers during winter are shallower in the southern Norwegian Sea than fur-
ther north. In the eastern Norwegian Basin MLD estimates are around 300 m with decreasing values westwards.
When the NwAC reaches the Vgring Plateau area at 65°N the two branches of the current diverge to each side
of the plateau due to topographic steering (Figure 1). There is an increase in MLD where the current enters
the plateau (Figure 5a). An explanation for this can be that the divergence of the branches leads to longer
residence times over the Plateau (as reported by Poulain et al., 1996), enhancing overturning and entrainment
here. As the AW flows from the Vgring Plateau and into the Lofoten Basin, it both widens to fill the entire
basin and deepens its vertical extension (Mork, 2006), implying even longer residence times here (Mauritzen,
1996a; Poulain et al., 1996). The mean winter MLD calculated in the Lofoten Basin reaches 520 m.

In addition to longer residence times of AW in the northern part, the heat loss to the atmosphere will
influence the convection depth. Bunker (1976) showed that atmospheric heat loss is strong in the Lofoten Basin
and Ivanov and Korablev (1995a; 1995b) described convective activity down to 800 m in the Lofoten basin,
in the form of a mesoscale anticyclonic vortex (thermohaline anomaly observed in 300-1000 m) which was
maintained and enhanced by wintertime convection within a basin wide cyclonic motion field. Such convection
in this area can therefore provide mixing down to the interface with the ATW underneath.

In fact, the similarities of the winter MLD-field (Figure 5a) with the depth of the AW /AIW interface, as
represented by the 35 isohaline surface in Figure 3a, indicate that the mixing depth in the AW domain is
ultimately restrained by the strong density gradient found at the interface. The wintertime MLD in the AW
domain will then be representative of the vertical extent of the Atlantic Water. When the entire AW column
is mixed through like this, the MLD is not only affected by surface forcing, but also by other mechanisms that
may control the interface depth. As Mosby (1974) pointed out, mixing across the interface transforms deeper
water into AW, but the resulting deepening of the transition layer is counterbalanced by advection of bottom
(and deep) water. Furthermore, in some areas the volume transport and dynamics of the AW flow may also
control the depth of the interface. For instance, near OWSM in Figure 5a it can be seen that the wintertime
MLD outlines the sloping pycnocline associated with the baroclinic western branch of the NwAC (Nilsen and
Nilsen, 2003), and is thus likely to be affected by the dynamics of this flow. That the topographically controlled
branches of the NwAC can determine the shape of the Atlantic Water’s lower boundary is reflected in Figure 5a
where the deepest MLD values reside over the deepest parts of the basin rather than coinciding with maximum



buoyancy flux.

In the western part of the Norwegian Basin features of the general circulation is also reflected in the spatial
distribution of wintertime MLD. The tongue of deep MLD seen south of Jan Mayen is due to a returning branch
of AW (Read and Pollard, 1992), while the tongue of shallow MLD stretching into the Norwegian Basin from
the west is the Arctic Water of the East Icelandic Current. Where their paths cross, the East Icelandic Current
spreads its fresher water over the returning AW, as indicated by the subsurface salinity maximum in Inlay III
of Figure 3a.

The summer MLD in the Norwegian Sea is generally between 20 and 40 m (Figure 5e), which is about one
10th of the winter values. The deepest mixed layer depths are found in the Lofoten Basin and especially in
the AW inflow area around the Faroe Islands. The overall buoyancy forcing has a stabilizing nature (negative)
during summer. Compared to the adjacent waters, the buoyancy fluxes over the AW domain are smaller,
the result of which is a deeper ML there. This is especially seen in the match between the increasing MLD
northward of 66°N and the minimum in buoyancy input from the atmosphere. However, the shallow MLD
between 64-66°N represents an exception in this respect. The pattern of buoyancy fluxes reflects the minimum
in oceanic heat gain north of OWSM (Figure 5f) as well as the positive net atmospheric freshwater flux around
OWSM (Figure 5g) to be discussed later.

6.1.2 Temporal variability at OWSM

The mean annual cycle of MLD at OWSM shows a summer mixed layer of about 20 m, and depths shallower
than 50 m is seen from June through September (Figure 6a). From the figure it is clear that the development
of the summer mixed layer happens rather quickly some time between April and June, whereas the mixed layer
deepening in autumn takes much longer time (Sept—Jan). This is, of course, due to the fact that the mechanisms
behind these two transitions are fundamentally different. From the temperature profiles in Figure 7a and e
(which are inversely representative of the mean profiles in density) it can be seen that the development of a
shallow thermocline (pycnocline) only requires heating of the surface waters in contrast to the deepening phase
which requires erosion of the pycnocline. The latter normally happens as episodic deepening during storm
passages assisted by convection due to surface cooling. By the end of the winter (Jan-Mar) the mean MLD is
found between 250-280 m.

Figure 6a also reveals that the year to year variability of MLD is much higher during winter than during
summer. This variability can be connected to the dynamics of the NwAC and the underlying waters, as well
as to the variable surface forcing on the mixed layer. In the time series of monthly mean MLD at OWSM
(Figure 8) the annual cycle as well as the interannual variability is clearly seen.

Deepening

In August—September, the input of buoyancy from the atmosphere (heating) ceases and the turbulence from the
wind can start to erode the base of the shallow summer mixed layer. At the same time the intensity of the wind
mixing also tends to increase and eventually reversed buoyancy flux initiates convective mixing. The erosion of
the strong summer pycnocline depends on the strength and persistence of these two forcing mechanisms. To
investigate how these mechanisms work on the deepening of the mixed layer bar graphs are plotted in Figure 8,
where the open bars above the MLD-curve represent convective forcing and filled bars represent wind mixing.
Each year around September, or sometimes earlier, the filled bars increase their length while the open bars switch
from upward to downward. As soon as “downward forcing” dominates there is always some increase in MLD.
However, the initial deepening of the layer is not seen to be proportional to the strength of the atmospheric
forcing. Some years the deepening is weak although the bars are relatively long. This shows that the forcing
needs more time to erode the base of the mixed layer, and the longest delays will be discussed at the end of this
section.

Since the month to month deepening of the mixed layer can be expected to be roughly proportional to
the amount of forcing acting on the layer, we will examine how much of the observed ML-deepening can be
explained by surface forcing. A relation for deepening of the mixed layer (i.e. the entrainment velocity w,) is
expressed by Niiler and Kraus (1977) as

dh 2mu?  nB

o = Wwe= At for B>, (9)

where h represents the MLD, and m and n are proportionality factors. A multiple linear regression of the two
forcing terms in (9) on the observed changes in MLD was performed. The predictors were calculated from
monthly values of atmospheric forcing and stability, multiplied by a dt of one month. The observed changes in
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MLD (AMLD) during calendar months were calculated as differences between monthly means centered on the
1st of each month. Only data from months with a deepening mixed layer were used. Limiting the regression
to data from months with mean MLD less than 180 m gave 72=0.75. This means that most of the month to
month deepening down to this depth can be explained by atmospheric forcing through this regression model
(9). When data from deeper mixed layer cases were included the result was a poorer correlation. The cause for
this is that the deeper MLD values are closer to the ultimate winter depths of the mixed layer, i.e. have reached
the dynamically controlled base of the Atlantic layer.

The relation between the proportionality factors m and n reflects the relative importance of the two forcing
terms in (9). The factors found by this regression were m=0.32 and n=1.00. It is expected that they are
functions of depth (Niiler and Kraus, 1977), and using only data from shallower ML-depths resulted in smaller
n (to n=0.63 when MLD<30 m) while m stayed approximately constant around 0.30. This means that the
proportionality to h~! in (9) is an applicable first approximation of the depth dependency of the wind forcing.

Winter depths

The depth of the mixed layer in each winter is highly variable on both monthly and shorter time scales, as can
be seen in the month to month variations and the large standard deviations in Figure 8. In addition to these
intra seasonal variations there are large year to year differences. The mean winter depth is around 280 m, but
the winters of ’57-'60, ’62, and 93’95 have overall MLD closer to 200 m, while in the winters of ’49, "70, 71,
'92, and 97 it is closer to 400 m. There may be different causes for this interannual variability. First of all the
convective forcing needs to be sufficiently strong and persistent during autumn and winter. Qualitatively, this
can be studied for the different years in Figure 8 by comparing the length and duration of downward bars with
the wintertime MLD. However, the variability of maximum or overall winter MLD does not seem to be related
to the variations in surface forcing.

Another cause for the wintertime variability of the MLD could be the dynamics of the NwAC, as discussed
in the beginning of this section. To examine this issue, linear interpolation has been applied on the single
profiles to find the depths at which S=35, and monthly mean values of these depths are shown as small circles
in Figure 8. These depths are per definition representative for the vertical extent of the AW. A comparison of
this depth with the estimated MLD can maybe give some answers about the variability of the winter MLD. The
mean depth of S=35 through the whole period is around 300-400 m, but there are periods that deviate from
this. In the years ’57—'59 and '93—'96 the mean depth of the AW was between 200 and 300 m, while the period
'69—'73 is characterized by deeper values (many even below 500 m). It is in the periods of shallow AW most of
the shallow winter mean MLD values occur, while the period of deep AW has two of the deepest winter mixed
layer observations.

This combined time series of both MLD and S=35 (Figure 8) indicates that the transition layer underneath
the AW impedes the atmospherically forced deepening and may even limit the ultimate depth of the winter
mixed layer. Generally, the depth of S=35 lies some 50-100 m below winter MLD values. This relation is
expected when the MLD has reached the transition layer, since our MLD estimates represent the top of the
pycnocline, and thus lies above the middle of the transition zone. Thus it seems that the AW is well mixed down
to its base in most winters. Also on shorter time scales (month to month within winters), the MLD is seen to
follow the depth of S=35. There is a correlation of r=0.68 between the depth of S=35 and MLD values deeper
than 180 m from the daily profiles at OWSM (N=2117, not shown). Good visual examples of such covariance
over several months are the winters of ’56 and ’80 (Figure 8). In such winters it is more evident that the MLD
has reached the transition layer and that it is this layer that constitutes the base of the winter mixed layer.

Whether it is erosion due to convection or dynamical variations of the transition layer that determines the
overall MLD during winter, is hard to assess and likely to vary for different periods. However, on monthly
and shorter time scales there is no significant correlation between the winter MLD and the atmospheric forcing
(as discussed in relation to the deepening mixed layer). Since OWSM is situated above the unstable sloping
interface between the AW and the Arctic Intermediate Water (Dickson, 1972; Nilsen, 2004; Nilsen and Nilsen,
2003), it is more likely that the short term winter variability in MLD is due to the movements of this interface
rather than the slower convective processes.

Restratification and the summer season

The onset of surface heating in spring and the following restratification occurs rather quickly between April
and June. Small differences in the timing of the restratification can be seen, as indicated by the year to year
differences in May MLD (marked with circles in Figure 8).

The depth of the developed summer layer is the result of a balance between the buoyancy input from the
atmosphere (—B, mostly from heating) and the turbulent kinetic energy from the wind (x u3), which erodes
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the base of the mixed layer. The erosion is countered by the strength of the stability at the base of the mixed
layer. In Figure 8 the bar graphs above the MLD-curve qualitatively show this balance.

Sometimes the mixed layer stays shallow even though the buoyancy flux has become destabilizing and the
joint effect of the atmospheric forcings should result in deepening of the layer (as is the case for '53, ’54, 56,
'57, ’69, 74, ’78, ’80, '84, 85, '87, ’88, ’90, and '94). Looking at the stability at the base of the mixed layer
(the bar graphs below the MLD plot in Figure 8), it is clear that these summers have the most stable mixed
layers. Since the simultaneous (on monthly time scale) input of buoyancy from the atmosphere is not sufficient
to counter the wind mixing and maintain the shallow mixed layer, this stability must be provided by some
other mechanism. This can be achieved by accumulation of heat or fresher water in earlier months, both from
atmospheric fluxes and from lateral advection, as well as from lateral advection in the same month. All the
above mentioned instances of high stability can be explained by looking for warm and fresh anomalies in the
time series of ML-temperature and ML-salinity (Figures 10 and 12). These time series and the reasons for
their extremes will be discussed in the next two sections. At this point it is sufficient to note that high ML-
temperature and low ML-salinity alternate, and some years cooperate, in creating the extra stable summer
layers in the years mentioned above.

6.2 Temperature
6.2.1 Spatial and Seasonal Differences in the Norwegian Sea

In winter, the highest ML-temperatures are found in the eastern part of the AW domain (Figure 5b). This
shows that the area is dominated by the inflow of warm AW following the continental shelf and spreading out
past OWSM and into the Lofoten Basin. Also shown in the same figure is the heat flux (@) to the atmosphere,
which is larger in the AW domain than in the neighbouring waters. The strongest gradient in @ is seen across
the Arctic Front separating the AW from the Arctic Water. As the AW flows northward it is cooled, resulting in
decreasing temperatures downstream. Furthermore, the increasing heat flux seen along the path, with maximum
in the Lofoten Basin, enhances this horizontal ML-temperature gradient. Mauritzen (1996a,b) showed that the
observed cooling of the NwAC can be explained by atmospheric heat loss alone, and that the net annual heat
loss required is approximately 70 W m~2. In comparison, this is equal to the annual mean heat flux at the
position of OWSM, when calculated from the reanalysis data. The winter field of ML-temperature in the AW
domain is also indicative of the density increase of the AW, which is 0.2 kg m~2 from south to north over the
study area (calculated from the winter fields of Thsr, and Syr).

Over the whole area the summertime mixed layer is shallow and subject to atmospheric heating due to the
dominance of insolation (Figure 5f). The warmest ML is seen along the coast of Norway, i.e. in the NCC. This
is due to the shallowness of the ML in the coastal area causing the temperatures to become higher here than
further off shore. In addition, warmer coastal water from the North Sea is advected into the area by the NCC.
The result is seen in the ML-temperature field (Figure 5f), which shows a tongue of warm water spreading
northward along the coast. The overall difference between mean summer and winter Ty, is quite uniformly
4°C, the spatial difference being limited to the east-west shift in the position of the maximum (Figure 5b vs.
5f). Thus the most prominent advective sources of warm water in the surface are the NCC in summer and the
NwAC during winter.

6.2.2 Mean annual cycle at OWSM

The annual cycle of ML-temperature at OWSM (Figure 6b) shows that the coldest ML-temperatures are nor-
mally encountered during March, with a mean value of 5.9°C, and the warmest month is August with a mean
temperature of 11.5°C. The interannual variability of ML-temperatures is greater during the summer months,
i.e. £1.5°C, compared to +1.0°C in the winter. The onset of spring warming restratifies the water column from
April to June. From the hysteresis curve in Figure 9a it can be seen that when the shallow summer mixed layer
has developed, its depth decreases only marginally towards 20-25 m, but the layer is subject to further heating
until August. From August to March the layer deepens and its temperature decreases, but quite slowly after
January when the MLD is already near its mean winter maximum of 280 m.

The seasonal development of the vertical temperature distribution in the upper 300 m at OWSM is shown
in Figure 7. The lower part of the AW is separated from the ML during summer and the warming from
the atmosphere only affects the ML-part of the AW (Figure 7e). There is also a temperature increase in the
lower part, most likely due to inflowing AW, until August. Then, during the deepening phase (Figure 7a), the
temperature increase between 50 and 150 m is due to the surface heat being mixed into the lower part of the
AW. However, this increase is small since the main forcing behind the mixing is heat loss to the atmosphere
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(which cools the whole mixed layer). By December, the warm water of summer is completely mixed with the
rest of the AW and further temperature decrease is uniform throughout this layer.

6.2.3 The 51 year time series at OWSM

The time series of monthly mean temperature in the mixed layer (Figure 10) clearly shows the annual cycle of
heating and cooling, with mean summer values normally around 11°C and winter temperatures reaching down
to about 6°C. The winter minima show little variability and no overall trend for the 51 years studied.

As shown in Figure 6b, the spring heating usually occurs from May to July, with ML-temperatures in June
somewhere between 8°C and 10°C. The variability of the June temperatures can give an indication of how early
the upper ocean is warmed in the different years, and thus these months are circled in Figure 10. Years with a
warm June are usually the same as the ones with high maximum ML-temperatures. In some years the highest
ML-temperature reaches above 12°C (’50, '53, ’54, 69, *74, 80, ’85, 88, ’90, '91, and '94). The time of maximum
ML-temperature is usually in August, but in some summers it is already in July (’51, 58, ’72, ’80, 84, ’87, 98,
and ’99). The bar graph of Figure 10 indicates that the accumulated amount of atmospheric heating prior to
the maxima is also larger in these years. The autumn cooling usually results in a colder September ML, but
in the years ’49, ’51, ’55, ’58, '67, '73, and ’95 the ML-temparature for this month remains near the maximum.
All except the last of these delayed temperature drops seem to be due to atmospheric heating extending into
September.

Although there seems to be a connection between the month to month changes in the ML-temperatures and
the net atmospheric heat flux in Figure 10, which of course is reasonable, little more than the synchronicity of
their annual cycles can be revealed from the time series plot. To further investigate the relationship between
the temperature changes and the atmospheric input of heat at OWSM a linear regression model was set up.
As a basis we used the following 1D model proposed by Niiler and Kraus (1977) for the temporal temperature
change as a function of entrainment of water from underneath and surface heat flux:

dTvr w AT Q

a  h peoh’ (10)

where AT here is the discontinuous temperature difference between the mixed layer and the underlying waters,
and w, is the entrainment velocity defined in (9). The first term on the right hand side of (10) is hard to
quantify using monthly mean data, since using the change in MLD (dh) to calculate w., will not take into
account episodes of entrainment on shorter time scales. On this basis, we have decided to let the cooling by
entrainment be among the unknown factors and only use the heat flux term as a predictor for the regression.
Consequently, we want to avoid the deepening periods between shallow summer and deep winter situations when
entrainment is strong and deep vertical mixing processes prevail (see Figure 7 and Section 6.1.2). Furthermore,
the relation (10) between the heat content of the ML and surface heat fluxes is not valid for the springtime
situation when a new shallow summer mixed layer is formed in the upper part of the deep winter ML. Thus
two regressions were done, one based on data from months with shallower ML than 65 m (motivated by best
fit of the regression) and one for ML deeper than 200 m (deepest possible limit without loosing too much data
and reducing the fit).

To make a linear regression model from (10) with the observed quantities temperature (Thsz) and MLD (h)
as the response, a heat content of the mixed layer, Ej;r, in J m~2, is introduced:

= h——. 11
dt PCw dt (11)
The surface heat flux to the mixed layer can then be regressed onto the measured change in heat content with

the linear model JE
d]:[L =by — 0:1Q, (12)

where by and by are regression coefficients. In this model, by accounts for the constant balanced effect of heat
sources other than @, such as advection, entrainment, or eddy diffusion. The monthly change in ML-temperature
(dTnr) was calculated from a new set of T, values using monthly means centered at the 1st of each month to
match the timing of the mean values of () which are from the calendar months. The results of the regressions
are shown in Figure 11.

For the deep mixed layer at OWSM (Figure 11a) the regression explains only 49% of the variance in tem-
perature. The rest of the variance, the large scatter, is due not only to the uncertainty of the data, but also
variability of the oceanic heat transports. The NwAC constantly provides heat to the deep winter mixed layer
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at OWSM, and this is reflected in the constant bp=241 W m~—2. The slope of the regression is b;=1.8 which
means that the atmospheric heat flux model underestimates the observed heating and cooling of the mixed
layer. This steep slope of the regression can be explained by the seasonal variability of the heat content of the
NwAC. Mork and Blindheim (2000) showed that in spring and summer there is a temperature increase in the
AW advected to OWSM. As discussed in Section 6.2.2, the temperature increase in the core of the AW during
late summer and fall is probably due to the mixing down of the warm shallow summer mixed layer. Thus the
covariability of the advective and the radiative heating could be due to the effect of autumn mixing further
upstream. In conclusion, the temperature of the deep winter mixed layer at OWSM can be said to be strongly
influenced by the NwAC and the variability of its advective heat flux.

When the mixed layer is shallow (Figure 11b), the response of its heat content to the atmospheric warming
is almost one to one (b;=0.89), and the regression explains as much as 78% of the variance. In other words,
the atmosphere determines the warmth of the summer mixed layer. The constant term by=39 W m~2 indicates
that there is some leakage of energy from the shallow summer mixed layer. The mechanism behind this is most
likely to be mixing with the colder waters below, both when the mixed layer is deepening and through episodic
wind induced deepening while the mixed layer is getting shallower on a monthly time scale. Penetration of
solar radiation to the waters below the ML would also represent a “leakage”, but the fraction of months having
shallow enough ML to let significant amounts of radiation through, is far too small to produce a constant term
in the regression (see Section 5.3.1).

Regarding the year to year differences in the maximum summer temperature, it is possible to integrate
(10) in time to express an expected long term temperature change due to atmospheric heating (neglecting
the entrainment term). Through that expression a significant correlation of r=0.72 was found between the
maximum summer temperature and the cumulative heat input since the start of the spring warming. Under the
assumption that the interannual differences in winter ML-temperature is negligible, the interannual variability
in maximum ML-temperatures can be said to be governed by interannual variability in the atmospheric heat
fluxes.

Among other mechanisms that can control the heat content of the summer mixed layer are the previously
mentioned entrainment from below, changes in the temperature of this entrained water (AW), lateral advection
due to wind forcing (Ekman fluxes) in the summer, and also eddy fluxes from the lateral boundaries of the
NwAC during both seasons. In the next section a relation is shown between wind driven transports of coastal
water and fresh summer anomalies at OWSM. The same method was tested for temperature anomalies, but no
significant relation to advection of warm coastal water (see Figure 5f) was found.

6.3 Salinity
6.3.1 Spatial and seasonal differences in the Norwegian Sea

The winter field of ML-salinity (Figure 5c¢) shows the intrusion of AW alongside of the Norwegian shelf break
and the spreading of this water mass over the Vgring Plateau and into the Lofoten Basin. As mentioned above,
during winter the AW is generally well mixed, from its base to the surface, thus the winter Sy, values can be
viewed as representative of the whole column of AW. Characteristic of the salinity in the NwAC is a significant
freshening (about 0.1 salinity units) as it enters and passes through the southern Norwegian Sea compared to the
moderate freshening downstream. Looking at the winter fields of ML-salinity and net atmospheric freshwater
flux they do not coincide well in the Atlantic domain (Figure 5c), thus precipitation and evaporation seem to
have little influence on such a deep mixed layer.

During summer, the E and P patterns have the same features as in winter, but the fluxes are weaker. On
the other hand, the shallow summer mixed layer is more receptive to changes by atmospheric freshwater fluxes,
and the weak summer time maximum in MI-salinity seen north of OWSM can therefore be connected to the
maximum in E — P (Figure 5g). The distance between these two maxima is roughly two degrees latitude, over
which the water needs about a month to travel (assuming a northward drift of 10 cm s™!; e.g. Russenes, 1957;
Mosby, 1970; Blindheim, 1993). During one month, a freshwater loss of 10 kg m~2 from a 28 m thick mixed
layer can increase the salinity by 0.01, all of which are numbers compatible with the observations shown in the
figure. In addition, the deepening of the layer downstream of OWSM (Figure 5e) implies admixture of saltier
AW from below (see Figure 7f). For instance if a 28 m thick layer with salinity 35.1 deepens 4 m into a layer
with salinity 35.2, the corresponding salinity increase will also be about 0.01. Although these numbers are only
rough estimates, they show that the two effects can be equally important, as well as having orders of magnitude
comparable with the observed change (<0.05).
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6.3.2 Mean annual cycle at OWSM

Although the ML situation in the AW domain is completely different between the two seasons, at OWSM there
is no appreciable difference in ML-salinity (Figure 5c,g). The annual mean ML-salinity at OWSM is around
35.1 and the annual cycle consists of a maximum in spring and minimum in late summer, having only a 0.05
deviation from the mean (Figure 6¢). As can be seen, the summer minimum in this empirical cycle is mainly
due to sporadic fresh anomalies.

During the first half of the autumn the ML-salinity increases (Figure 9) due to entrainment of the more
saline AW under the summer ML and from Figure 7b it is clear that the deeper parts of the NwAC is freshened
by the mixing with the surface layer. Quantitatively, vertical integration of the monthly mean profiles show
that there is a close (to the order of 0.01 salinity units) salt mass balance between September and December,
indicating that the amount of freshwater supplied from the surface layer is causing the observed 0.1 salinity
unit freshening of the water underneath. This does not exclude the possibility of a balance between the salt
flux of the NwAC and downward or lateral diffusion out of the current, but it is interesting to note that the
strongest freshening along the NwAC is of the same order of magnitude (Figure 5¢) and occurs in the southern
area where the freshwater layer is seen to develop in summer (Figure 5g). Furthermore, the end product of the
vertical mixing has a salinity a little above 35.1, which is seen to persist in the current far into the northern
regions of the study area (Figure 5¢). By December, the Atlantic layer at OWSM is homohaline, and the fresh
layer has disappeared (Figure 7b). Further deepening of the mixed layer is accompanied by a salinity increase in
the upper 200 m, caused by the saline inflow from the Atlantic Ocean. However, since the mixed layer deepens
and salinity decreases with depth, this small increase is not reflected in the ML-salinity until February—March
(Figure 9b).

This advection of saline AW to the OWSM area dominates the ML-salinity during the early part of restrat-
ification, but by June the mixed layer becomes shallow enough to facilitate wind driven transports from the
fresher waters neighbouring the NwAC, or to have its salinity influenced by atmospheric freshwater fluxes. As
can be seen in Figure 7f, the upper 50 m freshens considerably from May to August. Thus the ML-salinity
increases from March to May, and then decreases toward August (Figure 9b). The core of the NwAC will,
after restratification has taken place, lie below the MLD, and is therefore “detached” from the mixed layer and
hence from direct atmospheric influence. In contrast to the freshening seen in the ML, the salinity in the core
continues to increase until July and a maximum in salinity is seen around 50-100 m during summer (Figure 7f).

Note how the surface accumulation of heat and freshwater during summer and subsequent deep mixing during
autumn impose an annual cycle in both temperature and salinity of the NwAC as a whole. From Figure 7 it is
clear that time series from the NwAC core around 100 m depth will have salinity maximum in July-September
and minimum in December, while the temperature cycle at this depth will lag salinity by three months. The
same timing of the cycles was shown for the Svingy Section (Mork and Blindheim, 2000, their Figure 17a).

6.3.3 The 51 year time series at OWSM

The time series of ML-salinity (Figure 12), contrary to temperature (Figure 10) and oxygen (Figure 14), shows
no strong annual cycle (see also Figure 6). The winter salinity values (e.g. circled January months in Figure 12)
are usually quite stable since they represent the deep column of AW. There are, however, some long term
changes in this winter salinity, which reflect variations in the salinity of the NwAC. The most prominent is
the “Great Salinity Anomaly” (“GSA ’70s” Dickson, Meincke, Malmberg, and Lee, 1988) which was seen at
OWSM in the second half of the 1970s (Gammelsrgd et al., 1992). This can clearly be visualized in the time
series although there is a gap of six months in the data around the time when the GSA was at its strongest at
OWSM. Belkin, Levitus, Antonov, and Malmberg (1998) have identified another anomaly (“GSA '80s”) passing
through the Norwegian Sea in the years '87-'88, and they also point to a “GSA ’90s” (Belkin, 2004). However,
these anomalies did not have the same strength nor the deep vertical extension as the GSA ’70s had at OWSM
(Nilsen, 2003, his Figure A.1), and they are thus not so easily recognisable in our ML integrated salinities.

In most years a freshening of variable strength takes place in the summer mixed layer. Gammelsrgd and
Holm (1984) found that in the years '51, ’57, '62, ’65, and ’78 very low salinities were present at the surface.
They attributed this to either the formation of the shallow summer mixed layer, which would limit the diluting
effect of the precipitation to the surface layer, or as a consequence of advection and horizontal diffusion. From
our time series, the years '74, 84, '85, ’87, and 88 can be added to this list.

The net local surface freshwater flux at OWSM is dominated by evaporation (Figure 12), and thus the
freshening events cannot be explained by local atmospheric freshwater fluxes. This strong relation between
evaporation and freshening, seems counterintuitive. However, evaporative maxima in this area can be expected
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to occur when colder and dryer air masses enter from the north, and northerly winds can drive Ekman transports
of fresh coastal water into the Atlantic domain. Helland (1963) demonstrated a connection between the wind
forcing over the coastal water southeast of OWSM and the surface salinity minima occurring at the station.
Following Helland, wind data at OWSM and coastal winds, averages of stations Ona and Sula, were averaged to
form a representative wind for the region. The northward component of this wind is then integrated during the
development of each salinity minima at OWSM (Figure 12). This integrated wind component represents the
wind driven transport in the Ekman layer toward the coast, and is compared to the corresponding minima of
monthly mean ML-salinity in Figure 13. Although the spread of data is severe, an inverse relation can be seen,
and it is evident that the strongest minima have developed under the influence of northerly winds (negative
values) producing an Ekman transport of fresher water away from the coast and into the NwAC. A linear
regression of the wind-days on the minimal salinities explains 46% of the variance in these values (not shown),
which is not small given the indirect and coarse nature of the model.

Hydrographic sections along 66°N in the AARI-database, coinciding with minima at OWSM, give further
support for the connection to the coastal water by revealing surface water of S<34.9 stretching toward OWSM
from the east (inlay of Figure 13). The timing of these sections is not necessarily at the most extreme minima
at OWSM, but within the period of low salinity (for instance the 34.9 isohaline in the section from 77 does not
reach west of OWSM although the salinity at the station goes below 34.9). These isohalines must be studied
with utmost caution since they are the result of interpolation on a sparse dataset. Still the wind study and the
sections leave little doubt that the strong salinity minima at OWSM are results of freshwater from the coastal
regions.

There are several sources supporting this view. In a study of all nine North Atlantic Ocean Weather Stations,
Taylor and Stephens (1980) pointed to the irregularity of the surface salinity cycle and its deviation from the
direct atmospheric forcing, and concluded that the salinity cycle is influenced by horizontal turbulent diffusion
and advection. Mauritzen (1996a) concluded that the freshening of the NwAC along its path, over its whole
lateral extent, can be explained by admixture from the NCC. In Figure 3b one can see from the mean summer 35
isohaline surface that fresh coastal water in summer stretches out far from the coast toward OWSM. In general
this has to do with the summer maximum in coastal runoff, but it is not likely to be a sufficient explanation
for significant freshening as far west as at OWSM. Saetre et al. (1988) discussed the reasons for the seasonal
displacement of the NCC, and held forth northerly winds in the summer as the most prominent explanation.
Although concentrating on the North Sea, they demonstrated Ekman transport and coastal upwelling in response
to these winds also along the whole western coast of Norway. Their case study concerned a wind driven widening
of the NCC in the summer of '84, which had “the strongest and most persistent northerly winds ... since 1965”.
The period between these years is lacking severe salinity minima also at OWSM (Figure 12).

Although local net freshwater flux from the atmosphere is not responsible for the strongest salinity extrema
at OWSM, the mean net atmospheric freshwater fluxes for the area show that precipitation is more pronounced
in the regions outside of the NwAC (Figure 5g). The variations in precipitation are also stronger here in the
source areas for the above mentioned Ekman transports, and can thus be indirectly important for the ML-salinity
in the NwAC.

Some of the weaker summer minima at OWSM have developed under southerly winds and must be attributed
to other processes than direct westward Ekman transport. Additional processes that can influence the ML-
salinity at OWSM are entrainment from below (of AW in summer and autumn, and perhaps from intermediate
waters in winter) and horizontal advection and diffusion from the Arctic Water to the west.

6.4 Oxygen
6.4.1 Spatial and seasonal differences in the Norwegian Sea

The winter field of ML-oxygen (Figure 5d) shows that those parts of the Norwegian Sea that are governed by
the warm AW have the lowest O concentrations, with increasing values along the path of the NwAC and
away from the axis of the flow. In contrast, the much colder Arctic waters to the west have significantly higher
concentrations. This spatial resemblance between the winter fields of temperature and oxygen (Figures 5b
and d) is expected, since with negligible biological activity during this time of the year the amount of oxygen
that can be contained within the mixed layer is governed by the solubility concentration (mainly temperature
dependent). As a result of heat loss from the AW to the atmosphere the solubility of oxygen increases during
the northward flow of the NwAC, and the water is able to take up more oxygen from the atmosphere than
further south. Mixing with adjacent water masses along the flow path, may, of course, increase the oxygen
concentration of the AW. The effect of such mixing will be a reduction in the potential uptake of atmospheric
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oxygen caused by the heat loss.

In summer the distribution of oxygen (Figure 5h) is in general more complex than during winter owing
to in situ production of oxygen through biological activity, which counteracts the effect heating has upon the
solubility concentration. Despite this, there is still a good spatial resemblance with the summer temperature
field (Figure 5f), indicating that the solubility concentration has the governing effect on the oxygen content
of the ML also during summer, with the oxygen produced escaping relatively quickly to the atmosphere. The
oxygen field for the summer season shows nearly the same O, values as the winter field (Figure 5d). At
OWSM for instance, both the mean winter and summer concentration are about 300 pmol L~!. The reason for
the lack of seasonal difference in the oxygen concentration fields seen in Figures 5d and h is that, in contrast
to the MLD, O, has both its maximum and minimum value in the period chosen for the summer season
(Jun—Sept, see Section 5.2), resulting in a mean value similar to the winter mean.

6.4.2 Mean annual cycle at OWSM

A clear annual cycle of oxygen does indeed exist in the upper parts of the Norwegian Sea as can be seen
in Figure 6d. The figure shows that the mean annual oxygen cycle at OWSM has an amplitude of about
30 pumol L~1. This is the same amplitude as the saturation concentration has when calculated from the annual
temperature and salinity cycle. For the months September to March there is an increase in oxygen with
decreasing temperatures. With increasing temperatures from April, a corresponding decrease in oxygen would
have started was it not for the fact that primary production in this area starts in April-May and reaches its
peak around June (Falck and Gade, 1999). A further increase in oxygen is therefore seen during the first
months of spring. The increase in temperature during summer has its effects though, and although oxygen is
still produced, the Oy, values are rapidly decreasing during the summer months, indicating that excess oxygen
is released to the atmosphere. From September, one month after the peak in temperature, the O,y steadily
increases again with decreasing temperature.

In Figure 9c the hysteresis curves for both the oxygen concentration and the saturation concentration are
shown, the latter calculated from monthly mean temperature and salinity values. This gives a good picture of
how the oxygen concentration in the ML at OWSM deviates from what would be expected in a water parcel
with no biological activity and with instant exchange of oxygen with the atmosphere after a given change in
saturation concentration (i.e. temperature and/or salinity change). Starting in the upper left part of the figure,
the oxygen hysteresis curve crosses the hysteresis curve of the saturation concentration between September and
October and the water in the mixed layer changes from being oversaturated with respect to oxygen to becoming
undersaturated. From this time on, the net flux of oxygen across the air—sea interface will be directed into
the ocean. The difference between the saturation concentration and the oxygen concentration increases until
January, indicating that the flux of oxygen to the surface water does not increase the oxygen concentration
in the water fast enough to keep up with the increase in saturation concentration provided for by the change
in temperature. During the winter months January—March the temperature change is small, but even so, the
uptake of oxygen from the atmosphere does not lead to saturation concentrations. The reason for this is probably
that the uptake of oxygen from the atmosphere has to be evenly distributed over a 300 m water column, and to
raise the oxygen concentration in such a thick water column takes more time than is available before the change
in season. Between April and May the water in the ML changes from being undersaturated to oversaturated
with respect to oxygen. This change is caused by the combined effect of increasing temperatures in the mixed
layer and the onstart of the biological season. The larger deviation of the ML-oxygen from the saturation
concentration in June—July is due to a combination of high primary production, a respective slower exchange
with the atmosphere, and a strongly stratified shallow ML inhibiting vertical transport of oxygen to the waters
below.

The oxygen content in the upper 300 m at OWSM (Figure 7c, g) is very homogeneously distributed through-
out the mixed layer from January to April. In the latter month a very small increase can be seen at the surface
indicating the onset of primary production. Highest surface concentrations are seen in May with a mean con-
centration of 317 pmol L1, then the concentration steadily decreases until September, reaching a lowest mean
value of 282 pmol L~'. Below the summer mixed layer a relative maximum in oxygen concentration can be
seen at about 25 m for the months July and August. This feature has also been seen elsewhere (Reid, 1962;
Shulenberger and Reid, 1981), and is probably caused by oxygen produced below the shallow summer mixed
layer, or is a remnant of the somewhat deeper May/June mixed layer, having no possibility to escape to the
atmosphere due to the strong stratification above. A subsurface minimum at and below 50 m is also developing
during summer due to remineralization of organic matter, while during the period of mixed layer deepening this
minimum is gradually being mixed into the mixed layer and has disappeared by January.
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The profiles of mean percent oxygen saturation (Figure 7d,h) show that the summer oversaturation is
confined to the upper 25-50 m. Below 50 m the decrease in percent oxygen saturation from June to Septem-
ber/October (compared to the January—March profiles) is mainly due to consumption of oxygen by decompo-
sition of organic matter. During the deepening phase of the mixed layer this low-oxygenated water is being
entrained into the ML. The depth of the interface between the well-mixed surface layer and the low percent
oxygen saturation layer gradually increases during the autumn following the changes in MLD. The mean per-
cent oxygen saturation in the ML stays at a nearly constant value from November (98%) to March (98.5%). To
maintain such a constant value there must be an input of oxygen to the ML during this period which balances
the deficit in oxygen caused by the entrained low oxygen waters and the additional oxygen needed to keep
the percent oxygen saturation at a constant value as the saturation concentration in the ML increases. The
main source for this input has to be the atmosphere, estimations of oxygen fluxes for OWSM (Falck and Gade,
1999) show a considerable uptake of oxygen from the atmosphere during winter. Just below the MLD the mean
percent saturation drops to about 95%.

6.4.3 The time series at OWSM

Unfortunately the oxygen time series (Figures 14 and 15) have more gaps than the time series of temperature
and salinity. Due to the restricted amount of oxygen measurements (once a week) there are also more months
that do not have a proper mean O, value compared to temperature and salinity. Since the monthly mean
values are based on 1 to 5 Oy values for each month, some of the monthly mean values presented here are
not really representative for the whole month but only for shorter periods (i.e. one to two weeks). This must
be kept in mind when analysing the time series.

Interannual variability is seen both in the spring peak values and in the late summer minimum (Figure 14).
The high spring peaks in ’75 (323 pmol L=!) and 93 (342 pmol L~1) are only based on measurements from
one single station. The other years with maximum values above 320 umol L=! (’53, ’63, ’81, '92, and '94)
are the mean of 2 to 4 Oy values. The high peak in ’92 is the mean of Oy values from the two first
weeks of June. During these weeks the measured oxygen concentration in the upper 10 m was high, 346.6
and 337.7 umol L' respectively, and corresponding percent saturation were 125.8 and 128.9, the two highest
percent oxygen saturation values for the whole period. Weather conditions at OWSM in early June '92 deviated
substantially from other years between '80 and 95 (Gislefoss, Nydal, Slagstad, Sonninen, and Holmén, 1998)
in being unusually calm and sunny. The strong heat input and anomalously warm mixed layer for this month
(warmest June in the whole time series) are also seen in the time series of monthly mean heat input and
ML-temperatures (Figure 10). Such weather conditions would minimize the air—sea exchange and most of the
oxygen would be retained in the mixed layer. If the period coincided with the height of the spring bloom the
resulting oxygen content in the upper layer could be high. In both ’92 and ’93 the mean ML in May was
rather deep (196 and 162 m respectively) in contrast to the very shallow mean MLD values for June these years
(18 and 23 m). These deep mixed layers suggest that the spring bloom probably did not start before June.
The highest oxygen concentration measured in the upper 10 m, on the other hand, is found for June ’95 with
357 pmol L1 and a percent oxygen saturation of 125, whereas the monthly mean values (based on four values)
are only 317 pumol L=! and 110%, respectively. There is generally a rapid decrease in the surface concentrations
(Figure 7g) after the shallow summer mixed layer (~20 m) has been established. It is therefore reasonable to
assume that if there had been oxygen measurements for every week in June 92 and ’93, the monthly mean value
would have been considerably lower as is the case for ’95. Furthermore, given the anomalously strong monthly
mean wind mixing for June 92 shown in Figure 8, the last half of this month must have experienced high wind
speeds and increased outgassing.

Of the mentioned years with higher than normal spring peaks, '75, ’81, and ’95 are from May and the other
four from June. For the whole time series the maximum O, values are found in May for half the number of
years and in June for the other half. This is also indicated in Figure 6d where means of the Oy values for
May and June are equal. Falck and Gade (1999) found that the mean biological net production at OWSM,
based on an oxygen budget, was highest and more or less equal for the months of May and June. This indicates
that the timing of the spring bloom varies from year to year, depending on hydrographical and meteorological
conditions, with the initiation of the bloom probably being mainly dependent on physical stabilization of the
upper water column. In years with an early stabilization, the spring bloom starts earlier giving highest O/,
values for May, whereas a later stabilization results in highest Oy values in June. Furthermore, May is the
only month of the year where a clear negative correlation was found between the depth of the mixed layer and
the Opsp, values (not shown). The lowest mean Opp value in the time series is found for August of '61 and
’88 with a mean Oy, value of 272 pmol L~} (based on three O, values for both years). For the whole time
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series, the lowest mean O);;, value occurs in September, except for the years ’61, 71, ’76, 85, '86, ’88, and 91
where it occurs in August.

The time series of monthly mean O;\Vj[ 1 (percent oxygen saturation; Figure 15) shows a yearly variation from
about 98% in winter to about 110% in summer with interannual variability especially in summer. The month
with highest O?@ ., value during one year is generally June or July, with only a few exceptions. Overall the
five months May to September have O?@ , values above 100%, but some years have 3, 4, or 6 months where
the mixed layer is oversaturated. For most of the years May is the first month with oversaturated mixed layer
values, but for a few years it already occurred in April and in a few others not until June. In autumn, the last
month with values above 100% is normally September, but in some of the years this has occurred in August or
October, and once in November. The OZSI ;, values above 110% are mainly from June months that have MLD
shallower than 25 m.

For both the Oy, and OZ} ;, values it is difficult to find an explicit cause for the interannual variability
seen in summer from variations in physical properties. Regressing the time series of Oj;;, and OZ} ;, against
the other time series of mixed layer properties does not give any significant correlation, but performing the
same regressions for individual calendar months gave some correlation (r>0.5) with one or more of the other
ML-properties in a few cases, but most months do not show any correlation at all (not shown). Interannual
variability in both the strength of the biological production and the duration of the blooming season are therefore
the most plausible causes for the summer oxygen variability. Variations in the meteorological forcing, governing
the conditions at the surface and hence the resulting air-sea gas exchange, probably also plays a major role in
this aspect.

7 Summary and conclusions

The spatial variability of the mixed layer properties in the Norwegian Sea clearly reflects the different water
masses and circulation patterns representative of the region. The area studied is dominated by the inflow of
warm and saline AW, which contrasts the neighbouring coastal and Arctic waters. For most of the AW domain
and in the time series at OWSM, the winter MLD follows the depth of S=35, indicating that the mixing generally
reaches through the whole column of AW in this season. Along the path of the NwAC in the southern Norwegian
Sea, the mean winter MLD is around 300 m and slanting towards the surface in the central Norwegian Basin.
The MLD increases over the Vgring Plateau, and noticeably when the flow enters the Lofoten Basin where a
mean wintertime mixing depth of ~600 m is reached. Since the mean depth of S=35 in the Lofoten Basin
reaches ~800 m, this indicates a lesser degree of through mixing of the whole AW column in this basin than
further south. The relative importance of the dynamics of the NwAC and the atmospherically forced mixing
for determining the winter MLD and depth of the AW remains undetermined. However, localisation of deep
mixed layers over the topographical features rather than in accordance with the field of atmospheric buoyancy
flux indicates that the general circulation is a governing factor for the common depth of AW and wintertime
mixed layer, through both increased residence times in the convective areas and dynamic control of the lower
boundary of the AW.

A significant feature during summer is an area of rather shallow mixed layer with low salinity and strong
stability across the NwAC at around 64-66°N. Furthermore, in some years a clear freshening takes place during
summer at OWSM. This freshening is found to occur mainly in months when the influence of northerly winds is
strong, which gives an Ekman transport of coastal water into the Atlantic domain. This advection is facilitated
by the shallow summer mixed layer in which the freshwater signal can be advected farther offshore than in
winter when mixing is deep. Precipitation cannot be the cause of these freshening events since they always
coincide with periods of strong evaporation. In fact evaporation is dominating at OWSM throughout the year,
while precipitation dominates over the neighbouring waters. Thus any influence of precipitation on the AW can
mainly be achieved indirectly via lateral advection.

On its way northward over the 12 degrees of latitude studied, the AW is on average shown to cool from 8
to 5°C, reduce its salinity from 35.25 to 35.05 (i.e. increase its density by 0.2 kg m~3), and increase its oxygen
concentration from 290 to 310 gmol L~!. The cooling and consequent oxygen increase is due to heat loss to
the atmosphere during winter, while vertical mixing in autumn of the fresh coastal influenced surface water is
considered the main mechanism for freshening of the northward flowing AW.

At OWSM the different properties of the mixed layer follow a mean annual cycle but with clear variations
from year to year. The vertical gradients that have developed during spring and summer are efficiently mixed out
during autumn. The annual variability of the properties is confined to the upper 300 m. Maximum temperatures
in the mixed layer are between 11 and 13°C and usually reached in August. The accumulated heat input during
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spring and summer is the controlling factor of the interannual variability in maximum summer mixed layer
temperature. The rate of autumn deepening is strongly determined by wind mixing and convective forcing from
the atmosphere. The minimum in temperature is about 6°C and usually reached in March. The core of the
NwAC, which is detached from the mixed layer during summer, has a salinity maximum in July—September and
minimum in December, while the temperature cycle at this depth lag salinity by three months. The downward
mixing of the surface freshwater and heat from the summer layer and the winter cooling of the NwAC are most
likely the underlying mechanisms behind the delayed seasonality of the northward flowing AW.

Mixed layer oxygen shows highest values in May-June (310 pmol L~=1) and lowest in August-September
(280 pmol L1). Interannual variability is seen both in the spring peak values (300-320 pmol L=1) and in the
late summer minima (270-290 ymol L~1!). The oxygen concentration in the mixed layer at OWSM is governed
by the temperature cycle. Any deviation from the temperature dependent saturation concentration is caused
by the relatively slow rate of exchange with the atmosphere giving time for an excess of oxygen to develop in
the mixed layer at times of primary production and a deficit during winter due to entrainment of water with
lower oxygen content during the deepening phase of the mixed layer. Even though the increase in MLD and
the temperature changes are very small from January to March, the percent oxygen saturation stays nearly
constant around 98% during these months, indicating that the time needed for the atmospheric flux to raise
the oxygen concentration to saturation levels is not sufficient before the change in season.

It is clear from this work that in an area like the Norwegian Sea, with strong spatial variations in hydrography
and existence of prominent currents, interpretation of mixed layer properties solely from ocean station time series
and 1D models can only be viewed as a first order approach. The lateral exchanges of water masses between the
coastal-, Atlantic-, and Arctic Waters in the Norwegian Sea needs to be quantified and their forcing mechanisms
studied more closely. This is important since the modification of Atlantic Water through lateral advection and
the distribution of AW between the ocean interior and the shelf areas both have implications for the marine
climate and deep water formation processes in the Nordic Seas and Arctic.
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Table 1: Overall estimated error for the mean values in the different fields in Figure 5. Worst cases are indicated

in parenthesis. The error is calculated as 02, ~ 02/(N — 1), where N is number of data points in a bin.
Winter Summer
om(MLD)  [m] 25 (50) 3 (569
om(Tar)  [°C) 0.2 0.3
om(Sar) 0.01 (<0.08°) 0.02 (0.1°)
0m(Oprp)  [umol L1 4 10

%North of 70°N.
In Lofoten Basin, 70°N.
°In coastal areas.
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Figure 1: Bathymetry of the Norwegian Sea. Isobaths every 100 m from 200 to 3000 m, and at 3500 m. OWSM
(circled M) is situated above the slope southwest of the Vgring Plateau in or near the topographically steered
baroclinic western branch of the Norwegian Atlantic Current (NwAC; arrows). Open circles indicate positions
of NCEP/NCAR atmospheric reanalysis data. Points indicate centers of the bins with hydrographic data from
AARI. Dotted line south of OWSM indicates the Svingy Section.
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Figure 2: Conceptual cross section of the Norwegian Atlantic Current in the southern Norwegian Sea, with
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From Mosby (1970), modified with indication of a two branch current and OWSM position.
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Figure 3: Depth contours of isohaline surfaces for salinity of 35, the traditional border between the AW and
the surrounding waters, as mean fields from binned AARI hydrographic data for a) winter and b) summer.
The eastern surface shows the top of the AW while the western surface shows the base of the AW. Background
shading indicates bottom topography. The deeper part of the western isohaline surface (not shown) continues
in toward the continental slope under the coastal waters. Roman numbers give positions for chosen average
profiles of density (solid), salinity (dashed), and temperature (dotted) shown in the inlays. All inlays have the
same axis limits as Inlay VI.
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Figure 4: a) The method of finding MLD: An MLD-density is calculated from surface salinity (Sp) and tem-
perature (Tp), subtracting 0.8°C from the latter. The corresponding MLD is found by linear interpolation in
the density profile (dashed lines). The profile shown here is one of the cases with surface instability, where the
first “stable” data point is used instead (dotted line). b) The integrated ML-property (here salinity) is found
by trapezoidal integration between data points and the value at the base found by interpolation.
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Figure 5: Mean fields for the winter (Dec—Apr; a—d) and summer (Jun—Sept; e-h) of a,e) mixed layer depth
(colour) and buoyancy flux to the atmosphere (black contours), b,f) ML-temperature (colour) and heat flux to
the atmosphere (black contours), c,g) ML-salinity (colour) and net freshwater fluxes to the atmosphere (black
contours), and d,h) ML-oxygen. This is based on AARI-hydrography from the last 50 years, and reanalysis

data. (Continued on next page)
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Figure 5: (continued) Full lines indicate positive atmospheric fluxes while dashed lines indicate negative. Atlantic
Water is outlined by dotted S=35 surface isohalines. White contours are isobaths outlining (from top) the deep
Lofoten basin (3100 m), the Vgring Plateau (1500 m) and the Norwegian Continental Shelf (500 m). The closed
black isobath (200 m) near 8°E,65°N shows the Halten Bank. Circled M shows the position of OWSM.
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Figure 6: Monthly mean values of a) MLD, b) Ty, ¢) Syr, and d) Oy, from OWSM, by month of year
(circles). The lines are drawn between means for each month and thus outline the empirical annual cycles.
Error bars indicate one standard deviation.
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Figure 7: Monthly mean profiles showing the annual cycles of temperature (a, e), salinity (b, f), oxygen
concentration (c, g), and oxygen saturation (d, h) in the upper 300 m at OWSM. The density follows closely
the inverse of the temperature profile.
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Figure 8: Monthly mean mixed layer depth at OWSM, for the whole period (black line with dots). The shaded
area indicates an error estimate using plus/minus one standard deviation of the population in the month. Gaps
in the shaded area indicate months with only one station, and thus no standard deviation available. May months
are circled. Bar graphs above show relative contribution to entrainment velocity from wind stress (u2 / MLD;
filled bars) and buoyancy flux (B; open bars) from the nearest upstream reanalysis gridpoint (see Figure 1).
Downward pointing bars are positive. Bars below indicate stability at base (Ab). Small (grey) circles indicate
monthly mean depths of S=35.
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Figure 9: Hysteresis curves for the mean annual cycle of MLD in relation to a) ML-temperature, b) ML-salinity,
and ¢) ML-oxygen concentration (full line) and ML-saturation concentrations (grey dotted line) at OWSM.
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Figure 10: Monthly mean mixed layer temperature for the whole period (black line). Shading is explained
in Figure 8. June months are circled. Bar graph shows surface warming of the mixed layer (—Q/MLD) and
upward pointing bars are positive.
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Figure 11: Monthly change in the mixed layer’s heat content at OWSM as a function of local atmospheric heat
flux for a) mixed layers deeper than 200 m and b) mixed layers shallower than 65 m. Linear regression lines for
each case are added and regression statistics shown above the graphs (see text for explanation).
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Figure 12: Monthly mean mixed layer salinity for the whole period (black line). Shading is explained in Figure 8.
January months are circled. Bar graphs show contribution to salinity change by net freshwater input from the
atmosphere ((P — E)/MLD). Upward pointing bars indicate freshening.
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Figure 13: Northward component of wind integrated over time of development of salinity minima at OWSM,
related to amplitude of these minima, for years with discernible summer minima. Numbers indicate years. The
inlay shows the surface extrusion of fresher coastal water in AARI sections coinciding with salinity minima at
OWSM.
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Figure 14: Monthly mean mixed layer oxygen concentration for the whole period (black line). May months are
circled. Shading is explained in Figure 8.
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Figure 15: Monthly mean mixed layer percent oxygen saturation for the whole period (black line). May months
are circled. Shading is explained in Figure 8.
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