
1.  Introduction
Back-arc basins, such as those behind the island arcs in the Western Pacific Ocean, or those in the Mediter-
ranean region, are common geodynamic systems. They develop on continental or oceanic lithosphere, be-
hind subduction zones due to extensional stress resulting from divergence between trench and upper plate 
motion. This is most frequently due to subduction rollback, mantle upwelling, or upper plate motion away 
from the trench (Faccenna et al., 1996, 2014; Le Pichon et al., 1981; Taylor & Karner, 1983).

While abundant research has focused on improving our understanding of both diverging and converging 
plate boundaries, the dynamics of back-arc extension, where subduction and large-scale extension occur 
in close, is yet to be fully explored from the perspective of geodynamic processes. For an early example of 
related studies, see Toksöz and Hsui (1978) who argued early on for the importance of subduction driven 
convective currents in the formation of back-arc basins. More recently, Arcay et al. (2006) have shown that 
the dehydration of the subducting slab can result in hydrous weakening and convective removal of the over-
riding plate mantle–lithosphere, while Currie et al. (2008) argued that back-arc extension can be a result of 
the extensive thinning of the overriding plate through subduction-induced gravitational instability. Using 
a 3D approach, Magni et al.  (2014) argued for the importance of 3D mantle-flow patterns in producing 
back-arc extension in the vicinity of continental collision zones. Most recently, Wolf and Huismans (2019) 
have argued for the importance of not just the overriding plate rheology but also the absolute plate motion 
velocities in determining the deformation style observed in a back-arc setting.

A key observation regarding continental back-arc basins is that many of them have anomalous high heat 
flow owing to a thin (∼60 km) lithosphere for hundreds of kilometers behind the subduction zone (Currie 
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& Hyndman, 2006). The origin of such anomalously thin lithosphere is possibly a result of two different 
mechanisms. The first mechanism is related to subduction-induced small-scale mantle convection that may 
erode the upper plate mantle–lithosphere (Currie et al., 2008). Another possibility, proposed by Tao and 
O'Connell (1992), is thinning through ablative subduction, where lithosphere is removed mechanically, by 
viscous drag from the subducting plate (DeCelles et al., 2009; Sobolev & Babeyko, 2005).

More recently, Wolf and Huismans (2019) showed that the removal of the mantle–lithosphere of the over-
riding plate through gravitational instabilities is key to produce back-arc extension. Potential examples of 
the active role of mantle thinning come from several arc–back-arc systems in the Mediterranean area in-
cluding the Carpathian–Pannonian and Apennine–Tyrrhenian systems. These arc–back-arc systems have 
narrow, land-locked subducting oceanic basins covered adjacent to the back-arc basin, characterized by the 
coeval occurrence of anomalously thin back-arc mantle–lithosphere, back-arc extension, slab retreat, and 
shortening in the overriding plate (Faccenna et al., 2014).

Another factor that has a significant effect on the deformation of the overriding plate is the long-term 
strength of the subduction interface (e.g., Behr & Becker,  2018; Lamb,  2006). The subduction interface 
is a zone with many processes acting on both long and short time scales (Angiboust et al., 2011; Cloos & 
Shreve, 1988a, 1988b; Shreve & Cloos, 1986; Vannucchi et al., 2012). The long-term strength of the subduc-
tion interface is thought to be influenced by sediments (Behr & Becker, 2018; Shreve & Cloos, 1986), sea-
mounts (Cloos & Shreve, 1988b; Vannucchi et al., 2012), the angle of subduction, and by fluids introduced 
by dewatering reactions (Vannucchi et al., 2012). The necessity of low-strength plate interfaces in subduc-
tion channels has been explored from different points of view in a range of studies (see e.g., De Franco 
et al., 2007; Sobolev & Brown, 2019, and references therein). In particular, Behr and Becker (2018) showed 
that the presence of sediments may lubricate the subduction interface resulting in an acceleration of the 
subducting plate. Lamb (2006) and Lamb and Davis (2003) argued for the role of sediments reducing the 
shear stresses along the southern Chilean portion of the Andean subduction zone and resulting in signifi-
cantly lower topographic relief than that of the sediment-starved northern Chilean area. Moreover, a wide 
range of seismic studies have identified a sedimentary channel unit of 1–8 km thickness along subduction 
zones (Eberhart-Phillips & Reyners, 1999; Oncken et al., 2003; Tsuru et al., 2002).

Here, we investigate factors controlling the evolution of active back-arc extension in Mediterranean style 
land-locked oceanic basin settings (Le Pichon, 1982). Many of the extensional back-arc basins in this region 
presently exhibit a thin mantle–lithosphere and high surface heat flow values. Before the initiation of back-
arc extension they were characterized by a slow convergence, driven by the African–European collision and 
a narrow oceanic basin overlain by a thick sedimentary cover (Jolivet & Faccenna, 2000; Le Pichon, 1982; Le 
Pichon et al., 1982) and flanked by continental domains (see Faccenna et al., 2014, and references therein). 
Such narrow oceanic basins can only produce a limited amount of slab-pull before their closure, making 
back-arc extension particularly difficult to achieve.

For example, the North Tyrrhenian Sea (Figure 1b (Diaferia et al., 2019; Doglioni et al., 1999; Piana Agost-
inetti & Faccenna, 2018) exhibits moderately thinned back-arc crust (20–30-km thick) in an approximately 
100-km-wide region adjacent to the subducting Adriatic slab. In contrast, the mantle–lithosphere of the 
backarc is extremely thinned with anomalously high Moho temperatures and P wave tomography sug-
gesting very thin to absent mantle–lithosphere (Diaferia et al., 2019; Di Stefano et al., 2009), while seismic 
receiver function analysis data point to an LAB depth of 60 km below the North Tyrrhenian basin (Miller 
& Piana Agostinetti, 2012).

Another Mediterranean back-arc basin, the Pannonian basin (Figure 1a) was formed during the rapid roll-
back of the Carpathian slab between 20 and 9  Ma (e.g., Balázs et  al.,  2016; Csontos et  al.,  1992; Fodor 
et  al.,  1999; Horváth et  al.,  2006; Matenco & Radivojević,  2012; Schmid et  al.,  2008). The slab imaged 
through seismic tomography below the East Carpathian Vrancea zone is approximately 500 km long. A 
peculiar feature of this backarc is the nonextensional Transylvanian basin in the eastern part Carpathian 
embayment (Ciulavu et al., 2001) of which the formation is poorly understood (Horváth et al., 2006). L. H. 
Royden et al. (1982) proposed that it was formed as a continental sag caused by the suction force exerted 
to the overriding plate by the Carpathian slab. The Transylvanian basin and the Apuseni Mountains that 
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separate it from the rest of the Pannonian basin have also experienced less thinning and have a markedly 
thicker lithospheric root.

In this study, we use two-dimensional numerical model experiments to investigate how overriding plate 
rheology and strength of the subduction interface affect the closure of narrow land-locked oceanic basins 
like the ones described above and the opening of back-arc extensional basins. In the models presented here, 
we vary the strength of the overriding plate mantle–lithosphere and explore the effect of the presence or 
absence of a weak subduction interface.

2.  Numerical Method
2.1.  Model Description

We use a modified version of the 2D finite element thermomechanical numerical model FANTOM 
(Thieulot, 2011; Wolf & Huismans, 2019). This code solves the Stokes equation coupled to the heat trans-
port equation in 2D, using the plane strain assumption where the mechanical and thermal systems are cou-
pled through temperature-dependent rheologies and densities and are solved sequentially for each model 
time step. In this latest version of the code adiabatic heating, temperature-dependent conductivity and 
P–T-dependent phase changes have been implemented. We model thermomechanically coupled, incom-
pressible viscous–plastic creeping flows. The densities of the modeled materials depend on temperature: 

        0 01T T T , with the thermal expansion coefficients α and the reference densities at tem-
perature T0 = 0°C given in Table 1. For mantle materials, the thermal expansion coefficients are P–T de-
pendent with a linear increase from 3 × 10−5 to 4 × 10−5 K−1 in the temperature range of 500–2,000 K and a 
linear decrease by a factor 1–0.5 from 0 to 45 GPa (Agrusta et al., 2017; Butler et al., 2015; Tosi et al., 2013). 
For the sublithospheric mantle, and the constant viscosity lower mantle, in order to mimic active mantle 
convection at high Nusselt number, the conductivity linearly increases from 2.25 to 52.0 W m−1 K−1 in the 
temperature range of 1,335°C–1,345°C. This approach has been widely used in subduction as well as rift 
modeling studies (Butler & Beaumont, 2017; Pysklywec & Beaumont, 2004; Tetreault & Buiter, 2012; War-
ren et al., 2008) as it prevents secular cooling of the model domain while maintaining a constant vertical 
heat flux at the base of the lithosphere and keeping the mantle close to the adiabatic gradient.

When stress is below yield, deformation occurs by viscous flow and follows temperature-dependent nonlin-
ear power law rheologies. The effective viscosity ηeff is specified as

     
  

 
 1 /21/

eff II expn nn Q VpfA
nRT

� (1)
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Figure 1.  (a) Lithospheric scale cross section in over the Dinarides–Pannonian basin–Apuseni Mountains–Transylvanian basin–East Carpathians edited 
after Balázs et al. (2016). (b) Lithospheric scale cross section along the CROP-3 transect in the North Tyrrhenian Sea edited after Faccenna et al. (2001), Piana 
Agostinetti and Faccenna (2018), and Doglioni et al. (1999). The LAB was drawn based on Suhadolc et al. (1990). (c) Map showing the traces of the presented 
cross sections, edited from Balázs et al. (2016).
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where A is the pre-exponential scaling factor, n is the power law exponent, II is the second invariant of 
the deviatoric strain-rate tensor, Q is the activation energy, V is the activation volume, p is the pressure, 
T is the temperature, and R is the universal gas constant. Values for the parameters A, n, Q, and V are 
based on laboratory measurements carried out on “wet” olivine, “wet” quartzite, and dry Maryland di-
abase (Gleason & Tullis, 1995; Karato & Wu, 1993; Mackwell et al., 1998). Values used for the modeled 
materials are given in Table 1. The effective viscosity of quartz-dominated rocks is characterized by large 
uncertainties due to compositional differences (Huismans & Beaumont, 2011) while laboratory data show 
that water-saturated olivine is 5–20 times weaker than dehydrated olivine at the same strain rate (Hirth & 
Kohlstedt, 1996; Karato & Wu, 1993). We use a scaling factor (f) to approximate the effect of variations in 
volatile content and potential changes in strength due to minor compositional variations (e.g., Beaumont 
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Units

Materials

Sediment 
cover

Continental plate Oceanic plate Asthenosphere

Upper 
crust 
(pro)

Lower 
crust

Mantle–
lithosphere Crust

Mantle–
lithosphere

Eclogite 
from 

sediment

Eclogite 
from 
crust

Sublithospheric 
mantle

Lower 
mantle

Slab in 
the lower 

mantle

Mechanical parameters

Thickness 
(km)

4 (0 or 2)a 24 12 84 9 (7)b 71 – – 536 (580)c 740 –

ρ0 (kg m−3) 2,800 2,800 3,000 3,380 
(3,360)d

2,900 3,380 
(3,365)e

3,365 3,380 3,380 3,630 3,630

φ–φsw (°) 8–2 15–2 15–2 15–2 7–1 15–2 15–2 15–2 15–2 – 15–2

C–Csw (Pa) 2 × 107 
to 4 × 

106

2 × 107 2 × 107 2 × 107 2 × 107 2 × 107 2 × 107 
to 4 × 

106

2 × 107 2 × 107 – 2 × 107

Flow law WQ1 WQ1 DMD2 WO3 DMD2 WO3 WQ1 DMD2 WO3 – WO3

scaling factor 1 1 (5)f 0.1 5 (0.2)g 0.1 5 0.5 0.1 1 – 5

A (Pa−n s−1) 8.574 × 
10−28

8.574 × 
10−28

5.78 × 
10−27

1.76 × 
10−14

5.78 × 
10−27

1.76 × 
10−14

8.574 × 
10−28

5.78 × 
10−27

1.76 × 10−14 – 1.76 × 
10−14

Q (J mol−1) 2.228 × 
105

2.228 × 
105

4.85 × 
105

4.3 × 105 4.85 × 
105

4.3 × 105 2.228 × 
105

4.85 × 
105

4.3 × 105 – 4.3 × 105

N 4 4 4.7 3 4.7 3 4 4.7 3 – 3

V (m3 mol−1) 0 0 0 1.1 × 10−5 0 1.1 × 10−5 0 0 1.1 × 10−5 – 1.1 × 10−5

Thermal parameters

cp (m2 K−1 s−2) 750 750 750 1,250 750 1,250 750 750 1,250 1,250 1,250

k (W m−1 K−1) 2.25 2.25 2.25 2.25 2.25 2.25 2.25 2.25 2.25–52.0 2.25–52.0 2.25

α (K−1) 3 × 10−5 3 × 10−5 3 × 10−5 3 × 10−5 
to 4 × 
10−5

3 × 10−5 3 × 10−5 
to 4 × 
10−5

3 × 10−5 3 × 10−5 3 × 10−5 to 4 × 
10−5

3 × 10−5 
to 4 × 
10−5

3 × 10−5 
to 4 × 
10−5

H (μW m−3) 1.1 × 10−6 1.1 × 10−6 5 × 10−7 0 0 0 0 0 0 0 0

η range 1019 to 1027 2 × 1021 1019 to 
1027

Note. WQ, wet quartz flow law described by Gleason and Tullis (1995); DMD, dry Maryland diabase flow law described by Mackwell et al. (1998); WO, wet 
olivine flow law described by Karato and Wu (1993).
aValue in parentheses shows the thickness of sediments on top of the oceanic crust. bValue in parentheses shows the thickness of oceanic crust in the presence 
of a sedimentary layer on top of it. cValue in parentheses shows the thickness of the sublithospheric mantle under the undeformed oceanic lithosphere. dValue 
in parentheses shows the density of the depleted layer of continental mantle–lithosphere. eValue in parentheses shows the density of the depleted layer of 
oceanic mantle–lithosphere. fValue in parentheses shows the value of the scaling factor applied for the procontinental upper crust (see text for details). gValue 
in parentheses shows the scaling factor applied for the weakened portion of the continental mantle–lithosphere.

Table 1 
Material Properties



Tectonics

et al., 2006). The dry Maryland diabase rheology of the continental lower crust and oceanic crust is scaled 
downward (f = 0.1), as the laboratory diabase was drier, and consequently stronger, than typical lower crust 
(e.g., Currie et al., 2008).

Frictional-plastic yielding is modeled with a pressure-dependent Drucker–Prager yield criterion, equivalent 
to the Coulomb yield criterion in two dimensions. Yielding occurs when

     
1/2

2 eff effsin cosJ p C� (2)

where 2J  is the second invariant of the deviatoric stress, eff is the effective internal angle of friction (that 
includes the effect of pore-fluid pressure), and C is cohesion. With appropriate choice of C and eff, this 
yield criterion approximates the effect of pore-fluid pressure and frictional sliding in rocks. Mechanisms 
such as fluid-pressure variations (Sibson, 1990), grain-size reduction, and mineral transformations (Bos & 
Spiers, 2002) may reduce the frictional strength. The effect of these frictional-plastic strain-softening mech-
anisms is introduced into the model through a linear decrease of the internal angle of friction from 15° to 
2° and—for the sedimentary layers—a simultaneous decrease of cohesion from 20 to 4 MPa as the second 
invariant of deviatoric strain varies from 0.4 to 1.4 (Figure 1b). We note that     eff 15  corresponds to the 
effective friction angle when the pore-fluid pressure is approximately hydrostatic.

2.2.  Initial and Boundary Conditions

The initial temperature field is defined uniformly for the continental and the oceanic domains. We use 
this to avoid artificially high-temperature gradients that would appear at the transition from the warmer 
oceanic lithosphere to the colder continental lithosphere. The initial temperature profile increases with 
depth from the surface (  0 0 CT ) to the base of the crust (  m 550 CT ), and to the base of the lithosphere  
(  lab 1,330 CT ) from where it adiabatically increases to the base of the model domain (  base 1,850 CT ). The 
bottom and surface boundaries are kept at a constant temperature, while the side boundaries are thermally 
insulated.

Velocity boundary conditions are imposed on both sides of the model with initially a constant convergence 
velocity (vconv = 5 cm year−1) imposed on the lithosphere on the left side of the model while the right side 
is kept fixed. After 6 Myr, this convergence velocity is reduced to vconv = 1 cm year−1. The initial 5 cm year−1 
value allows for the development of a slab that can exert a pulling force on the oceanic lithosphere. Finally, 
for each individual model experiment, vconv = 0 cm year−1 is set after the oceanic basin is fully consumed, to 
mimic a soft docking, where the far-field forcing is diminished in sync with the start of collision. The time 
of this transition varies from model to model: the shortest convergence period is 10 Myr in case of Model 
4 while the longest is 31 Myr in case of Models 1 and 3. This setup allows us to focus on the precollisional 
evolution of these arc–back-arc systems.

The velocities in the sublithospheric upper mantle are defined so that the material influx and outflux 
through the lateral boundaries are in balance at any given time. In the constant viscosity lower mantle, the 
side boundaries are closed. At the base of the model, a free-slip condition is imposed. There is no materi-
al-transport through this boundary. In order to restrict the effects of the slab's interference with the bottom 
boundary of the model, the slab is arbitrarily transformed into lower-mantle material at 1,300 km depth. 
The use of the arbitrary Lagrangian–Eulerian grid-setup allows for a free-surface at the top of the model.

2.3.  Model Setup

Inspired by the Mediterranean style land-locked oceanic basins (e.g., Le Pichon, 1982), the model is repre-
sented by an oceanic plate enclosed by two continental plates (Figure 2). The model domain is 3,000-km 
wide and 1,400-km deep, so that the modeled lithospheric plates sit on top of an adiabatic upper mantle and 
a linear-viscous lower mantle. The lithospheric domain is divided in the middle by a boundary dipping 45° 
to the right. At this divide, the model is seeded with an inclined, strain-weakened oceanic crustal domain 
underneath the retrocontinent to allow for initiation of oceanic subduction.

The oceanic lithosphere is 500-km wide and is bounded by a narrow, steeply dipping passive continental 
margin. The continental domain on the left side of the model is considered the procontinent and consists of 
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a 24-km-thick upper crust, a 12-km-thick lower crust, and an 84-km-thick continental lithospheric mantle. 
The continental domain on the right side of the model is the retrocontinent and has the same material setup 
as the procontinent but the top 4 km of the upper crust is made up of a weaker layer representing sediments. 
The upper crust of the procontinent is 5 times stronger than that of the retrocontinent in order to prevent 
the front-end of the procontinent from being wrenched off by the fully subducted slab.

The oceanic domain consists of a 9-km-thick oceanic crust and a 71-km-thick oceanic lithospheric mantle 
of which the top 60 km is 15 kg m−3 depleted. In the second set of models, the top 2 km of the oceanic 
crust is replaced by a sedimentary layer. With this rheological parametrization, the subducting oceanic 
lithosphere has a mild negative buoyancy in the constant viscosity lower mantle, but the arising force is 
balanced by the higher viscous drag. Hence, when the slab-pull force is calculated we only take into account 
the portion of the slab that is in the upper mantle.

Underneath the lithospheric mantle, a sublithospheric mantle extends to 660 km depth. The bottom layer 
of the model is a constant viscosity lower mantle. The specific material properties for each material can be 
found in Table 1.

Upon reaching the right temperature–pressure conditions, the oceanic crust and—if present—the oce-
anic sediments are automatically transformed into eclogite (Hacker, 1996). Eclogite has the same viscous 
flow law as the oceanic crust but a different density. In order to keep the models simple, we assume that 
sediments obtain a higher, metamorphic density when entering the eclogite stability field. All slab and 
mantle materials are subject to a reversible phase change at the 660-km discontinuity, corresponding to 
the breakdown of ringwoodite to bridgemanite and magnesiowüstite (see discussion in Billen [2010] and 
Goes et al.  [2017]). For simplicity, all the different materials that make up the slab are converted to one 
lower-mantle slab material, which has the viscous flow law of the oceanic lithosphere. The phase changes 
do not account for latent heat and are not mass conserving and capture the first-order effects of important 
metamorphic phase changes (Wolf & Huismans, 2019).

The Eulerian grid consists of 1,250 cells in the horizontal direction (giving a resolution of 2.4 km) and 257 
cells in the vertical direction. The vertical resolution is irregular, with 127 elements covering the bottom 
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Figure 2.  Numerical model design, showing (1) the experimental layout, (2) the velocity boundary conditions, (3) the strain-softening rules, (4) the initial 
temperature field, and (5) the initial strength profiles. The legend identifies the different material types used. For the material properties, of each material type, 
see Table 1.
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1,270 km of the model (giving a vertical resolution of 10 km), while the remaining 130 elements located in 
the top 130 km of the model (giving a vertical resolution of 1 km). The grid refinement was used to increase 
the resolution in the lithosphere but attain a reasonable computation time.

2.4.  Post Processing

We discuss the results of our models using force-balance arguments. For each model, we calculate and 
present the time-evolution of the slab-pull force and the far-field forcing.

The slab-pull force results from the negative buoyancy of the downgoing slab relative to its surroundings. 
We calculate the evolving slab-pull force in the models by tracking the cells containing the slab in the 135–
660-km depth range at each time step. We take a reference density profile of this depth range at the left side 
boundary and for each cell containing slab material (i.e., sediment, oceanic crust, oceanic and continental 
lithosphere, and serpentinites), we calculate the density difference from the reference density profile at its 
corresponding depth and then integrate the resulting density difference (multiplied by the gravitational 
constant).

The far-field forcing on each side is calculated by integrating the horizontal deviatoric stress in the lith-
osphere at the edges of the model domain. For each cell containing lithospheric material, we track the 
effective viscosity and horizontal component of the strain-rate tensor and calculate the local horizontal 
deviatoric stress as   eff2xx xxe  before integrating with depth.

3.  Results
Here, we present two sets of numerical experiments with three models each. In both sets, the rheology 
of the retrocontinental mantle–lithosphere is varied in the same manner (i.e., uniformly strong; 600-km-
wide weak zone adjacent to subduction zone; 600-km-wide weak zone 300 km away from the subduction 
zone). The difference between the model sets is the presence (in set 2) of a 2-km-thick low-strength, cohe-
sion-weakening sedimentary layer on top of the oceanic lithosphere.

3.1.  Model 1: Reference Model

The reference model (Figure 3, Supporting information Figure S1, and Supporting information Animation 
1) has a uniformly strong back-arc lithospheric mantle. In this model, the oceanic domain subducts in a sta-
ble manner as the retrocontinent remains undeformed throughout the entire model run. The oceanic basin 
is closed by about 25 Myr, when the upper crust of the procontinent enters the subduction channel. The 
convergence is stopped at 31 Myr to achieve soft docking. At this point, the oceanic slab is hanging vertically 
in the sublithospheric mantle (Figure 3a). Subsequently, the slab weakens as it heats up conductively and 
eventually breaks off in two phases; first, at 52.5 Myr model time at about 375 km depth (Figure 3b) and 
then at around 76 Myr model time at 200 km depth (Figure 3c).

The evolution of the slab-pull force and the tectonic forcing on the two side boundaries (approximated by 
the cumulative shear-stress on the sides of the lithosphere) is tracked in Figure 3d. Initially, the slab-pull 
force builds up rapidly until the convergence is slowed down at 6 Myr. From here on the buildup is slower 
until the convergence is fully stopped at 31 Myr (at value of 1.5 × 1013 N m−1). After this point, the gradual 
conductive heating of the slab reduces its negative buoyancy while the two slab break-off events eventually 
reduce its value to zero.

Tracking the forces on the side boundary also shows us how the fixed velocity boundaries drive the model 
initially before the slab-pull force takes over at around 6 Myr model time (at the time the tectonic forcing 
curves cross from the compressional to the tensional domain). Their values remain relatively stable at ap-
proximately 0.2 × 1012 N m−1 until the convergence is stopped. At this point, the boundary force magnitudes 
increase to approximately 0.25 × 1012 N m−1 to compensate for the loss of the driving force from the sides 
and then slowly diminish with the decrease of slab-pull force until they finally reach a value near zero at 
the first slab break-off event.
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The above described force plot clearly shows that even though the slab-pull force becomes dominant ear-
ly on, the tensional force transferred to the right edge of the model (black dashed-dotted line) stays low 
(<3 × 1012 N m−1) throughout the model run (Figure 3d). The tensional force never becomes high enough 
to overcome the integrated strength of the backarc (∼8.5 × 1012 N m−1).

3.2.  Model 2: Weak Backarc

In Model 2, the retrocontinental mantle–lithosphere is modified, so that a 600-km-wide zone immediately 
behind the subduction interface is weakened by a factor of 20 (Figure 4, Supporting information Figure S2, 
and Supporting information Animation 2). Note that the weakening is only applied after 2 Myr so it does 
not interfere with the subduction initiation phase.

The difference from the behavior observed in the reference model is pronounced, as the back-arc man-
tle–lithosphere is removed both convectively and ablatively. This rapid thinning of the backarc weakens 
the lithosphere, and eventually the pull, exerted by the retreating slab overcomes the strength of the retro-
continent. The back-arc crust starts extending in a pure-shear mode (i.e., in a vertically quasi homogenous 
manner) around 10 Myr (when the tip of the slab is at about 420 km depth; Figure 4a) and the system 
reaches back-arc breakup by 13 Myr. The rollback of the subducting plate driven by slab-pull results in the 
consumption of the entire oceanic basin by the time of full crustal breakup in the backarc. To achieve soft 
docking, the convergence is stopped at 13 Myr model time (Figure 4b).

Full lithospheric breakup—represented by a mildly asymmetric rift—occurs approximately 200 km behind 
the subduction zone. After breakup, the portion of the backarc still attached to the overriding plate stops 
extending (apart from the continued convective removal of its mantle–lithosphere) while the portion sep-
arated by the rift from the rest of the overriding plate collides with the incoming procontinent, moving 
approximately 140 km in 0.7 Myr. The drift of this arc gradually slows down and eventually stops entirely 
by 15.7 Myr (see Supporting information Animation 2). At this point, the entire initial oceanic basin is sub-
ducted with upper-crustal material filling out the subduction channel. Behind the arc sits an approximately 
180-km-wide oceanic rift-basin. The oceanic slab breaks off around 17.3 Myr (Figure 4c). The leading edge 
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Figure 3.  Reference model (Model 1) showing clean subduction and no back-arc deformation. (a–c) Material colors (see Figure 1 and legend there) of key 
time steps, with isotherms (red lines: 420°C, 550°C, 900°C, and 1,330°C) and advection velocities (gray arrows; lengths scale with velocities). (d) Driving force 
estimates throughout the model run.
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of the procontinent and the approximately 200-km-wide lithospheric block that has been rifted off the over-
riding plate experiences a rapid phase of uplift and retrograde drift, moving toward the stable overriding 
domain (see inset of Figure 4c).

Like in Model 1, the evolution of the driving forces through the experiment is presented in Figure 4d. The 
slab-pull force builds up relatively fast to a value of 1 × 1013 N m−1 by the time the imposed convergence ve-
locity is lowered to 1 cm year−1. From here on, the slab-pull builds up slowly but when it reaches a value of 
approximately 1.2 × 1013 N m−1 at around 10 Myr the backarc starts extending. This allows for the slab to roll 
back and the slab-pull force to build up increasingly fast, especially after the convergence is stopped at 13 
Myr. The slab-pull force reaches a plateau at a value of 2.5 × 1013 N m−1 before the slab breaks off. The stress-
es measured on the sides of the model show that initially a significant far-field force (up to 5 × 1012 N m−1 in 
the compressional domain) is required to drive the convergence before the slab-pull starts dominating the 
system already at 4 Myr model time. The stresses measured along the side boundaries stabilize at around 
4.5 × 1012 N m−1 before the right boundary force drops down to a value around zero at 13 Myr while the 
left boundary force increases to approximately 7 × 1012 N m−1. This divergence coincides with the back-arc 
rifting. Finally, the left boundary force also drops to zero around the time the slab breaks off.

3.3.  Model 3: Weak Distal Backarc

In Model 3, the back-arc lithospheric mantle is weakened in a 600-km-wide zone, but 300 km away from the 
subduction interface (Figure 5, Supporting information Figure S3, and Supporting information Animation 
3). Weakening is only applied after 2 Myr so it does not interfere with the subduction initiation phase.

Similarly to Model 2, the weakened mantle–lithosphere is progressively removed in a convective manner 
(Figure 5a). However, there is no significant ablative removal of the weak mantle–lithosphere as it is not 
in direct contact with the subducting slab. Mantle wedge lithospheric thinning is limited, and the length 
of the subduction interface (measured from the trench to the LAB) remains virtually constant throughout 
the model run. Even though the weak portion of the back-arc lithospheric mantle is thinned and the conti-
nental crust on top experiences corresponding heating up (Moho temperature exceeding 750°C) there is no 
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Figure 4.  Weak back-arc model (Model 2) showing back-arc spreading. (a–c) Material colors (see Figure 1 and legend there) of key time steps, with isotherms 
(red lines: 420°C, 550°C, 900°C, and 1,330°C) and advection velocities (gray arrows; lengths scale with velocities). (d) Driving force estimates throughout the 
model run.
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back-arc breakup and no trench retreat. The continental crust above the weak domain in the retrocontinent 
is remarkably free of internal deformation.

The convergence is stopped at 31 Myr and by this time the oceanic lithospheric slab is in a vertical position 
below the procontinent (Figure 5b). Finally, at around 57.3 Myr model time, the slab breaks off at 300 km 
depth (Figure 5c).

The evolution of the driving forces is plotted in Figure 5d. The evolution of the slab-pull force is largely 
identical to that of Model 1 (Figure 3d; note the different time scale). The low values of the left boundary 
force are also concordant with the values observed in Model 1 suggesting a similar balance between the 
far-field forcing provided by the constant velocity boundary condition and the slab-pull force. The near zero 
values of the forces measured along the right-hand side boundary of the model infer a system where there 
is almost no force left to be transferred to the backarc, even though the strength of the overriding plate is 
significantly lowered by the convective removal of its mantle–lithosphere (Figure 5d).

3.4.  Model 4: Strong Backarc and Weak Plate Interface

Set 2 (Models 4–6) consists of the same three model setup as in set 1 (Models 1–3), but instead of a 9-km-
thick oceanic crust, the top of the oceanic domain comprises a 2-km-thick, weak sedimentary layer overly-
ing a 7-km-thick oceanic crust.

The presence of the oceanic sedimentary layer weakens coupling at the subduction interface between the 
oceanic lithosphere and the overriding plate. In case of a strong back-arc lithosphere (Model 4), this results 
in almost no discernible difference from the large-scale behavior observed in Model 1. The oceanic domain 
is subducted without major deformation of the overriding plate (Figure  6, Supporting information Fig-
ure S4, and Supporting information Animation 4) before the soft docking of the incoming continent at 31 
Myr model time (Figure 6a). This is followed by a similar two-phase slab break-off as observed in Model 1.

The evolution of the driving forces is plotted in Figure 6d. The evolution of the slab-pull force is largely iden-
tical to that of Model 1 (Figure 3d). The evolution of the tectonic forcing measured on the side boundaries 
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Figure 5.  Weak distal back-arc model (Model 3) showing back-arc thinning without crustal breakup. (a–c) Material colors (see Figure 1 and legend there) of 
key time steps, with isotherms (red lines: 420°C, 550°C, 900°C, and 1,330°C) and advection velocities (gray arrows; lengths scale with velocities). (d) Driving 
force estimates throughout the model run.
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is also similar, but the values reach up to 5 × 1012 N m−1 when the system is dominated by slab-pull. These 
increased values point to less energy dissipation along the slab interface. The high tensional force measured 
along the right boundary of the model also infers an efficient transfer of the slab-pull force into the overrid-
ing plate, but it is not enough to overcome the integrated strength of the overriding plate that remains high 
in the absence of convective thinning of its mantle–lithosphere.

3.5.  Model 5: Weak Backarc and Weak Plate Interface

Similarly, the model with a weakened back-arc zone adjacent to the subduction interface exhibits a largely 
identical behavior regardless of the presence (Model 5; Figure 7, Supporting information Figure S5, and 
Supporting information Animation 5) or absence (Model 2; Figure 4) of an oceanic sedimentary layer. In 
case of Model 5, however, the backarc starts extending significantly earlier, at around 6.6 Myr, when the slab 
reaches a depth of approximately 395 km (Figure 7a and Supporting information Animation 5), leading to 
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Figure 6.  Reference model with oceanic sediments (Model 4) showing clean subduction. (a) Material colors (see Figure 1 and legend there) of key time steps, 
with isotherms (red lines: 420°C, 550°C, 900°C, and 1,330°C) and advection velocities (gray arrows; lengths scale with velocities). (b) Driving force estimates 
throughout the model run.

Figure 7.  Weak back-arc model with oceanic sediments (Model 5) showing back-arc spreading. (a–c) Material colors (see Figure 1 and legend there) of key 
time steps, with isotherms (red lines: 420°C, 550°C, 900°C, and 1,330°C) and advection velocities (gray arrows; lengths scale with velocities). (d) Driving force 
estimates throughout the model run.
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full lithospheric breakup by 9.5 Myr rather than the 13 Myr observed in Model 2 (Figure 7b). Convergence 
is stopped already at 10 Myr as the oceanic basin is closed. Back-arc breakup occurs somewhat further away 
from the subduction zone, and the portion torn off of the overriding plate by the largely symmetrical rift 
is about 260-km wide. The rift reaches its maximum width of approximately 210 km by 12 Myr. At around 
13.4 Myr, the slab hanging in a subvertical position breaks off from the procontinent at the bottom of the 
lithosphere (Figure 7c).

The evolution of the driving forces is plotted in Figure 7d. The evolution of the slab-pull force is very similar 
to that of Model 2 (Figure 4d), but it reaches its peak value of 2.5 × 1013 N m−1 already at 10 Myr model 
time; 5 Myr earlier than Model 2. In this model, the backarc starts to extend earlier (at around 6.6 Myr) and 
the slab starts rolling back earlier as well. The evolution of the tectonic forces also resembles that of Model 
2 with similar values but with everything from the point where slab-pull starts dominating the system hap-
pening significantly earlier.

3.6.  Model 6: Weak Distal Backarc and Weak Plate Interface

The most notable difference between the corresponding models of the two sets can be observed in case of 
the distal weak zone experiments (Model 3 and Model 6). Model 6 that includes oceanic sediments exhibits 
back-arc extension (Figure 8, Supporting information Figure S6, and Supporting information Animation 6), 
whereas Model 3 does not.

Distributed extension of the overriding plate starts around 10 Myr (as the slab reaches around 400  km 
depth; Figure 8a) and is followed by localized back-arc breakup around 18.3 Myr, when a discrete, sym-
metric continental rift is formed at the distal edge of the weak zone (Figure 8b). Even though convergence 
is stopped, and the initial oceanic basin is fully subducted at 19 Myr, there is some continued convergence 
between the now static proplate and the arc block. The continued extension in the back-arc region results 
in the formation of an approximately 200-km-wide rift at around 24 Myr (see Supporting information An-
imation 6).
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Figure 8.  Model with weak distal backarc and oceanic sediments (Model 6) showing distal back-arc breakup. (a–c) Material colors (see Figure 1 and legend 
there) of key time steps, with isotherms (red lines: 420°C, 550°C, 900°C, and 1,330°C) and advection velocities (gray arrows; lengths scale with velocities). (d) 
Driving force estimates throughout the model run.
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Soft docking is followed by a period during which the slab gradually retreats further below the procontinent, 
slowly exposing the subduction interface to the asthenosphere (see Supporting information Animation 6). 
Finally, at around 36 Myr model time, the slab breaks off at the base of the lithosphere, triggering rapid 
uplift, retrograde drift of the arc region, and closing of the back-arc basin (see Figure 8c).

The evolution of the driving forces is plotted in Figure 8d. In this model, slab-pull starts dominating the 
system at approximately 5 Myr model time (Figure 8d). Unlike in case of Model 3, where the tensional 
forces measured on the boundaries remain close to zero, the same forces here reach values around 3–4 × 
1012 N m−1. These increased values point to less energy dissipation along the slab interface. The high ten-
sional forces measured along the right boundary infer an efficient transfer of the slab-pull force into the 
overriding plate, which is key in overcoming the decreasing integrated strength of the backarc. Unlike in 
Model 3, here the backarc starts extending at around 13 Myr model time, allowing for the slab to roll back 
and the slab-pull force to reaches a peak value of 2 × 1013 N m−1 approximately 2 Myr after the convergence 
is stopped, as the slab reaches a near vertical position. From this point onwards, the slab-pull gradually 
decreases as the slab heats up before it breaks off at approximately 36 Myr. When the breakup occurs at 
around 18.3 Myr the tectonic forcing on the right boundary drops to a near zero value inferring a decoupling 
between the two sides of the system. The boundary force measured along the left side boundary remains in 
the region of 5 × 1012 N m−1 until the slab breaks off showing how the plate is still being pulled-on by the 
vertically hanging slab.

3.7.  Lithospheric Thinning and Surface Heat Flow Density

We have tracked the average depth of the 1,200°C isotherm and calculated pre-breakup surface heat flow 
density profiles along the back-arc region for five of the presented models (Models 1 and 4 produce stable 
subduction without back-arc thinning, hence their heat flow density and isothermal depth profiles are al-
most identical; see Supporting information Figure S7).

When the convective thinning of the back-arc mantle–lithosphere is absent (Model 1) the surface heat flow 
density remains stable along the backarc at a value of approximately 52 mW m−2, while the depth of the 
1,200°C deepens very gradually (approximately 3 km in 40 Myr) owing to secular cooling of the model.

Model 3 is the only model that produces back-arc thinning (in the weakened distal zone) but no lithosphere 
breakup. This results in slightly elevated surface heat flow density values along the weak portion of the 
backarc (55–57 mW m−2), while the average depth of the 1,200°C isotherm is advected up to a depth of 
approximately 65 km by the time the oceanic basin is consumed.

For models that result in lithosphere breakup (Models 2, 5, and 6), the pre-breakup surface heat flow density 
profiles vary widely with moderately elevated values (57–60 mW m−2) away from the crustal necking zone 
and elevated (67–77 mW m−2) values around the necking zones. Model 5 is an exception with a second zone 
of lithosphere thinning at the distal end of the weak backarc which results in a second zone of strongly 
elevated surface heat flow density. The average depth of the 1,200°C isotherm is in the order of 70 km for all 
three models and is only mildly modified after lithosphere breakup. Note that the average isothermal depth 
of Model 6 is influenced by the fact that part of the lithosphere necking and breakup zone falls within the 
computational window.

4.  Discussion
4.1.  Analysis of Forces Controlling Back-Arc Extension

We first discuss the main driving and resisting forces controlling the dynamics of the subduction arc–back-
arc system following earlier work (e.g., Forsyth & Uyeda, 1975; Wolf & Huismans, 2019). The main driving 
force in the system is the slab-pull force (Fsp), which results from the density difference between the sub-
ducting slab and the surrounding mantle. In the reference model, slab-pull increases with time and reaches 
a maximum of 1.5 × 1013 N m−1.
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A number of forces work against the slab-pull force. (1) Shear resistance at the interface ( ifF ) can be approx-
imated by its integrated frictional strength:

   2
if LAB eff LAB eff

1 sin cos
2

F gz Cz� (3)

The interface shear force depends on the length and the frictional strength of the interface. The long and 
strong interface of Models 1 and 3 results in a frictional interface strength ∼9.5 × 1012 N m−1, while cas-
es with convective lithosphere thinning at the interface (e.g., Model 2) and/or with subduction of weak 
sediments (Models 4–6) result in an interface strength as low as 2.5 × 1012 N m−1 for Model 5 where both 
sediment weakening and convective thinning combine. (2) The internal deformation of the slab through 
viscous bending ( bendF ) can be approximated by the following equation (Conrad & Hager, 1999; Funiciello 
et al., 2003):

 3 3
bend conv eff /F v h r� (4)

where vconv, μeff, h, and r are the convergence velocity, the viscosity, the thickness, and the radius of curvature 
of the slab, respectively. For a very similar modeling setup, Wolf and Huismans (2019) estimated bendF  in the 
order of 5 × 1011 to 5 × 1012 N m−1. (3) The resisting force arising from the buoyancy related to the upper- to 
lower-mantle phase transition (F660) is estimated to be in the order of 2–4 × 1012 N m−1 when the slab passes 
straight through the phase transition (Wolf & Huismans, 2019). However, this force will have very little 
impact on the models presented here as the oceanic lithosphere is consumed by the time its tip reaches the 
phase transition. (4) Viscous drag along the surface of the slab in the mantle ( vdF ) is estimated in our models 
following Billen (2008) (see also Wolf & Huismans, 2019) using:

 conv
vd ml

2 v
F µ L

w
� (5)

where convergence velocity is convv  ∼ 5 cm year−1, viscosity of the mantle is μml = 1 × 1019 to 1 × 1020 Pa s, 
length of the slab is L = 600 km, and the length scale for the boundary layer accommodating the shear is 
w = 100 km (after Billen, 2008). These values lead to a viscous drag force along the slab of approximately 
2 × 1011 N m−1, very small compared to slab-pull. (5) The integrated strength of the overriding plate is also 
there to resist the portion of the slab-pull force transmitted into the plate. Here, it is calculated as a depth 
integral of the minimum of the plastic yield stress and the viscous yield stress. For a strong overriding plate 
rheology, its value is stable at approximately 8.5 × 1012 N m−1. For a weak back-arc setup, the initial strength 
is approximately 4 × 1012 N m−1 but as the mantle–lithosphere gets convectively removed this value decreas-
es to as low as 1 × 1012 N m−1 (e.g., by the end of Model 3).

These estimates suggest that the net available driving force for back-arc extension is given by slab-pull force, 
Fsp, modulated by the subduction interface force, Fif, here Fsp − Fif ∼ 5 × 1012 N m−1. For the reference mod-
el, this is insufficient to overcome the integrated strength of the overriding plate. However, in cases with 
convective removal of back-arc mantle–lithosphere, the available driving force is sufficient to overcome the 
reduced integrated strength of the overriding plate. Similarly, cases of reduced interface resistance lead to 
an increase of the net driving force available for overriding plate extension.

Some previous numerical modeling studies suggest that viscous drag along the base of the overriding 
plate lithosphere controls the back-arc stress field (e.g., Capitanio et al., 2011; Dal Zilio et al., 2018; Holt 
et al., 2015; Sleep & Toksoz, 1971; Suchoy et al., 2021). The basal drag force in our models is following Bil-
len (2008) approximated by

 diff
bd ml op

2 v
F µ L

w
� (6)

where vdiff ∼ 5 cm year−1 is the velocity difference between overriding plate and the underlying mantle, 
μml ∼ 1 × 1019 to 1 × 1020 Pa s the viscosity of the upper mantle at the LAB, Lop ∼ 1,500 km the width of the 
overriding plate, and the same length scale related to the velocity difference that was used for estimating vdF  
( opL  = 100 km; after Billen, 2008). With these numbers, the viscous drag force is in the range of 1.5 × 1011 
to 1.5 × 1012 N  m−1. Compared to the estimates of slab-pull and interface resistance, viscous drag is thus 
unlikely to play a critical role influencing the back-arc stress field in our models. It should be noted that with 
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higher viscosities in the sublithospheric mantle and larger plates, viscous drag can become a significant 
actor (e.g., Dal Zilio et al., 2018; Suchoy et al., 2021).

In order to evaluate the transfer of slab-pull into the overriding plate, we have run two additional models 
with convergence velocity vconv  =  5  cm  year−1 and no incoming continent (see Supporting information 
Model Animations S1 and S2). In Model S1, we use the same oceanic lithosphere as in models above while 
in Model S2 the depleted part of the oceanic lithosphere is replaced with nondepleted higher density ma-
terial. Model S2 results in an increased slab-pull force transmitted to the overriding plate. In both models, 
the peak tension on the right edge of the overriding plate is reached at around 10–12 Myr with a peak value 
of approximately 5.8 × 1012 N m−1 for S1 and 7 × 1012 N m−1 for S2 before the slab penetrates the 660 km 
phase transition zone. The models reach quasi steady state subduction after 35 Myr (Figure 9). At 40 Myr, 
the slab-pull in Model S2 with denser oceanic lithosphere is 3.3 × 1012 N m−1 higher compared to Model 
S1, corresponding to a tensional force on the side boundary in Model S2 that is of 1.6 × 1012 N m−1 higher 
compared to Model S1 (Figure 9). That a change in slab-pull leads to a corresponding change in tension in 
the overlying plate demonstrates that a significant portion of the slab-pull force is transmitted through the 
interface.

We closely examine the stress field of the overriding plate lithosphere of Model S1 (Figure 10). The depth-in-
tegrated horizontal deviatoric stress (a proxy for the horizontal force) is constant at 1.8 × 1012 N m−1 and 
tensional for most of the overriding plate (Figure 10a). The horizontal force only becomes compressional 
within a short distance to the subduction zone (Figure 10a) as also shown by the distribution of the hori-
zontal deviatoric stress field (Figure 10b) with compressional stresses only locally present in the arc region. 
We computed the smallest principal deviatoric stress component, τ3, which is dominantly horizontal in the 
overriding plate (Figure 10c). However, in the vicinity of the subduction zone, the stress-pattern becomes 
increasingly complex with prominent rotation of τ3 to a direction perpendicular to the subduction interface. 
The deformation in the area above the subduction zone is affected both by downward bending and by shear-
ing along the subduction interface. The rotation of the principal stress directions, overall compressional 
stresses, and downwarping of the overriding plate in the vicinity of the subduction zone are a result of local 
shearing along the interface and downward bending of the overriding plate resulting from the slab pulling 
down in a vertical direction. The length scale of the transition from a tensional to a compressional stress 
state and the near-absence of deviatoric stresses along the base of the overlying plate lithosphere support 
our inference that viscous basal drag plays a negligible role in shaping the stress field of the overriding plate 
in our experiments. The tensional stress state in the overriding plate in our experiments is mainly controlled 
by the slab-pull force transmitted through the subduction interface.
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Figure 9.  Variation of slab-pull force and tectonic boundary forces over time calculated for the Supporting information Models S1 and S2. The vertical dashed 
line at 40 Myr years marks where we have taken representative values presented in the text.
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4.2.  Analysis of Model Behavior

The implications of our results and force-balance analysis can be best understood in the context of the main 
driving and resisting forces for subduction and back-arc extension. Slab-pull is the primary factor driving 
subduction and back-arc extension in our models, while back-arc lithosphere-integrated strength and shear 
resistance of the subduction interface are the primary factors resisting back-arc extension. We summarize 
below in four contrasting cases how these factors interact and control the existence of back-arc extension.

In Case 1, the slab-pull is never sufficiently high to overcome the combined effect of the high integrated 
strength of the unperturbed backarc and the high frictional strength of the subduction interface (Figure 11) 
resulting in stable long-term subduction. Model 1 with Fsp ∼ 1.5 × 1013 N m−1, interface resistance Fif ∼ 
9.5 × 1012 N m−1, and overlying plate strength Fis ∼ 8.5 × 1012 N m−1 provides an example of Case 1 behavior, 
with Fsp < Fif + Fis.

In Case 2, the slab-pull is similar to Case 1, while the integrated strength of the backarc diminishes with 
the convective removal of its mantle–lithosphere. The resulting corner flow also reduces the length of the 
interface, effectively reducing its integrated strength and the energy dissipated along it (Figure 11). As a re-
sult, the slab-pull force is now sufficient to overcome the reduced back-arc strength, resulting in overriding 
plate extension and trench retreat. Model 2 with Fsp ∼ 1.2 × 1013 N m−1, a reduced interface resistance Fif ∼ 
4 × 1012 N m−1, and overlying plate strength Fis ∼ 3.5 × 1012 N m−1 (at the onset of extension) provides an 
example of Case 2 behavior, with Fsp > Fif + Fis.

In Case 3, a strong mantle–lithospheric block separates the subduction interface from the weak backarc. 
Buildup of the slab-pull force and the decrease in the integrated strength of the backarc is very similar to 
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Figure 10.  Stress state of the overriding plate lithosphere of Model S1 at 17 Myr. (a) Integrated horizontal deviatoric stress in the overriding plate. When the 
curve is in the red (positive) domain the overall horizontal deviatoric stress field is tensional while when the curve is in the blue (negative) domain the overall 
horizontal deviatoric stress field is compressional. (b) Selected isotherms (black lines; contour labels in C°) and the horizontal deviatoric stress field (τxx) plotted 
on top of the black and white material plot. Positive values (red) correspond to tension while negative values (blue) correspond to compression. (c) Extract of 
the horizontal deviatoric stress field (τxx) overlain by the minimum principal stress component (τ3). The length of the bars represents the local magnitude, while 
the direction of the bars represents the local orientation of the minimum principal stress component. Note the different scale between (b) and (c).
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that of Case 2, but the subduction interface remains long and strong, hence the energy dissipation along it 
remains significant. In this scenario, the slab-pull is insufficient to overcome the combined effect of the low 
integrated strength of the backarc and the high-energy dissipation along the interface. This case is illustrat-
ed by Model 3 that even though its back-arc lithosphere is weakened to Fis ∼ 3.5 × 1012 N m−1 (at the time 
of maximum slab-pull: Fsp ∼ 1 × 1013 N m−1), slab-pull cannot overcome the combined effects of interface 
(Fif ∼ 9.5 × 1012 N m−1) and overlying plate strength, for example, Fsp < Fif + Fis. As a result, there is no 
back-arc extension in the corresponding model.

Case 4 presents a scenario in which the length of the interface remains constant through time, but the 
strength of the interface is reduced as weak sediments subduct on top of the oceanic plate. In this scenario, 
the gradually increasing slab-pull becomes high enough over time, to overcome the combined strength of 
the weak subduction interface and the gradually decreasing strength of the convectively thinned overriding 
plate, resulting in back-arc extension and rifting. Model 6 with a slab-pull value of Fsp ∼ 1.25 × 1013 N m−1 
at the start of extension, a low interface resistance resulting from sediment subduction with Fif ∼ 
7 × 1012 N m−1, and overlying plate strength weakened by convective removal with Fis ∼ 3.5 × 1012 N m−1 (at 
the onset of extension) provides an example of Case 4 behavior, where Fsp > Fif + Fis.

The role of sediment subduction in weakening the interface is especially notable as it allows transfer of a 
higher portion of the slab-pull force into the backarc as illustrated by the difference in tensional force in the 
overriding plate between Models 3 and 6 (e.g., Figures 5 and 8d). In Model 3, without sediment subduction 
and reference interface strength, the tensional force in the overriding plate remains close to 0 throughout 
the model evolution while in Model 6 with sediment subduction along the interface the tensional force 
in the overriding plate reaches 3.5 × 1012 N m−1 when slab-pull dominates the system. The same effect is 
present in the other models. In models with a strong back are lithosphere (Model 1 and Model 4, Figures 3d 
and 6b), the difference between the tensional force in the overriding plate is in the order of 2.5 × 1012 N m−1. 
For models with convective removal of the mantle–lithosphere in the mantle wedge that shortens the sub-
duction interface (Model 2 and Model 5, Figures 4 and 7d), the difference in overlying plate tension is lower, 
approximately 0.5 × 1012 N m−1. For these latter two models, the interface strength is affected by the con-
vective removal of the overriding plate mantle–lithosphere, which shortens the interface over time, limiting 
its overall effect on the system. These values point to a systematic behavior, whereby the lower energy dissi-
pation along the subduction interface owing to the lubricating effect of weak subducting material results in 
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Figure 11.  Generalized cartoons of the presented key models showing the effect of weak overriding plate mantle–
lithosphere (a, b) and the effect of a weak subduction interface (c, d). Case 1 corresponds to Model 1; Case 2 
corresponds to Model 2; Case 3 corresponds to Model 3; and Case 4 corresponds to Model 6.
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a higher portion of the slab-pull force to be transferred into the overriding plate, where the strength of the 
effect depends on the length of the interface itself.

4.3.  Implications and Comparison With Previous Studies

Our results show that the presence of a weak mantle–lithospheric zone near the subduction interface low-
ers the integrated strength of the backarc in three main ways: (1) by thinning, (2) by thermal weakening 
of the lithosphere, and (3) by reducing the length of the subduction interface. Wolf and Huismans (2019) 
provided an estimate of the force balance for a very similar experimental setup. They argue for the crucial 
role of a weak overriding plate rheology that leads to convective thinning and back-arc weakening in order 
to achieve back-arc extension and the models presented here are in agreement with their results.

The existence of such preexisting weak mantle–lithospheric zones can be explained by—for example—(a) 
fluid infiltration from the subducting plate (e.g., Arcay et al., 2006) or (b) an anomalously high geothermal 
gradient, owing to enhanced crustal radioactive heat production or high transient temperatures associated 
with an episode of lithosphere thickening and associated radioactive self-heating (e.g., Currie et al., 2008) 
and (c) inherited lithospheric weakness resulting from earlier tectonic deformation or terrain accretion 
during long lasting subduction as observed over most of the Tethyan belt. Currie et al. (2008) argued that 
thinning of overriding mantle–lithosphere over a wider zone can also be explained by a higher composition-
al density or a hotter initial thermal structure.

Our results also show that the low-strength sedimentary material lubricates the subduction zone, resulting 
in less energy dissipating along the subduction interface, and transmission of a larger portion of the slab-
pull into the overriding plate. The lubricating effect of oceanic sediments has also been suggested as an 
explanation for the along-strike variations in topographic evolution of the Andes (e.g., Lamb, 2006). More-
over, Sobolev and Brown (2019) argued that the rise of continents and the accumulation of weak sediments 
at continental edges and in trenches has allowed for establishment of a stable subduction regime on Earth, 
contributing to the emergence of plate tectonics itself. The models presented here show that the rheology of 
the subduction interface is one of the controlling factors in the development of back-arc extension consist-
ent with earlier model inferences (e.g., De Franco et al., 2007).

5.  Comparison With Nature
The models presented here also exhibit a range of first-order features characteristic of natural extensional 
back-arc systems. The modeling setup chosen is inspired by and corresponds well to Mediterranean style 
arc-back-arc systems where the rate of convergence is low owing to the slow convergence of Africa and 
Europe, and the amount of oceanic lithosphere is limited (Faccenna et al., 1997, 2014; Jolivet & Faccen-
na, 2000; L. Royden & Faccenna, 2018).

Our models show that back-arc extension and breakup in such a narrow and restricted system is viable 
when the overriding plate lithosphere is sufficiently weak. The modeled time scale of extension (3–6 Myr 
from the start of crustal extension to breakup) is also compatible with observations from the Mediterranean 
region (e.g., Faccenna et al., 2014; Magni et al., 2013, 2014). The presence of a sedimentary layer on top of 
the oceanic lithosphere (ubiquitous in the Mediterranean oceanic basins) facilitates extension in the back-
arc region as shown here.

The initial width of the oceanic basin (500 km) in the models presented here represent the lower range of 
the amount of oceanic subduction inferred for the Mediterranean region (400–1,000 km; e.g., Faccenna 
et al., 2014). The amount of trench retreat for our models with back-arc breakup varies between 200 km 
(Model 6) and 260 km (Model 5). These values are consistent with the lower range of trench retreat inferred 
for the Mediterranean (Faccenna et al., 2014). The type of rifting produced by the models is predominantly 
narrow and symmetrical while those observed in the Mediterranean region range from narrow, to wide, and 
in some cases core-complex style deformation (Faccenna et al., 1997).

In particular, the large-scale evolution of Model 2 compares favorably with observations from the North 
Tyrrhenian Sea (Figure 1b; Diaferia et al., 2019; Doglioni et al., 1999; Piana Agostinetti & Faccenna, 2018) 
with its moderately thinned back-arc crust (20–30-km thick) adjacent to the subducting Adriatic slab and 
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its extremely thinned mantle–lithosphere that exhibit anomalously high Moho temperatures (LAB depth 
of 60 km below the North Tyrrhenian basin). Extension of the backarc started in the Late Miocene (e.g., 
Patacca et al., 1990) with different extension rates for the northern and the southern part of the basin, with 
an approximately 300 km of subduction trench retreat in the northern part comparable to Model 2.

In turn, the evolution of Model 6 compares favorably to many aspects of the evolution of the Pannonian 
basin (Figure 1a). The 11 Myr time frame estimated for the back-arc extension is comparable to the time 
between the onset of extension and crustal breakup of Model 6. The basin experienced wide-spread crustal 
thinning that—unlike the extremely thinned mantle–lithosphere—our models do not reproduce. In addi-
tion, the undeformed proximal area resembles the largely unextended Transylvanian region with its com-
paratively thicker postrift lithospheric root. Given its position adjacent to the subduction zone, this root 
would be expected to be more vulnerable for subduction erosion and ablation by the corner flow. This ap-
pears not to have affected the Transylvanian block suggesting higher nominal lithospheric strength. There 
is furthermore, volcanological evidence supporting sediment subduction along the Carpathian subduction 
zone (e.g., Jurje et al., 2013) that may have weakened the subduction interface allowing for a more efficient 
transfer of the slab-pull into the backarc as in our Model 6.

6.  Conclusions
In this paper, we use two-dimensional numerical model experiments to investigate how overriding plate 
rheology and strength of the subduction interface affect the closure of narrow land-locked ocean basins and 
extension in the back-arc region. We conclude the following.

1.	 �Our models and simple force-balance arguments show that two factors work in tandem to facilitate 
back-arc extension in small land-locked oceanic basins such as observed in the Mediterranean. (I) Back-
arc weakening by convective removal of mantle–lithosphere reducing the strength of the overriding 
plate. (II) Weakening of the subduction interface.

2.	 �Subduction interface weakening may occur in two different ways. (I) By thinning of the mantle–litho-
sphere in the mantle wedge area close to the subduction zone that reduces the length of the subduction 
interface and therefore lowers the energy dissipated. (II) Subduction of weak sediment on top of the 
oceanic lithosphere weakening the subduction interface. In settings where back-arc lithosphere thinning 
occurs far from the subduction zone, weakening of the subduction interface by other processes such as 
sediment subduction appears paramount.

3.	 �A detailed analysis of the overriding plate stress field showed that the slab-pull force transmitted through 
the subduction interface has a prominent role in driving back-arc extension while the viscous drag acting 
along the base of the lithosphere has a negligible role in our experiments.

4.	 �The North Tyrrhenian subduction zone is characterized by extremely thin back-arc mantle–lithosphere 
up to the mantle wedge and a narrow zone of back-arc extension. Our model results suggest that back-
arc mantle–lithosphere thinning up to the mantle wedge has facilitated slab roll back and back-arc ex-
tension of the North Tyrrhenian subduction zone.

5.	 �The Pannonian basin is characterized by removal of the back-arc mantle–lithosphere far behind the 
subduction zone with the strong Transylvanian block of thick back-arc lithosphere in the area adjacent 
to the subduction zone and ample evidence of sediment subduction along the East Carpathians. Our 
models provide an explanation for how limited slab-pull associated with the closure of a small land-
locked oceanic basin and subduction beneath the East Carpathians may have worked in tandem with a 
sediment filled weak subduction interface and convective thinning beneath the Pannonian basin allow-
ing back-arc extension.

Data Availability Statement
No new data were used for this study. Parameter values used to produce the numerical model results are 
provided in Table 1.
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