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A B S T R A C T   

The choice of crustal and mantle densities in numerical geodynamic models is usually based on convention. The 
isostatic component of the topography is not calibrated to fit observations resulting in not very well constrained 
elevations. The density distribution on Earth is not easy to constrain because it involves multiple variables 
(temperature, pressure, composition, and deformation). We aim in this study to provide a reference case for 
geodynamic modelling where crustal and mantle densities are calibrated to fit the relative continent/mid-ocean 
ridge elevation in agreement with observations. We first review observed Earth topography of stable continents 
and of active mid-ocean ridges and define the characteristic average elevation of these domains. We use self- 
consistent thermodynamic calculations of dry mantle rocks that include partial melting to calibrate densities 
of the continental lithospheric mantle and beneath the mid-ocean ridge. The thermodynamic solutions are 
coupled with a 2-D incompressible plane strain finite element method for viscous-plastic creeping flows to solve 
for the dynamic evolution during extension from continental rifting to mid-ocean spreading. The combined re-
sults from 2-D thermo-mechanical models and 1-D isostatic calculations show that the relative elevation dif-
ference between mid-ocean ridges and continents depends on crustal density, mantle composition, and the 
degree of depletion of the lithospheric mantle. Based on these results we calibrate the reference density that only 
depends on temperature, which can be used in classic thermo-mechanical models based on the Boussinesq 
approximation. Finally the model calibration provides a solution that fits (1) the elevation of active mid-ocean 
ridges far from hotspots ( − 2750 ± 250 m), (2) the elevation of stable continents far from hotspots (+400 ± 400 
m), (3) the average depletion buoyancy of the continental lithospheric mantle (between − 20 and − 50 ± 15 kg/ 
m3 depending on lithospheric thickness) and (4) the average continental crust density (2835 ± 35 kg/m3 for a 35 
km thick crust).   

1. Introduction 

Isostasy is a fundamental element of Earth’s lithosphere and topog-
raphy evolution (e.g., Turcotte and Schubert, 1982; Watts, 2001; Molnar 
et al., 2015; Gvirtzman et al., 2016; Guerri et al., 2016; Davies et al., 
2019; Lamb et al., 2020, and references therein) which is defined by the 
gravitational equilibrium of mass in the Earth’s outer layers. At equi-
librium, without other external forces, all regions of the Earth with 
identical elevation have the same buoyancy when referenced to the 
same compensation level, i.e. commonly at shallow upper-mantle 
depths. Together with crustal and mantle rheologies, local and 
regional isostasy control the topography of the Earth surface (Airy, 
1855; Pratt, 1859; Heiskanen and Moritz, 1967; Forsyth, 1992; Watts, 

2001). The ratio of crust versus mantle density controls the local or 
regional isostatic response to crustal thinning, thickening, erosion and 
deposition (Molnar and England, 1990; Bishop, 2007; Braun et al., 2013; 
Wolf et al., 2022; Watts and Ryan, 1976; McKenzie, 1978; Roberts et al., 
1998; Crosby et al., 2011). Simple crustal Airy isostasy has been used to 
analyse compensation of continental topography assuming zero strength 
of the lithosphere and a negligible density contrast between mantle 
lithosphere and sub-litospheric mantle (e.g., Lamb et al., 2020; Watts, 
2021). Power-spectral analysis of topography reveals that loading- 
related flexure considering the strength of the lithosphere explains the 
short- and medium wavelength signal (100 < λ < 1000 km) (e.g., Watts 
and Moore, 2017; Watts, 2021). At shorter wavelength, fault-related 
topography is isostatically uncompensated. Longer wavelength 

* Corresponding author. 
E-mail address: thomas.theunissen@uib.no (T. Theunissen).  

Contents lists available at ScienceDirect 

Earth-Science Reviews 

journal homepage: www.elsevier.com/locate/earscirev 

https://doi.org/10.1016/j.earscirev.2022.104153 
Received 12 January 2022; Received in revised form 14 July 2022; Accepted 6 August 2022   

mailto:thomas.theunissen@uib.no
www.sciencedirect.com/science/journal/00128252
https://www.elsevier.com/locate/earscirev
https://doi.org/10.1016/j.earscirev.2022.104153
https://doi.org/10.1016/j.earscirev.2022.104153
https://doi.org/10.1016/j.earscirev.2022.104153
http://crossmark.crossref.org/dialog/?doi=10.1016/j.earscirev.2022.104153&domain=pdf
http://creativecommons.org/licenses/by/4.0/


Earth-Science Reviews 233 (2022) 104153

2

topography (1000 < λ < 3000 km) can be explained by Airy isostasy 
while wavelength longer than 3000 km is thought to be caused by 
lithospheric thinning or thickening, or by deeper density anomaly 
embedded in the convective mantle, or by the dynamic effects of mantle 
flow (i.e., dynamic topography). Putting constraints on dynamic 
topography requires good understanding of the degree of isostatic 
compensation which directly depends on the density structure of the 
crust, mantle lithosphere, and sub-lithospheric mantle (Braun, 2010; 
Guerri et al., 2016; Hoggard et al., 2017; Davies et al., 2019; Flament, 
2019). Knowledge about the density and thicknesses of the crust and 
mantle is consequently critical to understand and predict variations of 
Earth topography. 

Geodynamic models allow self consistent study of crust and litho-
sphere deformation (Burov and Poliakov, 2003; Huismans and Beau-
mont, 2003; Lavier and Manatschal, 2006; Huismans and Beaumont, 
2008; Huismans and Beaumont, 2011; Brune et al., 2014; Svartman Dias 
et al., 2015; Duretz et al., 2016). More and more geodynamic models 
also include the effect of erosion and sedimentation to understand the 
feedback between tectonic and surface processes (Theunissen and 
Huismans, 2019; Andrés-Martínez et al., 2019; Duretz et al., 2020; Allen 
and Beaumont, 2016; Goteti et al., 2012). However, geodynamic models 
are often not very well calibrated to observed topography. These studies 
typically use average reference values for crust, continental mantle 
lithosphere, and sub-lithospheric mantle densities from gravity 
modeling, seismology, and laboratory experiments that are not cali-
brated to variations of Earth topography. As a result, the accommoda-
tion space for sediments and the local or regional isostatic response to 
loading and unloading are usually not very well assessed. This is 
particularly obvious during formation of rifted passive margins where 
accommodation space for sediments is generally over-estimated 
(Svartman Dias et al., 2015). The general practice in modelling earth 
density structure and topography is to choose the reference column at a 
mid-ocean ridge (MOR), where the average density and elevation can be 
estimated with relatively good accuracy (e.g., Lachenbruch and Morgan, 
1990; Afonso et al., 2008; Afonso et al., 2019). This practice also inherits 
from the historical assumption that a steady-state mid-ocean spreading 
center is in isostatic balance with a stable continental lithosphere (e.g., 
Coblentz et al., 1994, and references therein). However using standard 
reference densities results in a poor prediction of the relative elevation 
of stable continents and mid-ocean ridges (MOR). 

Petrological and geochemical studies of basalts and basaltic rocks 
provide the base of the knowledge about the thermal structure and 
composition of the mantle (e.g., Niu, 2017; Niu, 2021). Based on 
chemistry of mid-ocean ridge basalts, the sub-lithospheric upper-mantle 
far from hotspots and far from subduction zones can be seen as statis-
tically homogeneous both in terms of temperature and composition (e. 
g., Zindler and Hart, 1986; Meibom and Anderson, 2004; Anderson, 
2007). The shear wave velocity structure of the upper-mantle beneath 
oceans shows a relatively homogeneous sub-lithospheric mantle 
beneath mid-ocean ridges (200–600 km depth) with slightly slower S- 
waves beneath the Pacific compared to other oceanic domains, and a 
clear signature of thermal necking and melting processes at mid-ocean 
spreading centers (30–110 km depth) (e.g., Schaeffer and Lebedev, 
2013; French and Romanowicz, 2014; Celli et al., 2020). However, 
compositional variations of basalts also correlate with axial ridge depth 
because the extent of melting in the mantle, which mostly depends on 
spreading rate, also depends on degree of fertility of the source implying 
compositional variations in the mantle (Niu, 2017). The inferred 
compositional variations in the mantle imply that the reference mantle 
potential temperature (intersection of the adiabatic geotherm with the 
surface) beneath mid-ocean ridges far from hotspots is relatively ho-
mogeneous ±50 K (Niu, 2017). These chemical heterogeneities are 
caused by mantle convection and continuous mixing of deep lower- 
mantle, delaminated lithospheric mantle, and recycled subducted 
oceanic lithosphere (e.g., Stixrude and Lithgow-Bertelloni, 2012; Liu 
et al., 2008; Yan et al., 2020; Liu et al., 2022). However, bulk density 

variations in the sub-lithospheric mantle resulting from these composi-
tional variations are suggested to be small, in the range 3–7 kg/m3 

(Fullea et al., 2021). Melt volume produced at mid-ocean ridges far from 
hotspots is a consequence of passive upwelling of mantle rocks and 
decompression melting that results in a global average oceanic crustal 
thickness of 6 km with variations between 4 and 8 km (e.g., Christeson 
et al., 2019; White et al., 2001). Parametric and petrological models 
explain the first order melting processes beneath mid-ocean ridges and 
can be used to predict oceanic crust thickness (e.g., McKenzie and 
Bickle, 1988; Niu and Batiza, 1991; Kinzler and Grove, 1992; Scott, 
1992; Katz et al., 2003; Langmuir and Forsyth, 2007; Asimow et al., 
2001; Behn and Grove, 2015; Jennings and Holland, 2015; Crameri 
et al., 2019; Simon et al., 2009; Lu and Huismans, 2021). Geodynamic 
modelling coupled with melt prediction can be used to constrain a 
reference mid-ocean ridge column that allows isostatic calculations and 
calibration of crustal and mantle densities assuming a statistically ho-
mogeneous sub-lithospheric upper-mantle far from hotspots and sub-
duction zones characterised by a bulk fertile peridotite composition and 
a reference mantle potential temperature. 

The first test, any density distribution of the continental and oceanic 
lithosphere and sub-lithospheric mantle should pass, is that it accurately 
predicts the elevation difference between stable continental topography 
and the elevation of mid-ocean ridges. Here we first provide a global 
analysis of Earth surface topography to constrain the average elevation 
of continents and mid-ocean ridges and their variability. We then pre-
sent the methodology and results from thermodynamic calculations that 
are used to compute the density distribution with depth in the mantle for 
various compositions and to constrain the average depletion buoyancy 
of continental lithospheric mantle (CLM). We then present a 2-D thermo- 
mechanical model coupled with melt prediction and a self-consistent 
thermodynamic solution for the density distribution in the lithospheric 
and sub-lithospheric mantle to solve for visco-plastic flow and thermal 
structure during extension from rifting to steady state mid-ocean 
spreading center to predict the relative elevation between stable conti-
nents and mid-ocean ridges and the density structure beneath the mid- 
ocean ridge. The 2-D thermo-mechanical simulations include mantle 
melting and are used to calibrate the depletion buoyancy of the CLM, 
continental crustal density, and reference mantle density based on 1-D 
isostatic calculations (Fig. 1). Finally results from the 2-D thermo- 
mechanical models and from the 1-D isostatic calibration are pre-
sented and discussed. This study provides a reference case where crustal 
and mantle densities are calibrated to fit mid-ocean ridge elevation 
relative to the average elevation of stable continental lithosphere 
consistent with geophysical observations and thermodynamic 
calculations. 

2. Global analysis of Earth topography 

2.1. Data 

We use the ETOPO-1 dataset to analyze variations of Earth topog-
raphy (Amante and Eakins, 2009). The digital elevation model ETOPO-1 
is smoothed using a median geospatial filter with a radius of 50 km to 
remove high frequency relief variations that are a consequence of local 
flexural effects (e.g., fault activity) or local magmatic relief (e.g., sea-
mounts). For the continental domain only, elevations are corrected from 
ice and sea water load when required assuming local isostasy 
(ρi/whi/w/ρm where ρi/w is the density of the ice or the sea water, 
respectively 917 and 1030 kg/m3 and ρm the density of the mantle, 3400 
kg/m3 corresponding to the density of the mantle close to the 
lithosphere-asthenosphere boundary that defines the compensation 
depth). All data used in this analysis are resampled into the same regular 
2 arc-minutes resolution grid (Figs. S1 and S2). 

We define two domains: (1) active mid-ocean ridges and (2) stable 
continental areas. Areas located closer than 1000 km from hotspots are 
excluded in order to remove the effect of mantle anomalies on the 

T. Theunissen et al.                                                                                                                                                                                                                             



Earth-Science Reviews 233 (2022) 104153

3

elevation of the Earth surface (Fig. S2a). We use the hotspot database 
(72 hotspots) from Morgan and Morgan (2007) without consideration 
about their origin (Courtillot et al., 2003). To characterize mid-ocean 
ridges we use grids of seafloor ages and spreading rates from Müller 
et al. (2008). The axis of active mid-ocean ridges with a point every 25 
km is constructed using seafloor ages lower than 0.5 Ma (Fig. S3). The 
maximum elevation in a radius of 75 km of each point defines the MOR 
elevation while the median of the spreading rate in the same radius 
provides the spreading rate. We ignore sedimentation at the ridge as 
pelagic sediment thickness is on average lower than 200 m (e.g., 
Straume et al., 2019). 

To characterize the stable continental areas we use grids of the 
horizontal strain rate from Kreemer et al. (2014), continental crustal 
thickness from the gravity model of Reguzzoni and Sampietro (2015), 

lithospheric thickness from Steinberger and Becker (2018) and age of 
the continental lithosphere by Poupinet and Shapiro (2009). All points 
with a strain rate lower than 10− 16 s− 1 and a crustal thickness of 35 ± 5 
km are used to define stable continental areas (Figs. 2 and S6). The 
lithospheric thickness and age of the continental lithosphere are used to 
assess the sensitivity of continental elevation to these parameters. 

2.2. Analysis of active MOR and stable continental elevation 

The distribution of active MOR elevation far from hotspots is 
unimodal with an average of about − 2750 ± 250 m (Fig. 2). We note 
that this value is close to the estimate of the zero-age ridge elevation (e. 
g., Richards et al., 2018) and close to the modal depth of the bathymetry 
analysis of Rowley (2018). The MOR elevation is sensitive to full 

Fig. 1. Principle developed in this study: calibration of the density structure to fit the relative elevation between continent and mid-ocean ridge. a, Schematic 
representation of the two reference columns including symbols used for average continental and oceanic crustal densities and density reduction due to melt 
extraction (depletion buoyancy) of mantle rocks calibrated in this study. Orange: continental crust; Blue: Oceanic crust; Green: Lithospheric continental mantle; 
Yellow: sub-lithospheric mantle. b, Description of the calibration procedure. The relative elevation between continent and mid-ocean ridge is estimated based on 
observations (Section 2). Thermodynamic solutions of characteristics bulk compositions of the upper-mantle provide constraints on average depletion buoyancy of 
the continental lithospheric mantle (CLM) (Section 3). Thermo-mechanical model coupled to thermodynamic solution (Section 4) allows for the 1-D calibration of the 
relative MOR-continental elevation by fitting average depletion buoyancy of the CLM and of the average continental crust density. Finally, the reference mantle 
density used in classical incompressible 2-D thermo-mechanical with Boussinesq approximation can then be calibrated based on this result (Fig. 10). 
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spreading rate. For values between 2 and 9 cm/yr, the elevation of MOR 
is rather constant and exhibits an average elevation of about − 2700 m. 
Ultra-slow spreading ridges are deeper up to about − 3600 m for full 
spreading rate lower than 1 cm/yr. Very fast spreading ridges above 9 
cm/yr exhibit an average depth of about − 3000 m. Most spreading 
ridges have a full spreading rate lower than 9 cm/yr. MOR elevation 
close to hotspots is about 250 m shallower on average (Fig. S4). Com-
parisons between high-resolution bathymetric profiles through various 

MOR and our results show that the smoothing procedure adopted here is 
satisfying (Fig. 3). 

The elevation of continents exhibits a high variability (Figs. 4 and 5). 
The elevation of stable continents far from hotspots with a crustal 
thickness between 30 and 40 km has a mean of about +420 ± 390 m and 
a median of +440 m with a right skewed distribution (Fig. 4b). The 
median is representative of the characteristic elevation of stable conti-
nents. We note that the selected area of Antarctica exhibits higher 

Fig. 2. Mid-ocean ridge elevation based on filtered ETOPO-1 grid. a, Points selected on the grid following the procedure described in Fig. S3. Circles with a diameter 
of 2000 km represent hotspots from Morgan and Morgan (2007). b, Statistics of MOR elevation far from hotspots. c, sensitivity of the MOR elevation far from hotspots 
to the spreading rate. Statistics of MOR elevation close to hotspots and the distribution of the present day spreading rate can be found in supplemental Fig. S4. 
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elevation +800 m on average in part responsible for this distribution 
(Fig. S5). Close to hotspots, continents are higher in the range 100–300 
m with an average of about +530 ± 390 m (Fig. 4c). The main factor 
controlling the elevation of stable continents is the crustal thickness 
(Fig. 5b). On average, the crustal thickness of stable continents far from 
hotspots is 35 ± 5 km and exhibits a left skewed distribution (Fig. 5c). 
The mean elevation of the continents is about +400 ± 400 m for a 
crustal thickness of 35 km (Fig. 5b). The elevation of stable continents 
depends to a lesser extent on lithospheric thickness and lithospheric age. 
Areas with thin lithosphere exhibit higher elevations up to +600 m 
while it is about +200 m with 250 km thick lithosphere but the corre-
lation between elevation and lithospheric thickness is relatively weak 
(Fig. 5d). Proterozoic continental lithosphere exhibits higher elevations 
up to +500 m while lithospheres with different age have an elevation of 
about +250 m (Fig. 5e). We use +400 ± 400 m as a characteristic 

average elevation for stable continents with a crustal thickness of 35 ± 5 
km. The relative elevation between continents and MOR is consequently 
about 3150 m with a characteristic water depth at the ridge of 2750 m. 

3. Thermodynamic calculations of mantle density 

Density changes in the mantle are the consequence of variations of 
solid state phase changes, melting, and the intrinsic P-T-dependence for 
a given phase composition. Thermodynamic calculations of phase 
equilibria for given bulk-rock composition provide a mapping of phys-
ical properties as a function of pressure and temperature. We use recent 
advances in thermodynamic calculations of dry mantle rocks that 
include partial melting to compute the density as a function of pressure 
and temperature and to estimate the density reduction by depletion 
(depletion buoyancy) owing to partial melting. These calculations 

Fig. 3. Bathymetric profiles across mid-Atlantic (MAR), East-Pacific (EPR), Southwest Indian (SWIR) and Southeast Indian (SEIR) oceanic ridges. High-resolution 
bathymetric profiles are from the GMRT 3.6 dataset (Ryan et al., 2009). The filtered bathymetric profile (ETOPO-f) is from this study. Spreading rates are from 
Müller et al. (2008). Location of these profiles can be found in Fig. 2. 
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provide a way to constrain the density structure of the mantle beneath 
continents and mid-ocean ridges. 

In order to generate the phase equilbria in the mantle (including 
suprasolidus conditions) we used the thermodynamic dataset from 
Jennings and Holland (2015). Phase diagrams were produced using 
Perple_X 6.8.4 and the hp622.dat thermodynamic database for pure 

species and end-members (Holland and Powell, 2011). We used the 
following set of solution phases: O(JH), Sp(JH), Pl(JH), Melt(JH), Grt 
(JH), Opx(JH), Cpx(JH), Eskol(C), Ring(H), for olivine, spinel, plagio-
clase, melt, garnet, orthopyroxene, clinopyroxene, eskolaite and ring-
woodite, respectively (Jennings and Holland, 2015; Holland et al., 2013; 
Chatterjee et al., 1982). Considering Cr and eskolaite (Cr2O3) in the 

Fig. 4. Stable continental elevation based on filtered ETOPO-1 grid. a, Points selected on the grid where topography is higher than 0 m, ˙εH < 10− 16 s− 1 (Kreemer 
et al., 2014), crustal thickness is between 30 and 40 km (Reguzzoni and Sampietro, 2015) and located further than 1000 km from hotspots. Circles with a diameter of 
2000 km represents hotspots from Morgan and Morgan (2007). b, Statistics of stable continental elevation far from hotspots. c, Statistics of stable continental 
elevation close to hotspots. 
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Fig. 5. Continental crust thickness and stable continental elevation variability with respect to crustal thickness, lithospheric thickness and lithospheric age. a, maps 
of continental thickness far from hotspots and ˙εH < 10− 16 s− 1 (Kreemer et al., 2014). b, Variability of the continental elevation to crustal thickness from Reguzzoni 
and Sampietro (2015). c, Variability of the continental elevation to lithospheric thickness from Steinberger and Becker (2018). d, Variability of the continental 
elevation to lithospheric age from Poupinet and Shapiro (2009). 
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thermodynamic calculations allows constraining transitions of Al- 
bearing phases (plagioclase-spinel-garnet) which are responsible for 
strong density variations (Klemme, 2004; Klemme et al., 2009; Jennings 
and Holland, 2015; Ziberna and Klemme, 2016). The melt phase and 
corresponding melt fraction is self-consistently predicted along with the 
other solid solution phases providing the most stable mineral (and melt) 
assemblage. This implies that solidus, melt fraction, and phase assem-
blage are computed as function of the bulk-rock composition and P-T 
conditions. 

Computations were made between 200 ◦C and 1650 ◦C and between 
0 and 6 GPa, which corresponds to about 170 km depth. Such a pres-
sure–temperature range covers all critical phase changes at shallow 
upper-mantle depths including low pressure phase reactions such as 
garnet-spinel-plagioclase, and partial melting. Outside the calibration 
range, physical properties are extrapolated below 200 ◦C and between 6 
GPa and 21 GPa. Here we ignore the phase transition at 410 km which 
has little significance for rifting and MOR spreading geodynamics. 

We modelled for benchmark purposes the phase diagram of the 
reference KLB-1 fertile dry mantle composition (e.g., Davis et al., 2009) 
using the last thermodynamic database, which shows that the overall 
pattern of the topology of mantle phases below solidus and suprasolidus 
conditions is nearly identical with the published phase diagram from 
Jennings and Holland (2015). The slight differences are mainly due to 
the modelling approach of minimizing the Gibbs free energy of the 
assemblage (Fig. S7). The calculations also reproduce well the experi-
mentally determined composition of the mineral assemblage and of the 
melts, which is critical when computing the density of the mantle 
(Jennings and Holland, 2015). 

The reference bulk composition of fertile sub-lithospheric mantle 
and the continental depleted mantle lithosphere is not well constrained 
as the mantle composition is heterogeneous at all scales and is often the 
result of a complex history of melting, refertilization, and meta-
somatism. Sampling of mantle rocks is either related to mantle exhu-

mation at passive margins or magmatic sampling that transport mantle 
xenoliths to the surface and is then potentially not representative of the 
bulk composition. Previous studies provided bulk compositions of the 
fertile sub-lithospheric mantle (Jagoutz et al., 1979; McDonough and 
Sun, 1995; Takahashi et al., 1993), and of depleted mantle lithosphere of 
varying age (Archean, Proterozoic, and Phanerozoic) based on xenolith 
data (e.g., Griffin et al., 1999; Griffin et al., 2008). Simon and Pod-
ladchikov (2008) using the end-member bulk composition of fertile and 
highly depleted (Archean) mantle created systematic intermediate 
compositions by mixing end-member bulk proportions of Al2O3 and 
Na2O. Here we gather a set of 14 bulk compositions including 4 fertile 
and 10 depleted mantle (Table 1). Since the ratio of ferric iron content is 
not well constrained or not defined in the different bulk composition, we 
use a 7 component NCFMASCr system. 

For each bulk composition we compute the thermodynamic solution 
and extract densities, thermal expansion, compressibility, and melt 
fraction (Figs. 6 and S8). We also compute for each bulk composition the 
density as a function of depth for a typical geotherm of a 125 km thick 
continental lithosphere with 35 km thick crust (H = 0.9 mW/m3

, TP =

1280◦C and adiabatic gradient of 0.4 K/km, e.g., Table 3). The resulting 
density profiles are compared with density profiles constrained by 
geophysical observations (Fig. 7) (Dziewonski and Anderson, 1981; 
Kustowski et al., 2008; Ito and Simons, 2011). We select the bulk fertile 
composition that best matches the density structure of the sub- 
lithospheric upper-mantle as constrained by seismological and 
geodetic data (Dziewonski and Anderson, 1981; Kustowski et al., 2008; 
Ito and Simons, 2011). We assume that the bulk composition that pro-
vides a density profile similar to global 1-D profiles at depths below the 
average continental lithosphere-asthenosphere boundary is character-
istic of the whole sub-lithospheric upper mantle. The fertile bulk 
composition SP2008 (Mg# = 89, high Al2O3, high Na2O, see Table 1) 
from Simon and Podladchikov (2008) provides a good fit (Fig. 7a). This 
reference fertile mantle composition is used to compute the degree of 

Table 1 
Characteristic bulk compositions in the 7 components NCFMASCr (ferric iron free) system used in this study.  

Sub-lithospheric mantle fertile compositions  

MS J79 SP2008 KLB-1       

SiO2 45.12 45.39 45.54 44.95       
Al2O3 4.51 4.02 4.53 3.52       
Cr2O3 0.38 0.46 0.41 0.32       
FeOT 8.12 7.83 8.18 8.22       
MgO 37.90 38.46 37.78 39.62       
CaO 3.61 3.51 3.10 3.08       
Na2O 0.36 0.33 0.45 0.30       
Total 100.00 100.00 100.00 100.00       
Mg# 89.27 89.75 89.17 89.57       
Cr# 5.36 7.16 5.76 5.76        

Continental lithospheric depleted compositions  

SP2008_89low KC2004_93high KC2004_93low YLM2 YLM3 PLM1 PLM2 ALM1 ALM2 ALM0 

SiO2 47.65 42.55 44.49 44.71 44.68 44.89 44.95 45.92 44.69 43.12 
Al2O3 0.53 4.46 0.52 3.52 2.62 2.11 1.91 0.99 1.76 0.30 
Cr2O3 0.43 0.41 0.42 0.40 0.40 0.42 0.40 0.28 0.30 0.40 
FeOT 8.56 6.09 6.36 8.04 8.25 7.93 7.96 6.43 8.15 6.53 
MgO 39.53 43.28 45.25 39.98 41.36 42.58 42.93 45.71 43.69 49.45 
CaO 3.25 2.78 2.90 3.11 2.52 1.91 1.71 0.59 1.28 0.10 
Na2O 0.05 0.45 0.05 0.24 0.18 0.15 0.12 0.07 0.12 0.10 
Total 100.00 100.00 100.00 100.00 100.00 100.00 100.00 100.00 100.00 100.00 
Mg# 89.17 92.68 92.69 89.87 89.93 90.54 90.58 92.69 90.52 93.10 
Cr# 35.04 5.76 34.94 7.12 9.36 11.83 12.38 15.95 10.31 47.21 

Concentrations are given in weight amount % oxide and normalized to total 100%. MS (McDonough and Sun, 1995). JS79 (Jagoutz et al., 1979). KLB-1 (Jennings and 
Holland, 2015; Takahashi et al., 1993; Davis et al., 2009). SP2008 (Simon and Podladchikov, 2008), KC2004 using sample 38-4(Kopylova and Caro, 2004), “low” and 
“high” refer to both sodium and aluminium concentration, 89 and 93 refer to the Mg#. FeOT: total iron. Continental lithospheric mantle compositions are from Griffin 
et al. (1999); Griffin et al., 2008; Afonso et al., 2008. YLM: Young lithospheric mantle; PLM: Proterozoic lithospheric mantle; ALM: Archean mantle lithosphere. 
Equivalence with previous publications: YLM2 = Archon3, Average Tecton Gnt.; YLM3 = Average Tecton peridotite; PLM1 = Average Proton Gnt.; PLM2 = Prefered 
Proton; ALM1 = Archon 0, Average Archon Gnt.; ALM2 = Archon 2, Average Archon Kaapvaal High-T Lherzolite; ALM0 = Archon 1, Estimate Archon “Pristine”. 
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depletion of other mantle rocks but also to compute the melt volume 
during decompression melting at mid-ocean ridges. 

Using this reference fertile mantle composition it is then possible to 
compute the depletion buoyancy of the continental lithospheric mantle 
(CLM) (Fig. 7 and Table 2). We compute the average depletion buoyancy 
following: 

ΔρX =
1

HCLM
⋅
∫

CLM

(

ρ(P,T)0 − ρ(P, T)0,fertile

)

dz (1)  

where ΔρX is the density reduction by depletion owing to melting or 
depletion buoyancy, HCLM the thickness the CLM, and ρ(P,T)0 the den-
sity for each mineral assemblage for varying P-T conditions normalised 
to surface conditions using: 

ρ(P, T)0 =
ρ(P,T)

(1 − α(P,T)(T − T0))⋅(1 + β(P, T)(P − P0))
(2)  

where P is the pressure, T the temperature, ρ(P,T) the density at P-T 
conditions, α(P,T) is the thermal expansion at P-T conditions (See sup-
plemental Fig. S8a), T0 the temperature at surface conditions, β(P,T) the 
compressibility at P-T conditions (See supplemental Fig. S8b), and P0 the 

pressure at surface conditions. The resulting average density difference 
becomes independent of conditions of pressure and temperature and 
only depends on differences in composition. However, we note that the 
difference in the calculated depletion buoyancy is small in the order of 
2 − 5 kg/m3 when using in situ density values because the variations of 
thermal expansion and compressibility with P-T conditions are similar 
whatever the composition (Table 2, Fig. S8). Calculations are made with 
a 125 km thick lithosphere but we show that there are little differences 
(< 2 − 3 kg/m3) when calculating the average density difference in the 
sub-lithospheric mantle and in the continental lithospheric mantle with 
different lithospheric thicknesses (Table 2). Using the set of character-
istic mantle compositions based on xenolith studies (Jagoutz et al., 
1979; McDonough and Sun, 1995; Kopylova and Caro, 2004; Afonso 
et al., 2008; Griffin et al., 1999; Griffin et al., 2008) (Table 2), we obtain 
an approximation of the depletion buoyancy of the lithospheric mantle 
for a Phanerozoic lithosphere ΔρX ∼ 10 − 20 kg/m3 (compositions YLM2 
and YLM3), for a Proterozoic lithosphere ΔρX ∼ 30 − 35 kg/m3 (com-
positions PLM1 and PLM2) while it is larger than 40 kg/m3 for Archean 
lithosphere (compositions ALM1, ALM2, ALM3, SP2008_89_low, 
KC2004_93_low) (Fig. 7 and Table 2). 

Fig. 6. Outputs from Perplex for a fertile composition (SP2008: #Mg = 89, high Al2O3, high Na2O, see Table 1). a, Density of the solid phase, residual from melting 
inside the melt window. b, Phases map. c, Melt fraction. d, Melt density. Thermal expansion and compressibility of the residual are provided in supplemental Fig. S8. 
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(caption on next page) 
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4. 2-D thermo-mechanical model 

We use two different approaches in our geodynamic models to 
compute the density structure at the mid-ocean ridge. In the first, den-
sity is computed by using results of thermodynamic calculations that 
allows retrieving a realistic density structure. This realistic density 
structure then allows calibrating the continental crustal density and the 
average depletion buoyancy of the continental lithospheric mantle. In 
the second, the density is computed considering the effect of thermal 
expansion only applying the Boussinesq approximation as commonly 
done in geodynamic models. This second modelling approach allows 
calibrating the reference density of the sub-lithospheric mantle. We 
explain here the coupled thermo-mechanical modelling framework and 
the two different approaches to compute melt prediction and related 
depletion buoyancy in the mantle beneath the mid-ocean ridges during 

spreading. 

4.1. Coupled thermo-mechanical framework 

We use the 2-D finite-element geodynamic code FANTOM (Thieulot, 
2011; Theunissen and Huismans, 2019) to model continental rifting to 
seafloor spreading. The code solves the Stokes and heat equations 
coupled through P-T dependent rheology and density Appendix A. The 
initial model geometry represents a 1,200 km wide and 600 km deep, 
idealized, crustal and upper mantle cross-section (Fig. S13, Table 3). It 
consists of a laterally uniform continental lithosphere with 35 km thick 
crust, 90 km thick lithospheric mantle, and sub-lithospheric upper 
mantle down to the lower model boundary. Continental rifting and mid- 
ocean spreading are modeled by applying extensional velocity boundary 
conditions of ±1.5 cm/yr in the lithosphere on both model sides (full 
spreading rate of 3.0 cm/yr). The upper surface is free and the side and 
bottom boundaries have free-slip boundary conditions. Outflow is 
balanced by a small distributed inflow on the side boundaries in the sub- 
lithospheric mantle domain. In order to ensure constant total mass, the 
average pressure along the bottom of the model is maintained constant 
by adjusting the influx of the sub-lithospheric mantle at the sides. This 
allows defining an absolute sea level within the model independent from 
surface displacement. Based on sea level, a water load is implemented in 
order to fully consider all mass loads on the free surface. 

The initial temperature profile of the continent corresponds to 1-D 
thermal steady state and the underlying mantle has an adiabatic 
gradient of 0.4 K/km. The thermal setup reflects average values for 
Phanerozoic continental lithosphere (see Table 3), with a Moho tem-
perature of 550 ◦C and 1330 ◦C at the base of the lithosphere, resulting 
in a surface heat flow of 51 mW/m2 and mantle heat flux of 19.5 mW/m2 

(Hacker et al., 2015). We use constant thermal conductivity of k = 2.25 
W/m/K in all materials, heat capacity equals 1270 J/K/kg in the mantle 
and 1050 J/K/kg in the continental and oceanic crust. The side 
boundaries are insulated and the bottom boundary has a fixed temper-
ature boundary condition of 1520 ◦C. This setup results in mantle po-
tential temperature of 1280 ◦C. In the thermal calculation the initial 
temperature is laterally uniform except at the LAB where a small thermal 
anomaly is included to promote lithospheric necking in the center. 

We employ a strong crustal rheology which promotes the formation 
of narrow margins. Our model materials account for strain weakening by 
linearly reducing the effective angle of internal friction and cohesion as 
a function of accumulating plastic strain which allows strain local-
izastion (Buck, 1993; Huismans and Beaumont, 2002; Lavier et al., 
1999; Lavier et al., 2000). The sub-lithospheric mantle is fully weakened 
inhibiting strain localization following exhumation to the seafloor 
which ensures a symmetric spreading and a smooth relief at the sea- 
floor. We introduce a 400 km wide zone of statistical noise in the 
initial plastic strain in the frictional upper-crust and upper-mantle lith-
osphere that represents inherited weakness. 

The reference density at T = 0◦C in the continental and oceanic crust 
are respectively set to 2835 kg/m3 and 2900 kg/m3 and vary with 
temperature using a constant thermal expansion of 3.0⋅10− 5 K− 1 

following: 

Fig. 7. Calibration of the depletion buoyancy of the mantle. a, selection of the most representative fertile mantle composition. Density profiles are calculated using 
thermodynamic solutions for bulk compositions presented in Table 1 along the geotherm of a 125 km thick Phanerozoic lithosphere with 35 km thick crust where 
TP = 1280◦C, adiabat is 0.4 K/km, Moho temperature is 550 ◦C. Those profiles are compared with three geophysical estimates of upper-mantle density: two global 
seismic models PREM (Dziewonski and Anderson, 1981) and STW105 (Kustowski et al., 2008) and one regional geodetic model from western United States PBO-1DM 
from Ito and Simons (2011). A figure including all bulk compositions can be found in supplementary material (Fig. S9). b, Left: Density map (ρ(P,T)) of the most 
representative fertile composition based on (a) (SP2008: Mg# = 89, high Al2O3, high Na2O, see Table 1 and Fig. 6). Three geotherms corresponding to different 
lithospheric thicknesses are superimposed. Right: densities normalised to surface conditions (ρ(P,T)0) (Eq. 2). Low pressure fields of spinel and plagioclase phases are 
visible. c, Depletion buoyancy of the CLM calculated using Eq. 1 for three bulk compositions characteristic of lithosphere with different age and thickness. Depletion 
buoyancy for Proterozoic or Archean characteristic bulk composition differ by less than 2 kg/m3 with those calculated using the geotherm of the reference 125 km 
thick lithosphere (Table 2). On top density map and below densities normalised to surface conditions (Eq. 2). Depletion buoyancy for other representative bulk 
compositions of the CLM are provided in Table 2. 

Table 2 
Average densities normalised to surface conditions, ρ(P,T)0, and depletion 
buoyancy, ΔρX (density reduction due to melt extraction), for the characteristic 
bulk compositions shown in Table 1.  

Name Calculated in the SLM Calculated in the CLM  

ρ(P,T)0 ΔρX ρ(P,T)0 ΔρX  

Characteristic SLM fertile bulk mantle composition 

SP2008 3403.7 0.0 3393.8 0.0 
MS 3405.8 2.1 3396.3 2.5 
JS79 3396.0 − 7.7 3386.5 − 7.3 
KLB-1 3392.0 − 11.5 3383.1 − 10.7  

Characteristic CLM depleted mantle composition 

YLM2 3392.5 − 11.2 3383.5 − 10.3 
YLM3 3382.3 − 21.4 3373.6 − 20.2 
KC2004_93high 3372.1 − 31.6 3360.1 − 33.7 
PLM1 3369.6 − 34.1 3360.9 − 32.9 
PLM2 3366.7 − 37.0 3358.0 − 35.8 
ALM2 3364.8 − 38.9 3356.3 − 37.5 
SP2008_89low 3356.8 − 46.9 3348.0 − 45.8 
KC2004_93low 3334.4 − 69.3 3326.0 − 67.8 
ALM1 3328.2 − 75.5 3314.9 − 74.4 
ALM2 3328.1 − 75.6 3319.6 − 74.2 

Results are given in kg/m3. Bulk compositions are ordered according to their 
depletion buoyancy compared to SP2008. Computations are made along the 
geotherm of a 125 km thick lithosphere within the CLM or within the SLM using 
densities normalized to surface conditions, i.e. corrected from thermal expan-
sion and compressibility (Eqs. 1 and 2). Standard deviation is about 10 kg/m3. 
There is no big differences in the estimate of the depletion buoyancy, i.e. 2–5 kg/ 
m3, when computations are made along geotherms of thicker lithospheres or 
using density without correction from thermal expansion and compressibility 
(Figs. 7 and S8). KLB-1 (Jennings and Holland, 2015; Takahashi et al., 1993; 
Jennings et al., 2016). MS (McDonough and Sun, 1995). JS79 (Jagoutz et al., 
1979). SP2008 (Simon and Podladchikov, 2008), KC2004 using sample 38-4 
(Kopylova and Caro, 2004), “low” and “high” refer to both sodium and 
aluminium concentration.YLM: Young lithospheric mantle; PLM: Proterozoic 
lithospheric mantle; ALM: Archean mantle lithosphere (Griffin et al., 1999; 
Griffin et al., 2008; Afonso et al., 2008). 
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ρ(T) = ρ0(1 − α(T − T0)) (3)  

where ρ0 is the reference density and α the thermal expansion. 
We define two types of models depending how the density structure 

and melt prediction in the mantle are calculated. In model M1, we use a 
lookup table approach where the density and the melt fraction are 
extracted from the thermodynamic calculation depending on pressure 
and temperature. This model intrinsically considers temperature and 
pressure dependent phase changes, thermal expansivity and compress-
ibility in the mantle. Conservation of mass is approximated by the 
incompressible continuity equation with the extended Boussinesq 
approximation (Gerya, 2010). We also assume that phase changes with 
varying condition of pressure and temperature are quick enough to be 
considered as instantaneous during material advection. A depletion 
buoyancy term is added to the density read from the table outside the 
melt window when required in the mantle lithosphere. This is a 
correction related to the mantle depletion during melting beneath the 
mid oceanic ridge that we add to the density when the mantle leaves the 
melt window. 

In model M2 the density of the mantle depends only on thermal 
expansion without considering phase changes following Eq. 3 and the 
melt prediction is based on a linearized solidus. In model M2 the 
reference density in the sub-lithospheric mantle is set to 3311 kg/m3. 

This value is the calibrated reference mantle density that must be used to 
fit the elevation difference between continents and mid-ocean ridges. 
The calibration procedure is explained below. 

4.2. Melt prediction and related feedback on mantle densities 

In model M1, melt prediction is based on thermodynamic calculation 
using the characteristic fertile mantle composition SP2008 from Simon 
and Podladchikov (2008) (Fig. 6 and 7) The melting solution for dry 
conditions is calculated at equilibrium meaning that there is a mix of 
melt and solid in a closed system (batch melting) Appendix C. We use 
only one thermodynamic solution assuming a linear relationship be-
tween total melt fraction from batch melting and incremental batch 
melting. Calibration of this parameter to fit the predicted 6.5 km thick 
oceanic crust provides a value of ϕ/ϕbatch = 0.55, consistent with earlier 
modeling (e.g., Hirschmann et al. (1998)) (Fig. S10). In model M1, 
mantle material produces additional melt only if the predicted melt 
fraction ϕ is higher than the highest melt fraction encountered during its 
history. 

In model M2, melt prediction is based on a linearized mantle solidus 
(e.g., Lu and Huismans, 2021; Nielsen and Hopper, 2004; Scott, 1992; 
Simon et al., 2009) Appendix B. The linear mantle solidus approach is 
based on the parametrization by McKenzie and Bickle (1988) and is 

Table 3 
Thermal, melt production and rheological parameters.  

Thermal parameters 

Mantle potential temperature Tp 
◦C 1280 

Adiabatic gradient δT
δz 

K⋅km− 1 0.4 

Thermal conductivity k W⋅m− 1⋅K− 1 2.25 
Crustal specific heat capacity cp J⋅K− 1⋅kg− 1 1050 
Mantle specific heat capacity cp J⋅K− 1⋅kg− 1 1270 
Continental crust heat production rate H W⋅m− 3 0.9⋅10− 6 

Crustal thermal expansion (and mantle in model M2) αT K− 1 3.0⋅10− 5 

Mantle thermal expansion (model M1) α(P,T) K− 1 from thermodynamic calculations (Fig. S8) 
Mantle compressibility (model M1) β(P,T) Pa− 1     

Change in entropy on melting ΔS J⋅kg− 1⋅K− 1 400  

Melt production parameters 

Solidus surface temperature (model M2) TS0 
◦C 1090 

Damp solidus surface temperature (model M2) TS0wet 
◦C 890 

Solidus depth derivative (model M2) δTS

δz

⃒
⃒
⃒
⃒
X 

K⋅m− 1 3.4⋅10− 3 

Solidus depletion derivative (model M2) δTS

δX

⃒
⃒
⃒
⃒
z 

K 440 

Incremental batch melting coefficient (model M1) ϕ/ϕbatch – 0.55  

Rheological parameters 

Effective viscosity range μeff Pa.s 1018 − 1027 

Strain weakening range ε1 − ε2 % 5 − 105 
Angle of internal friction ϕeff 

◦ 15 
Strain weakened angle of internal friction ϕeff 

◦ 2 (4 in the mantle) 
Cohesion C MPa 20 
Strain weakened cohesion C MPa 4 (20 in the mantle)  

Dislocation creep flow laws parameters    

UC LC CLM SLM 
Flow law – – WQ DIA WO WO 
Scaling factor f – 1 0.1 5 1 
Power law exponents n – 4 4.7 3 3 
Activation energy Q kJ⋅mol− 1 222.81 485 429.83 429.83 
Power law constant A Pa− n⋅s− 1 8.574⋅10− 28 5.77904⋅10− 27 1.758⋅10− 14 1.758⋅10− 14 

Activation volume V m3⋅mol− 1 0 0 15⋅10− 6 15⋅10− 6 

Flow laws are based on power law with creep parameters from Gleason and Tullis (1995) for Wet Quartz (WQ), Karato and Wu (1993) for Wet Olivine (WO) and 
Mackwell et al. (1998) for Dry Diabase (DIA) Appendix A. UC = Upper-Crust, LC = Lower-Crust, CLM = Continental Lithospheric Mantle and SLM = Sub-Lithospheric 
Mantle. 
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justified since the solidus is almost linear up to pressures of approxi-
mately 4 GPa (120 km depth). The melt model considers depletion and 
the change of the solidus with increasing total melt fraction. 

Melt prediction is coupled to the thermo-mechanical model through 
the use of the lithostatic pressure (model M1) or depth (model M2) and 
temperature. The model accounts for feedback from latent heat by 
melting on temperature, from melt weakening and dehydration 
strengthening on viscosity, and density Appendix D. 

Feedback of melting on density is different for models M1 and M2. 
The feedback of melting on mantle density has two different effects: (1) 
Melt buoyancy (Δρm) related to in situ melt retention (Eq. 4) (Scott and 
Stevenson, 1989) and (2) compositional or depletion buoyancy (ΔρX) 
related to progressive depletion of the melt source in heavy elements (Al, 
Ca, Fe, Si) with increasing total melt fraction (Oxburgh and Parmentier, 
1977; Jordan, 1979; Afonso and Schutt, 2012; Schutt and Lesher, 2006). 
Melt buoyancy is computed similarly for model M1 and M2 except that 
in M1 the melt density is provided by the thermodynamic solution while 
model M2 uses a user-defined constant melt density, ρm so that 
maximum melt buoyancy is given by: 

Δρm = − (ρ0 − ρm)ϕret (4)  

where ϕret is the melt retention fraction in the residual. For model M2, 
the depletion buoyancy is computed using the following parametric 
relation: 

ΔρX = −
ρ0 − ρXref

Xref − 1

(

1 −
1
X

)

(5)  

where X is the concentration of a perfectly compatible trace element, 
and ρXref 

is the density of the residue at Xref (Scott, 1992; Nielsen and 
Hopper, 2004). 

For model M1, the depletion buoyancy is calculated using the ther-
modynamic solution at equilibrium for dry melting conditions. Similarly 
to the determination of the melt fraction it is theoretically not possible to 
directly use this solution to determine the density distribution inside the 
melt window or for mantle that experienced melt extraction. However, 
the thermodynamic solution for the density of the solid during melting 
does not exhibit phase change related density changes and is mostly a 
function of the melt fraction and mantle potential temperature (Fig. 6a 
and supplemental Fig. S12). We also note that the reference density at 
the onset of melting, i.e. on the dry solidus, along the adiabat is almost 
constant, about 3396 kg/m3 for mantle potential temperature lower 
than 1350 ◦C. We use this observation to define a self-consistent rela-
tionship between depletion buoyancy and increasing melt fraction 
assuming that the density of the residuum calculated at equilibrium is 
close to the one considering fractionation during melting (Fig. S12): 

ΔρX =

{
− 3.8ϕ, if ϕ < 7.5
− (24.84 + 0.488ϕ), otherwise (6)  

This relationship predicts about 1% density reduction for 20% melt 
extraction, in agreement with previous studies (Schutt and Lesher, 2006; 
Afonso and Schutt, 2012). 

There is no solution to properly estimate density of mantle that went 
through the melt window using only one thermodynamic solution. We 
estimate the density of material that has gone through the melt window 
by tracking the maximum depletion buoyancy experienced during 
melting and apply this to the P-T dependent density of the fertile ther-
modynamic solution. This results in a small overestimation of the effect 
of the spinel to plagioclase phase transition on density. The depleted 
mantle exhibits a smooth density transition from garnet to spinel to 
plagioclase (Fig. 7) (Simon and Podladchikov, 2008). Just using one 
thermodynamic composition table results in a wide plagioclase domain 
with a reference density of about 3250 − 3275 kg/m3 when the hot and 
low-pressure mantle leaves the melt window while this domain should 
be characterized with a reference density of about 3300 kg/m3 for a 

depleted mantle (Fig. 7). Adding a depletion buoyancy term to the 
mantle that went through the melt window enhances this effect resulting 
in an underestimate of the density increase with the cooling oceanic 
lithosphere away from the ridge. However, we show that this has a 
minor effect on MOR elevation which mostly depends on densities inside 
the melt window (see supplemental model SM1b on Fig. S15). We use 
the melt prediction to compute an average constant oceanic crustal 
thickness with a reference density at T = 0◦C set to 2900 kg/m3 which 
varies with temperature (Eq. 3). The oceanic crust is included in the 
model by applying a phase change to the oceanic sub-lithospheric 
mantle shallower than the predicted average oceanic crust thickness. 
When the mantle material reaches a depth relative to seafloor elevation 
lower or equal to the reference oceanic crustal thickness (∼6 km), ma-
terial color and density change to those of bulk oceanic crust material. 
Oceanic crust keeps the same rheology, i.e. fully frictionally weakened 
material to avoid strain localization (e.g., Theunissen and Huismans, 
2022). 

5. Thermo-mechanical modelling results 

We first present results of the 2-D thermo-mechanical model M1 from 
continental rifting to steady state mid-ocean ridge (MOR) spreading and 
then compare this to results of model M2. These simulations predict the 
elevation and the density structure beneath the MOR. Model M1 is used 
as a reference and includes densities obtained from thermodynamic 
solutions. Model M2 uses densities that depend on thermal expansion 
and temperature only. 

5.1. Model M1 

Reference model M1 (Fig. 8) has mantle densities and melt predic-
tion based on thermodynamic tables of the fertile mantle with compo-
sition SP2008 (Simon and Podladchikov, 2008) that provides a good 
match with geophysical observations for the Earth upper-mantle (Sec-
tion 3, Fig. 6 and Table 2). M1 has a strong crustal rheology with a 
decoupling layer in the viscous mid crust. Deformation follows three 
phases: 1) upper-crustal and upper-mantle normal faulting and viscous 
necking, 2) distal margin formation and lithosphere breakup, and 3) 
seafloor spreading. Phase 1 (0–2.7 Ma) (see supplementary video M1 for 
full time evolution) results in a highly asymmetric graben. Phase 2 
(2.7–4 Ma) exhibits crustal necking coupled with the buoyant and hot 
exhuming sub-lithospheric mantle resulting in efficient crustal thinning 
and lithospheric breakup at 4 Ma. Partial melting starts at the beginning 
of phase 2 at about 2.5 Ma. We observe melt addition in the distal 
margin and a sharp transition to normal oceanic crustal thickness. A 
steady-state oceanic spreading center (phase 3), with production of a 
stable and constant thickness oceanic crust of 6.5 km, is established soon 
after lithospheric breakup. The mid-ocean ridge is at − 2742 m below 
sea level while the elevation of the stable continental lithosphere (top of 
the model) is at +400 m. At 17 Ma, after 12.2 Myrs of active spreading, 
the oceanic seafloor has an elevation of − 3000 m below sea level at the 
continent-ocean boundary. 

5.2. Model M2 

Reference model M2 (Fig. 9) only differs from model M1 in the way 
lithospheric and sub-lithospheric mantle densities and melt prediction 
are calculated using the classical Boussinesq approximation considering 
only the effect of constant thermal expansion on densities, and melt 
prediction based on a linearized solidus (e.g., Section 4.2 and Appendix 
B). The overall model evolution is similar to model M1 with some small 
differences. Phase 1 initial graben formation (0–2.5 Ma) is slightly 
shorter than in model M1. Phase 2 distal margin formation and litho-
spheric breakup is similar to model M1 and leads to a time of breakup of 
about 4.1 Ma. Phase 3 steady-state spreading results in production of 
stable oceanic crust with a thickness of 6.5 km soon after lithospheric 
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breakup. The mid-ocean ridge is at an elevation of − 2743 m below sea 
level while the stable continental lithosphere (model top) is at +400 m 
above sea level. At 17 Ma, after about 12 Myrs of active spreading, the 
elevation of the oceanic seafloor reaches − 3550 m at the continent- 
ocean boundary. 

5.3. Model comparison 

Models M1 and M2 represent two simulations among many models 
that we have run. For the parameters in these models the predicted 
elevation difference between the mid-ocean ridge and the stable conti-
nental lithosphere provides a good fit with values observed on Earth (e. 
g., Section 2). However we note that the predicted elevation difference is 
highly sensitive to the value of the crustal density and the degree of 
depletion of the lithospheric mantle. For example using a depletion 
buoyancy of zero in the continental lithospheric mantle in model M1 
results in a mid-ocean ridge depth of 2350 m below sea level with a 
continent at +400 m elevation (e.g., Supplemental Fig. S15). Consid-
ering M2, using the same reference density for the continental litho-
spheric mantle and the sub-lithospheric mantle of 3300 kg/m3, as is very 
common in geodynamic models, results similarly in a mid-ocean ridge 
depth that is 2210 m below sea level, much smaller than observed. We 

also note that supplementary model SM2b, equivalent to model M2 
without melt prediction and associated related feedback on density and 
that uses the same reference density for the continental lithospheric 
mantle and the sub-lithospheric mantle of 3300 kg/m3, results in an 
over-estimated mid-ocean ridge water depth of 3 km assuming a 6.5 km 
thick oceanic crustal layer on top, and of 4.2 km MOR depth assuming no 
oceanic crust (e.g., Supplemental Fig. S15). 

5.4. Sensitivity to spreading rate 

We next test the sensitivity of mid-ocean ridge elevation on 
spreading rate for model setup 1 and 2 (Fig. 11). At full spreading rates 
higher than 2 cm/yr, MOR elevation and magmatic production are 
approximately constant, respectively − 2750 m and 6.5–7 km, in 
agreement with observations. At low spreading rates magmatic oceanic 
crustal thickness decreases rapidly, associated with progressive 
increasing of the MOR water depth from 3100 m at 1 cm/yr to limit 
values of 3400 m at 0.75 cm/yr full spreading rate. This is consistent 
with observations made on Earth where average elevation decreases to 
about − 3100 m and − 3300 m at respectively 1 cm/yr and 0.75 cm/yr 
full spreading rates (Fig. 2). 

Fig. 8. Snapshot of model M1 after 17 Myrs of extension including 12 Myrs of seafloor spreading at 3 cm/yr full spreading rate. Mantle density and melt prediction 
are from the thermodynamic solution using fertile mantle composition SP2008 (see Tables 1 and 2 and Fig. 6). The average predicted oceanic crustal thickness 
between the two rifted conjugate passive margins is 6.5 km. Gray color represents plastic strain weakened areas; red color represents areas with strain rate higher 
than 10− 14 s− 1. 
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6. 1-D calibration of crustal and mantle densities 

The 2-D models demonstrate that the choice of the reference den-
sities of the crust, the continental lithospheric mantle, and the sub- 
lithospheric mantle control the elevation difference between stable 
continental lithosphere and the mid-ocean ridge. Here we calibrate the 
density structure of two 1-D reference columns against the observed 

elevation difference between active mid-ocean ridges and stable conti-
nents assuming local isostatic compensation (Fig. 1 and Table 4). First 
we define the two reference columns. We then establish the density 
structure of the mid-ocean ridge and use this as a reference to obtain the 
elevation difference with a column of continental lithosphere for vary-
ing crustal density and lithospheric mantle depletion. 

6.1. Definition of two reference columns 

The main reference column is representative of the active MOR far 
from hotspots with full spreading rates higher than 2 cm/yr (Fig. 2). For 
the oceanic crust, we use a reference thickness of 6.5 km and a reference 
density of 2900 kg/m3 that results in an average oceanic crustal density 
of ∼ 2875 kg/m3 at the MOR considering the effect of thermal expan-
sion, in agreement with global estimates (e.g., Carlson and Raskin, 1984; 
Tenzer and Chen, 2019). For the mantle, we use the density as a function 
of depth at the spreading mid-ocean ridge extracted from the 2-D 
thermo-mechanical model M1 that is coupled to the thermodynamic 
solution based on the reference fertile mantle composition SP2008. 
Below the oceanic crust three domains can be distinguished (Fig. 10a). A 
4 km thin layer with low density ∼ 3100 kg/m3 dominated by plagio-
clase, a second 55 km thick domain representing the melt window below 
the ridge where density slowly increases with depth and with decreasing 

Fig. 9. Snapshot of model M2 after 17 Myrs of extension including 12 Myrs of seafloor spreading at 3 cm/yr full spreading rate. Constant reference mantle density 
with thermal expansion and melt prediction using linearized mantle solidus. The average predicted oceanic crustal thickness between the two rifted conjugate passive 
margins is 6.5 km. Gray color represents plastic strain weakened areas; red color represents areas with strain rate higher than 10− 14 s− 1. 

Table 4 
The two reference columns for Earth as defined in this study.  

Reference MOR column 

Full-spreading rate 3 cm/yr (active spreading) 
Distance to any hotspots >1000 km 
Oceanic crustal thickness 6.5 km 
Elevation − 2750 ± 250m  

Reference continental column 

crustal thickness 35 km 
lithospheric thickness 125 km 
Approximate age Early Phanerozoic 
strain rate ε̇H < 10− 16s− 1 (stable) 
Distance to any hotspots >1000 km 
Elevation + 400 ± 400m  
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melt fraction toward the base of the melt window and, below that a 
domain that exhibits quasi-linear increasing density with depth along 
the adiabat. The average depletion buoyancy of the mantle between the 
base of the oceanic crust and a depth of 125 km beneath the MOR 
resulting from melt extraction is − 11.8 kg/m3 with a maximum of 
∼ − 33.5 kg/m3 at the top of the melt window (Fig. 8b). 

The second column represents stable continental lithosphere far from 
hotspots (Fig. 4). We use a reference continental crustal thickness of 35 
km (e.g, Fig. 5 and a reference lithospheric thickness of 125 km, 
representative of Phanerozoic lithosphere (Artemieva, 2006) (e.g., 
Section 2 and Fig. 5d). For the crust we assume that the density only 
depends on thermal expansivity for a given reference density at 0◦C. For 
the continental mantle lithosphere we assume that the density variation 
with depth is controlled by the fertile mantle composition offset by a 
constant density contrast resulting from depletion. We use a 1-D 
analytical solution of the steady-state geotherm that reflects average 
values for Phanerozoic continental lithosphere (Table 3) (Hacker et al., 

2015) to compute the density distribution as a function of depth by 
reading the P-T dependent density maps of the reference fertile mantle 
composition also used for the oceanic lithospheric column. The density 
variation with depth for crustal reference density of 2835 kg/m3 and a 
continental mantle lithosphere depletion buoyancy ΔρX = − 10 kg/m3 

(values used in model M1) is shown in Fig. 10a. 

6.2. 1-D calibration procedure 

We next use the density structure of the two reference columns to 
compute their elevation difference assuming local isostatic compensa-
tion at a depth of 125 km. We compute the 1-D lithostatic pressure for 
these two columns including the water load on top of the oceanic col-
umn. We determine the continental lithospheric thickness Hcont that 
provides a pressure equal to the pressure for the MOR reference column 
at the compensation depth. The difference in column height gives the 
total elevation difference between the continent and the MOR following: 

Fig. 10. 1-D calibration of the relative elevation between continent and MOR. A compensation depth of 125 km is used in the 1-D local isostatic calculations (Fig. 1 
and Eq. 7). a, density structure at the MOR from model M1. Note that model density includes the effect of compressibility. b, 1-D isostatic calibration and calibration 
of the average crustal density and the average depletion buoyancy of the reference 125 km thick Phanerozoic continental lithosphere to fit the elevation of the 
continent. c, density structure at the MOR from model M2. Note that model density only includes the effect of temperature through thermal expansivity. d, knowing 
the average crustal density 2835 kg/m3 and the average depletion buoyancy of the CLM − 10 kg/m3 from (b,) the 1-D isostatic calculation provides the reference 
density of the sub-lithospheric mantle in model M2. 
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hcont +W = Hcont − Hridge (7)  

where hcont is the elevation of the continental column, W the water depth 
at the mid-ocean ridge, Hcont the thickness of the continental column and 
Hridge the thickness of the MOR column (Fig. 1). Hcont is the lithospheric 
thickness and corresponds to HL + hcont, while HL is the lithospheric 
thickness relative to sea level (Fig. 1). HL is fixed at 125 km which is the 
compensation depth in our calculations. 

For consistency, we compare the analytical solution to the difference 
in elevation predicted by the 2-D thermo-mechanical model using the 
same reference densities, composition and depletion. The two solutions 
exhibit a small difference that is caused by secular cooling of the con-
tinental lithosphere in the 2-D model as compared to the 1-D thermal 
steady-state analytical solution and by the effect of dynamic pressure 
deviating from the lithostatic pressure in the 2-D model Appendix D. In 
order for the 1-D analytical computation to reproduce the elevation 
difference in the 2-D thermo-mechanical model a very small correction 
of − 0.4 kg/m3 in the MOR mantle is required. At this stage, the 1-D 
analytical solution based on the two reference columns (Table 4) can 
be used to test the sensitivity of the elevation difference between 
continent and MOR to continental crustal density and to the depletion 
buoyancy of the continental lithospheric mantle. 

6.3. Results of the 1-D calibration of crustal and mantle densities 

We now vary both the reference crustal density ρ0,crust and the con-
tinental mantle lithosphere depletion buoyancy ΔρX,CLM systematically 
to compute the continental elevation hcont assuming a water depth of 
W = 2750 m on top of the mid-ocean ridge column (Fig. 10b). Conti-
nental elevation varies linearly with crustal density and average 
depletion buoyancy of the CLM. The resulting contour for 400 m con-
tinental elevation shows a trade-off between crustal density and conti-
nental mantle lithosphere depletion buoyancy. The values used in model 
M1 for reference crustal density (ρ0,crust = 2835 kg/m3) and continental 
mantle depletion (ΔρX,CLM = − 10 kg/m3) illustrate the match of the 
continental elevation between 2-D model prediction and analytical so-
lution (Fig. 10b). We also indicate the 0 m and 800 m contours for 
continental elevation as this shows the domain with permissible eleva-
tions for observed Phanerozoic lithosphere with a crustal thickness of 
35 km (Fig. 5). Model M1 (ρ0,crust = 2835 kg/m3 and ΔρX,CLM = − 10 kg/ 
m3) does fit the water depth 2750 m at the MOR and the average 
elevation +400 m of the reference continental column. We note that a 
depletion buoyancy of − 10 kg/m3 is in agreement with the average 
depletion buoyancy calculated using the bulk composition YLM2 char-
acteristic of a Phanerozoic lithosphere (Table 2). 

We use the calibrated average continental crustal density and 
depletion buoyancy based on the thermodynamic consistent approach 
above to establish the reference densities that can be used for conti-
nental mantle lithosphere and sub-lithospheric mantle in models that 
follow the classic Boussinesq approximation where density depends on 
thermal expansivity. Assuming a reference crustal density of ρ0,crust =

2835 kg/m3, a characteristic mantle lithosphere depletion of − 10 kg/ 
m3 and a continental elevation of 400 m allows computing a reference 
density ρ0 for the sub-lithospheric mantle of ∼ 3310 kg/m3 at 0◦C (Note 
that the actual continental mantle lithosphere reference density ρ0,CLM is 
offset by the depletion buoyancy ΔρX,CLM as ρ0,CLM = ρ0 − ΔρX,CLM =

3300 kg/m3) (Fig. 10d). 

7. Discussion 

The combined results from 2-D thermo-mechanical and 1-D isostatic 
calculations show that the relative elevation difference between mid- 
ocean ridges and continents depends on crustal density, mantle 
composition and density distribution, and the degree of depletion of the 
lithospheric mantle in the reference case (35 km thick continental crust 

and 85 km thick continental lithospheric mantle). The use of self- 
consistent thermodynamic calculations allows the calibration of 
mantle densities beneath the mid-ocean ridge and in the lithospheric 
mantle. We will next make a comparative analysis of models M1 and M2. 
We will then discuss the variability of crustal and mantle densities by 
comparing with other independent estimates and by calculating the 
influence of changes in the temperature structure and lithosphere 
thickness. We will finally discuss limitations of the approach developed 
in this study. 

7.1. Toward a calibration of reference mantle densities in geodynamic 
modelling 

Model M2 that is based on the classical Boussinesq approximation 
where density only depends on temperature is used to calibrate the 
reference density of the mantle to fit the characteristic elevation dif-
ference between stable continents and mid-ocean ridges (Fig. 10c and 
d). Combined results from geodynamic model M1 where mantle den-
sities are constrained by thermodynamic calculations (Fig. 8 and 1-D 
isostatic calculations (Fig. 10b) show that the average crustal density 
ρc and continental mantle lithosphere depletion that fit the observed 
elevation difference between 125 km thick stable Phanerozoic conti-
nental lithosphere with a 35 km thick crust at +400 m elevation and 
mid-ocean ridge at 2750 m water depth follow this relation: 

ρc = − 2.5ΔρX,CLM + 2783 (8)  

where ρc is the average crustal density, ΔρX,CLM the average depletion 
buoyancy of the continental lithospheric mantle, and a reference density 
of the sub-lithospheric mantle ∼ 3310 kg/m3 at 0◦C (See also supple-
mental Fig. S14). We note that this dependency includes mantle deple-
tion through melting beneath the mid-ocean ridge with values consistent 
with those from thermodynamic calculations (e.g., Figs. 8b and 9b). 
Without considering mid-ocean ridge melting but including 6.5 km thick 
oceanic crust such as in model M2, would require a lower reference 
mantle density 3275 kg/m3 at 0◦C to fit the elevation difference between 
stable continents and MOR (See also supplemental Fig. S15). 

7.2. Average crustal densities and CLM depletion buoyancy 

Gravity inversion, conversion from seismic wave velocity, and global 
joint inversion are commonly used to assess the density structure in the 
Earth (Afonso et al., 2019; Fullea et al., 2021; Christensen and Mooney, 
1995; Zoback and Mooney, 2003; Tenzer et al., 2015; Hasterok and 
Chapman, 2007; Karabulut et al., 2019; Artemieva, 2019; Globig et al., 
2016). Based on global seismological datasets average continental 
crustal density is estimated to ∼ 2835 kg/m3 for a typical 35–40 km 
thick continental crust (Christensen and Mooney, 1995; Zoback and 
Mooney, 2003; Tenzer et al., 2015). Regional studies and seismological 
inversions indicate a high variability of crustal density around the mean 
value with a range [2750 − 2900] kg/m3 (Hasterok and Chapman, 2007; 
Karabulut et al., 2019; Artemieva, 2019; Globig et al., 2016; Crosby 
et al., 2010; Fullea et al., 2021) (Table 6). We note that average crustal 
density increases with crustal thickness (Zoback and Mooney, 2003; 
Artemieva, 2019). Here, however, we restrict ourselves to stable conti-
nental areas with average crustal thickness ∼ 35 km and elevations 
+400 ± 400 m (Fig. 5). 

We use a reference crustal density of 2835 kg/m3 at 0◦C. Density in 
the crust in our models only depends on temperature (Eq. 3) and the 
average continental crustal density for models 1 and 2 is therefore 2808 
kg/m3 (Table 5). Our results show that this crustal density requires a 
continental mantle depletion buoyancy of − 10 kg/m3 (Fig. 10 and Eq. 
8). Using an average continental crustal density consistent with the 
global average (2833 kg/m3) requires a depletion of − 20 kg/m3 to fit 
the elevation difference between MOR and continents (Table 5). We note 
that a depletion buoyancy of − 20 kg/m3 is in agreement with the 
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average depletion buoyancy calculated using the bulk composition 
YLM3 characteristic of a Phanerozoic lithosphere (Table 2). Using the 
upper-bound of inferred average continental crustal density (∼ 2900 kg/ 
m3) requires a depletion of − 48 kg/m3 which is significantly higher 
than the average depletion buoyancy inferred from characteristic 
Phanerozoic bulk mantle compositions based on thermodynamic 

calculations (e.g., Table 2). 

7.3. Average depletion buoyancy of the CLM 

We compute continental mantle depletion buoyancy required to fit 
the elevation difference for varying lithosphere thickness using a 125 km 
thick lithosphere column, with an average crustal density of 2833 kg/m3 

and depletion − 20 kg/m3 as a reference. Assuming the same reference 
crustal thickness and density among different tectonic terranes, the 
average depletion buoyancy required to fit the observed elevation dif-
ference between ridge and stable continent increases with increasing 
lithosphere thickness (Fig. 12 and 13). A lithosphere thickness in the 
range [140 − 180] km, typical for Proterozoic areas (Artemieva, 2006), 
requires average mantle depletion in the range [ − 27; − 37] kg/m3, while 
a 280 km thick lithosphere requires an average depletion of about 
ΔρX = − 50 kg/m3 with a lower limit of − 53.5 kg/m3 (Fig. 12). We note 
that the variation of continental mantle lithosphere depletion buoyancy 
is consistent with our thermodynamic computed densities for mantle 
lithosphere composition of varying age (Table 2). 

Composition and depletion buoyancy of the CLM may vary with 
depth (Gaul et al., 2000; Afonso et al., 2008; O’Reilly and Griffin, 2006; 
Griffin et al., 2008; Forte and Perry, 2000; Artemieva, 2009). For 
Archean terranes with 280 km thick lithosphere, Afonso et al. (2008) 
provided a good fit to the elevation and geoid using a layered conti-
nental mantle lithosphere with composition that varies with depth: 120 
km thick upper-mantle lithosphere with ALM0 composition, 90 km thick 
mid lithospheric mantle layer with ALM2 composition, and 30 km lower 
lithospheric mantle with YLM2 composition (Table 1). Converting this 
layered density distribution to an average mantle lithosphere depletion 
gives ΔρX = − 53.5 kg/m3 which is consistent with the maximum 
average depletion found here for 280 km thick lithosphere (Fig. 12). We 
note that the average depletion buoyancy of the continental lithospheric 
mantle with models that only depend on temperature and that do not 
include phase changes is slighty higher for thicker lithospheres than 
with models that are coupled with thermodynamic calculations (Fig. 12a 
and 13). Fig. 13 shows the resulting density structure for three charac-
teristic continental lithospheric columns (Phanerozoic, Proterozoic, 
Archean) and for a typical mid oceanic ridge column calibrated with the 
observed elevation difference between stable continental lithosphere 
and a mid oceanic ridge, which can directly be used in modeling. 

7.4. Variability of MOR/continent elevations 

Average elevation of stable continents characterized by a crustal 

Table 5 
End-members values for the average continental crust density from modeling 
results.  

ρckg/m3 ΔρX,CLM ρ0(α) ρ0(α,β)

2808 − 10 2835 (M1 and M2) 2821.5 
2823 − 16 2850 2837 
2833 − 20 2860 2846 
2850 − 27 2877.5 2864 
2902 − 48 2930 2917 

The last column provides the corresponding average reference density when 
combining the effect of temperature and pressure on density with depth (here we 
use constant compressibility of 10− 11 Pa− 1). Models M1 and M2 are calibrated 
using the lowest estimate of the average crustal density. The end-member 
depletion buoyancy of − 20 kg/m3 also provide a reasonable average conti-
nental density in agreement with global estimates (Table 6). The last row (ρc =

2902 kg/m3) results in an overestimation of the depletion buoyancy of the 
reference Phanerozoic CLM (ΔρX,CLM = − 48≪ − 20 kg/m3) based on results of 
thermodynamic calculations.  

Table 6 
A selection of calculated average crustal density on Earth.  

ρckg/m3 Type Reference 

2835 Global - Velocity waves conversion to density Christensen and 
Mooney (1995) 

2837 Global - Velocity waves conversion - Regression 
with crustal thickness 

Zoback and Mooney 
(2003) 

2830 Global - Crust1.0 Tenzer et al. (2015) 
2846 Regional - North America - Velocity waves 

conversion to density 
Hasterok and 
Chapman (2007) 

2850 Regional - Anatolian-Aegean - Inversion of the 
density contrast at the Moho and Pn waves 
conversion to density 

Karabulut et al. 
(2019) 

∼ 2820 Regional - European - Seismic waves 
conversion and thermal isostasy Artemieva (2019) 

2790 Regional - Africa - Local isostasy with little care 
of mantle densities 

Globig et al. (2016)  

Fig. 11. Melt prediction models with respect to spreading rate. M1 (red) and M2 (orange). a, comparison of ocean crustal thickness from our models with obser-
vations from Louden et al. (1996); Christeson et al., 2019; White et al., 2001. b, water depth at the MOR versus spreading rate in our models. 
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thickness of 35 ± 5 km is as shown +400 ± 400 m (Figs. 4 and 5). The 
results from the 1-D isostatic calculations show that the variability in 
elevation can be explained by a variation in either crustal density or 
mantle depletion buoyancy in the reference case (35 km thick 

continental crust and 85 km thick continental lithospheric mantle). A 
difference in crustal density of ±35 kg/m3 for a fixed depletion buoy-
ancy in the CLM or a difference of ±15 kg/m3 of the depletion buoyancy 
in the CLM for a fixed crustal density can explain a variability of ±400 m 

Fig. 12. 1-D computation of the average depletion buoyancy ΔρX of the CLM for different lithosphere thickness. a, All 1-D continental lithospheric columns fit the 
same continental elevation +400 m and the same water depth at the MOR 2750 m. We use here the end-member ρ0,crust = 2860 kg/m3 and ΔρX,CLM = − 20 kg/m3 in 
the initial 125 km thick reference column because it provides a good fit to global average continental crust density about 2835 kg/m3 and is in agreement with the 
depletion buoyancy calculated for the bulk composition YLM3. The orange curve uses density structure from model type M2 (constant thermal expansion). The red 
curve uses density structure from model type M1 where the depletion buoyancy is applied to the reference densities read in the thermodynamic P-T density tables. 
When using thermodynamic calculations (red curve), the average depletion buoyancy of the CLM depends on the bulk composition. The red curve uses the fertile 
SP2008 composition characteristic of the sub-lithospheric mantle corrected from the depletion buoyancy. The red shaded area corresponds to results using other bulk 
compositions provided in this study (Table 1). b, geotherms used to compute the 1-D isostatic calculation. Heat flow varies from 51 mW/m2 to 41 mW/m2 and Moho 
temperature varies from 550 ◦C to 390 ◦C respectively for lithospheric thickness from 125 to 280 km. 

Fig. 13. Reference crustal and mantle densities calibrated to fit the relative continent/mid-ocean ridge elevation in agreement with geophysical and thermodynamic 
observations. The reference densities and the depletion buoyancy of the CLM for various lithospheric thickness given here corresponds to model M2 where densities 
only depend on temperature similarly to the orange curve in Fig. 12a. 
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(Fig. 10). Alternatively, variations of the temperature distribution in the 
lithosphere may lead to crustal and mantle density variations. A dif-
ference in Moho temperature of 100◦C results in a change of the average 
crustal density of 5 kg/m3 and an average CLM density difference of 5 
kg/m3 and corresponds to half of the variability of continental elevation, 
i.e. about 200 m. These variations in Moho temperature, crust and 
mantle densities are within the uncertainty of values expected on Earth 
(Jaupart et al., 2016; Christensen and Mooney, 1995; Zoback and 
Mooney, 2003; Tenzer et al., 2015; Artemieva, 2019; Griffin et al., 1999; 
Gaul et al., 2000; Afonso et al., 2008; O’Reilly and Griffin, 2006; Griffin 
et al., 2008; Lamb et al., 2020; Crosby et al., 2010). 

Average elevation of active mid-ocean ridges far from hotspots is as 
shown − 2750 ± 250 m (Fig. 2). MOR water depth is well reproduced by 
our results for full spreading rates in the range [0.75–6] cm/yr (Fig. 11). 
We do not explain the enigmatic higher water depth (∼ 3000 m) for full 
spreading rates higher than 9 cm/yr (Fig. 2). We suggest that this may be 
the result of highly efficient hydrothermal cooling and complex inter-
action of the top of the melt window with the oceanic crust at the ridge 
axis both not included in our modelling approach (e.g., Crameri et al., 
2019; Li et al., 2017; Grose and Afonso, 2013). The results from geo-
dynamic modelling coupled with melt prediction also show that the 
variability in elevation of mid-ocean ridges depends on the extend of 
melting which is controlled by spreading rate, mantle temperature, and 
mantle source composition. While we focus here on a reference case 
representative of all mid-ocean ridges far from hotspots, the small var-
iations in elevation of normal ridges (±250 m) can probably be 
explained by differences of the degree of melting, the melt source 
depletion and associated buoyancy, and of oceanic crust thickness 
caused either by small mantle temperature variations or by sub-ridge 
mantle compositional variations leading to different solidus (e.g., Liu 
et al., 2008; Liu et al., 2022; Niu, 2017; Niu, 2021). The anomalous case 
of hotspots that include much larger temperature variations is discussed 
in the next sections. 

The postrift subsidence characteristics of model M2 match well with 
that predicted by half-space cooling models for oceanic lithosphere and 
are in agreement with global subsidence of the ocean floor with an 
elevation of − 3600 m after 12 Ma of oceanic spreading (Fig. 9) (e.g., 
Crameri et al., 2019; Richards et al., 2018, and references therein). In 
contrast model M1 exhibits less subsidence as a function of age, i.e. 
− 3000 m after 12 Ma of oceanic spreading (Fig. 8). This is caused by a 
limitation in our approach for model 1, where the buoyancy of the 
cooling oceanic lithosphere includes both the phase changes associated 
with fertile mantle composition and the depletion buoyancy owing to 
melting. While the predicted water depth at the mid-ocean ridge is 
correct, the model overestimates the buoyancy of the oceanic litho-
sphere outside of the melt window away from the ridge (See supple-
mental model SM1b on Fig. S15). 

7.5. Mantle potential temperature 

Our model is calibrated using a mantle potential temperature of 1280 
◦C, in the range of current estimates on Earth. Mantle potential tem-
peratures can be inferred from petrological and geochemical studies of 
erupted lavas in mid-ocean-ridge and volcanic islands (e.g., Abbott 
et al., 1994; Herzberg et al., 2007; Kojitani and Akaogi, 1997; Matthews 
et al., 2021) and also based on indirect geophysical observations and 
modeling (e.g., McKenzie and Bickle, 1988; Dalton et al., 2014; Richards 
et al., 2018; Grose and Afonso, 2013). Hotspots in the mantle convection 
system are partially responsible for the variability of mantle potential 
temperature. However, recent independent studies suggest that mantle 
potential temperature for mid-ocean ridges far from hotspots, can be 
constrained to a narrow range 1300 ± 50◦C (Fullea et al., 2021; Presnall 
et al., 2002; Dalton et al., 2014; Richards et al., 2018; Grose and Afonso, 
2013; Cammarano and Guerri, 2017). A different choice in mantle po-
tential temperature in our models would have limited effects because 
the melt production is calibrated to fit present day geophysical 

observations, implying no changes in the melt depletion buoyancy and 
oceanic crustal thickness, and because the effect of higher temperatures 
on buoyancy would affect similarly the two reference continental and 
oceanic columns. 

We have considered a homogeneous mantle potential temperature 
for the calibration of mantle densities in the reference case. However, 
mantle potential temperature is associated with significant uncertainty 
and may exhibit lateral variations below continents and could be lower 
or higher than the reference mantle potential temperature beneath mid- 
ocean ridges (Fullea et al., 2021). These variations correlate with the 
size and age of the continents, with the distance to hotspots and sub-
duction zones, and with lithospheric thickness, related to differences in 
secular cooling, hotspot activity and mantle convection (e.g., Reston and 
Morgan, 2004; Jain et al., 2019; Munch et al., 2020; Fullea et al., 2021; 
Sternai, 2020). Shear wave anomalies also suggest a more heteroge-
neous sub-lithospheric mantle beneath continents than below the 
oceanic domain that appears to be linked to the most recent regional 
tectonic and/or magmatic event (Röhm et al., 2000; Schaeffer and 
Lebedev, 2013). Lévy and Jaupart (2011) suggest that the present day 
potential mantle temperature beneath stable continents far from hot-
spots is close to the one beneath mid-ocean ridges. A different mantle 
potential temperature beneath continents would change the tempera-
ture in the continental lithospheric mantle and in the sub-lithospheric 
mantle (upper-mantle 0 − 600 km depth). A moderate difference of the 
temperature at the lithosphere-asthenosphere (< 100 K) boundary 
beneath stable continents far from hotspots would change the calibra-
tion of the average depletion buoyancy estimate of the continental 
lithospheric mantle by less than 10 kg/m3. This potential temperature 
difference would only result in a deviation of continental elevation in 
the order of 100 − 200 m. We note, however, that temperature in the 
mantle is linked to the density distribution and calibrated with 
geophysical observations (e.g., Fig. 7) that do not allow large variations 
in the sub-lithospheric mantle. 

7.6. Anomalous hotspots cases 

While we specifically focus on reference cases for the oceanic and 
continental domains that exclude anomalies such as those related to 
hotspots, we here briefly discuss the implication of anomalously high 
mantle temperature for ridge elevation. We compute the effect of higher 
mantle temperature on oceanic crust thickness, mantle depletion, and 
elevation using the setup of model M2 (Fig. S16). A higher mantle po-
tential temperature results in higher depletion buoyancy of the oceanic 
lithospheric mantle, higher oceanic crust thickness, and consequently 
higher elevation of the mid-ocean ridge. Ridge elevation depends on the 
compensation depth and the bottom limit of the anomalous mantle 
temperature. Oceanic crustal thickness and mid-ocean ridge elevation 
increases linearly with degree of melting linked to increased mantle 
potential temperature or alternatively to lower mantle solidus related to 
mantle composition (e.g., Matthews et al., 2021; Dalton et al., 2014; Niu, 
2017; Niu, 2021). Oceanic crustal thickness provides the main control 
on ridge elevation while increase of mantle depletion buoyancy con-
tributes 30% of the elevation increase. 

The Icelandic hotspot is one of the most prominent examples on 
Earth of the interaction between a mantle hotspot and a mid-ocean 
ridge. A temperature anomaly in the range of  + 45–80 K explains the 
variation of crustal thickness (8.5–12.5 km) and water depth (1600 to 
800 m) of the Reykjanes ridge between the Bight fracture zone (57 ◦N) 
and the southern limit of the Greenland-Iceland-Faroes ridge (63 ◦N), 
assuming a depth extent of the thermal anomaly of about 200 km (e.g., 
(Schaeffer and Lebedev, 2013; French and Romanowicz, 2015)) and a 
mantle source that is the same as our reference case, ignoring along 
strike variations (e.g., Funck et al., 2017; Zha et al., 2022; Martinez 
et al., 2020). A moderate temperature anomaly of +100 K beneath 
Iceland is in the lower range of the most recent petrological-based es-
timate 160 ± 50 K (Matthews et al., 2021), in agreement with estimated 
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values from seismological data, and consistent with predictions from 
geodynamic modeling using a thermal anomaly 50 and 125 K (Vinnik 
et al., 2005; Ribe et al., 1995; Allen and Tromp, 2005). The observed 
average crustal thickness on Iceland (∼ 27.5 km) (e.g., Torsvik et al., 
2015; Funck et al., 2017) combined with a mantle thermal anomaly of 
100 K allows reproducing its mean elevation (∼ +800 m). The inferred 
thermal anomaly of 100 K, however, does not explain the observed 
crustal thickness of 27.5 km on Iceland which requires invoking either 
active mantle upwelling, a more fertile and/or more hydrated mantle 
source, or a pre-existing 10–15 km thick continental crust beneath the 
Greenland-Iceland-Faroes ridge (e.g., Torsvik et al., 2015; Foulger et al., 
2020; Martinez et al., 2020). 

7.7. Comparison with previous studies 

Previous studies have attempted to evaluate controls on continent 
and ocean elevation (e.g., Lamb et al., 2020; Afonso et al., 2008; Fullea 
et al., 2021). The results from Fullea et al. (2021) include a 3-D density 
model of the Earth upper-mantle based on a joint inversion of surface- 
wave phase velocities, surface heat flow, elevation, and gravity that 
can be compared with our results. Their model includes a thermody-
namic framework that solves for the mineral assemblage using the Gibbs 
free energy minimization approach for temperatures higher than 500 ◦C 
using 5 components CFMAS composition and database from Stixrude 
and Lithgow-Bertelloni (2011) similarly to our study. We use a 7 com-
ponents NCFMASCr system and take into account the thermal structure 
beneath the MOR, associated MOR melting and source depletion. We 
show that Cr is important to better constrain the plagioclase and spinel 
fields which is not included in Fullea et al. (2021). We also show that 
properly including the MOR thermal structure and associated melt 
prediction is critical to properly estimate density variations in the 
reference MOR column (see also, Afonso et al., 2008), which is not 
included in Fullea et al. (2021). We note that the global tomography 
from Fullea et al. (2021) provides a good estimate of the depth of the 
lithosphere-asthenosphere boundary and gives interesting insights into 
lateral compositional variations in the mantle. In particular, their 3-D 
model shows that the sub-lithospheric mantle is heterogeneous but 
that resulting density variations are small ±3 − 7 kg/m3 in agreement 
with our assumption to consider the reference sub-lithospheric mantle as 
homogeneous at first order. 

7.8. Limitations 

Our results are consistent with knowledge on density distribution of 
the shallow sub-lithospheric mantle, depletion buoyancy of the CLM, 
crustal densities, MOR and continent elevations. We summarize here the 
main limitations of the approach used in this study. We do not consider 
hydrothermal circulation that may modify cooling of the oceanic lith-
osphere (e.g., Crameri et al., 2019; Li et al., 2017; Grose and Afonso, 
2013). The resulting effect on MOR elevation is small in the order of 100 
m (Grose and Afonso, 2013). We use constant bulk thermal properties 
for the crust and the mantle. Variable thermal properties would change 
the temperature distribution with depth and consequently change the 
calibrated densities. However, this does not affect the main conclusions 
of the work presented here. Our models do not include self-consistent 
two-phase flow modelling of melt extraction and migration that would 
likely result in a different density distribution beneath the MOR (e.g., 
Behn and Grove, 2015; Crameri et al., 2019). This may change the actual 
calibrated densities but we anticipate that this would only result in a 
small change of the elevation difference between MOR and stable con-
tinents. Our geodynamic model M1 uses only one mantle composition 
and associated thermodynamic solution resulting in an underestimate of 
the density increase with oceanic lithosphere cooling away from the 
ridge. This has a minor impact on the prediction of the density distri-
bution and water depth of the mid-ocean ridge and results in a too slow 
thermal subsidence with age. A more accurate modelling approach 

would require efficient real time thermodynamic computation during 
particle advection. 

8. Conclusion 

Here we provide a new analysis of the elevation of stable continental 
areas and mid-ocean ridges. We use 1-D and 2-D models that include 
petrologic thermodynamically consistent density distribution within the 
continental lithospheric mantle and beneath the mid-ocean ridges to 
predict the relative elevation between these domains. The resulting 
densities for the crust, continental mantle lithosphere, sub-lithospheric 
mantle, and for the mid-ocean ridge column are calibrated against the 
observed elevation difference. Models using the thermodynamic 
consistent densities allow calibrating simple 1-D and 2-D models that 
include densities that only depend on temperature based on the classic 
Boussinesq approximation (e.g., Fig. 13). Both the complex pressure, 
temperature, and composition based densities, and the simple calibrated 
densities that depend on temperature only allow accurate prediction of 
topography in geodynamic modelling. We reach the following specific 
conclusions:  

1. Stable continents far from hotspots with a crustal thickness of 35 ± 5 
km have an elevation of +400 ± 400 m. Active mid-ocean ridges far 
from hotspots have an elevation of about − 2750 ± 250 m on 
average. The reference relative elevation between continents and 
mid-ocean ridges is consequently about 3150 m with a characteristic 
water depth at the ridge of 2750 m.  

2. Thermodynamic modelling reveals that mantle composition SP2008 
(Mg#89, high Al2O3, high Na2O) from Simon and Podladchikov 
(2008) provides a good reference fertile mantle composition as it 
reproduces the shallow upper-mantle density profile of the sub- 
lithospheric mantle consistent with geophysical data.  

3. Using a set of characteristic mantle compositions based on xenolith 
studies, thermodynamic calculations provide an approximation of 
the depletion buoyancy of the lithospheric mantle for Phanerozoic 
lithosphere ΔρX ∼ 10 − 20 kg/m3, for Proterozoic lithosphere 
ΔρX ∼ 30 − 35 kg/m3 while it is larger than 40 kg/m3 for Archean 
lithospheres.  

4. 2-D geodynamic models, that include mantle melting and densities 
from thermodynamic calculations and 1-D isostatic calculations 
show that the relative elevation difference between mid-ocean ridges 
and continents depends on crustal density, mantle composition and 
density distribution, and degree of depletion of the lithospheric 
mantle.  

5. We calibrate average continental crustal density and depletion 
buoyancy based on the thermodynamic consistent approach to 
establish the reference densities that can be used for continental 
mantle lithosphere and sub-lithospheric mantle in models that follow 
the classic Boussinesq approximation where density depends on 
thermal expansivity. The calibrated reference density of the sub- 
lithospheric mantle is ∼ 3310 kg/m3 at 0◦C in our thermo- 
mechanical models based on the Boussinesq approximation. The 
average crustal density ρc and average continental mantle litho-
sphere depletion buoyancy ΔρX,CLM that fit the observed elevation 
difference between reference stable Phanerozoic continental litho-
sphere at +400 m elevation and active mid-ocean ridge at 2750 m 
water depth far from hotspots follow this relation: 

ρc = − 2.5ΔρX,CLM + 2783  

with preferred values being ρc = 2833 kg/m3 and ΔρX,CLM = − 20 kg/ 
m3 consistent with geophysical and thermodynamic constraints. 

6. The calibrated average depletion buoyancy of the continental litho-
spheric mantle varies between − 20 and − 50 ± 15 kg/m3 for varying 
lithospheric thickness between 125 and 280 km consistent with es-
timates using thermodynamic calculations. 
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We finally provide a collection of Jupyter notebooks and the databases 
including geographic data and grids of the thermodynamic calculations 
for all mantle compositions presented as supplementary material that 
allow readers to reproduce the work done in this study and/ or to cali-
brate models with their particular preferences. 
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Appendix A. Thermo-mechanical model 

A.1. Method 

This study uses the modified 2-D Arbitrary-Lagrangian–Eulerian (ALE) thermo-mechanically coupled finite element code FANTOM (Thieulot, 
2011; Theunissen and Huismans, 2019), coupled to melt prediction and density prediction from thermodynamic calculations, to calibrate the density 
structure beneath continents and mid-ocean ridges. The model computes momentum and mass conservation of plane-strain incompressible fluids to 
solve for Stokes flow: 

∇⋅
(
μeff

(
∇v + (∇v)T ) )

− ∇P + ρg = 0 (A.1)  

where P is the pressure, v is the velocity, μeff the effective viscosity, ρ the density and g the gravity acceleration. This is coupled with time (t)-dependent 
heat conservation following: 

∂T
∂t

=
∇⋅(k∇T)

ρcp
− υ∇T +

H
ρcp

+
vzαT gT

cp
−

TΔS
cp

∂ϕ
∂t

(A.2)  

where T is the temperature, cp the specific heat capacity, α thermal expansion, H the radiogenic heat production and the fourth term in the right-hand 
side being the temperature correction for adiabatic heating and cooling when material moves vertically at velocity vz. The final term in the heat 
balance equation expresses the absorption of latent heat related to the phase change from solid to melt where ΔS is the change of entropy on melting, 
∂ϕ/∂t is the time derivative of the melt fraction, ϕ. The coupling is done through nonlinear temperature (T)- and pressure (P)-dependent rheologies, as 
well as the temperature dependence of buoyancy using the extended Boussinesq approximation (Christensen and Yuen, 1985; Gerya, 2010), which 
considers that changes in density (ρ) are small enough to approximate the conservation of mass by an incompressible flow: 

∇⋅v = 0 (A.3)  

A.2. Rheology 

When stress is below frictional-plastic yield, the flow is viscous and is specified by temperature-dependent nonlinear power law rheologies based 
on laboratory measurements on ‘wet’ quartz (Gleason and Tullis, 1995), on dry Maryland diabase (Mackwell et al., 1998), and olivine (Karato and Wu, 
1993). The effective viscosity, μeff , in the power law rheology is of general form: 

μeff = fA− 1/nĖ(1− n)/2n
2 exp

(
Q + VP

nRT

)

(A.4)  

where Ė2is the second invariant of the deviatoric strain rate tensor 12ε̇ijε̇ij, n is the power-law exponent, A is the pre-exponential scaling factor, Q is the 
activation energy, V is the activation volume, P is the pressure, T is the absolute temperature and R is the universal gas constant. A, n,Q and V are 
derived from laboratory experiments and the parameter values are listed in Table 3. The factor f is used to scale viscosities calculated from the 
reference quartz, diabase and olivine flow laws. This scaling produces strong and weak crust and reproduces the difference between ‘wet’ and ‘dry’ 
olivine. Frictional-plastic (Mohr–Coulomb) yielding occurs when: 
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σy =
̅̅̅̅̅
J2

√
= Ccos

(
ϕef f

)
+ Psin

(
ϕef f

)
(A.5) 

where J2is the second invariant of the deviatoric stress, C is the cohesion and ϕeff is the effective internal angle of friction following Psin
(
ϕeff

)
=

(
P − Pf

)
sin(ϕ), where Pf is the pore fluid pressure. This approximates frictional sliding in rocks, including pore-fluid pressure effects. This yield 

criterion is equivalent to Drucker-Prager in 2-D plane strain approximation (Wojciechowski, 2018). 
The model accounts for frictional-plastic strain softening, which is responsible for strain localization in the brittle layer, and is introduced by a 

linear decrease of ϕeff (ε) from 15◦ to 2◦ and Ceff (ε) from 20 to 4 MPa with respect to plastic strain (ε) between ε0 and ε0 (Buck, 1993; Huismans and 
Beaumont, 2002; Lavier et al., 1999; Lavier et al., 2000). ϕeff (ε0) ≈ 15◦ corresponds to hydrostatic pore pressure (Huismans and Beaumont, 2002). In 
our model ε0 and ε1 are set to 5% and 105% respectively (Fig. S13). For mantle rocks, we use ϕeff (ε1) = 4◦ and the cohesion is kept constant with 
Ceff (ε1) = 20MPa (Theunissen and Huismans, 2022). The sub-lithospheric mantle is fully plastically weakened when exhumed inhibiting strain 
localization and ensuring a symmetric spreading and a smooth relief at the sea-floor. 

Appendix B. Melt prediction using linearized mantle solidus 

The procedure used for the melt prediction is based on Scott (1992); Nielsen and Hopper, 2004; Simon et al., 2009; Lu and Huismans, 2021. The 
temperature of melting is constrained to lie on the solidus: 

Ts = Ts0 +
∂T
∂z

⃒
⃒
⃒
⃒

X
z+

∂Ts

∂X

⃒
⃒
⃒
⃒

z

(

X − 1
)

(B.1)  

where Ts is the current solidus temperature, Ts0 is the solidus temperature at the surface, ∂T/∂z|X is the gradient of the solidus temperature with depth, 
and ∂Ts/∂X|z is the change in solidus temperature with depletion. 

The depth derivative of the solidus, ∂T/∂z|X is a linear approximation based on the parametrization of (McKenzie and Bickle, 1988). This linear 
approximation is justified since the solidus is almost linear up to pressures of approximately 4 GPa (120 km depth) and it is unlikely significant 
amounts of melting occur below these depths in a rifting/mid-ocean ridge environment. 

We define a wet solidus which corresponds to a reduction of the dry solidus by 200◦C. Inside the damp melting domain between the wet and dry 
solidus, melt fractions are parametrized to be 0 on the wet solidus and 0.02 on the dry solidus (Choblet and Parmentier, 2001). 

The ∂Ts/∂X|z(X − 1) term of Eq. B.1 takes into account the change to the solidus temperature that occurs as a result of compositional depletion of the 
mantle upon melting. As the depletion factor X progressively increases from its initial starting value of 1, the mantle becomes more difficult to melt, 
and the solidus temperature increases accordingly. Following Nielsen and Hopper (2004) the changing incremental melt fraction may be calculated 
using dϕ = (T − Ts)/(L + ∂Ts/∂ϕ), where ∂Ts/∂ϕ = (X/(1 − ϕ))∂Ts/∂X and L = TΔS/cp. At each time step in the model evolution, the solidus tem-
perature is updated, and incremental melt fractions are computed using the expression for dϕ. 

Appendix C. Melt prediction using thermodynamic calculations 

In model M1, melt prediction is based on thermodynamic calculation using the characteristic fertile mantle composition SP2008 from Simon and 
Podladchikov (2008) (Fig. 7) The melting solution for dry conditions is calculated at equilibrium meaning that there is a mix of melt and solid in a 
closed system (batch melting). As a consequence it is theoretically not possible to directly use this solution to determine the melt fraction and the 
density distribution inside the melt window. Indeed, in nature melt rapidly separates from the solid residuum resulting in efficient melt extraction 
from the mantle (Spiegelman, 1993; Kelemen et al., 1997). Although about 15% melting is expected in most calculations due to decompression alone, 
geophysical methods detect less than 2% of retained melt (Team, 1998; Evans et al., 1999; Goes et al., 2012; Eilon and Abers, 2017). The rest is 
extracted quickly, so that the actual melt content is much smaller than the total degree of melting. Also thermodynamic models and laboratory ex-
periments show that fractionation (incremental batch melting) results in lower productivity than batch melting experiments (Hirschmann et al., 1998) 
(Fig. S10). We use only one thermodynamic solution assuming a linear relationship between total melt fraction from batch melting and incremental 
batch melting. Calibration of this parameter to fit the predicted 6.5 km thick oceanic crust provides a value of ϕ/ϕbatch = 0.55 consistent with earlier 
modeling (e.g., Hirschmann et al. (1998)) (Fig. S10). In model M1, material produces additional melt only if the predicted melt fraction ϕ is higher 
than the highest melt fraction encountered during its history. 

Appendix D. Coupling and feedback between melt production and thermo-mechanical solution 

Melt prediction routines are coupled to the thermo-mechanical model through the use of the lithostatic pressure (model M1) or depth (model M2) 
and temperature. The model accounts for feedback from melting on temperature, viscosity and density. Note that feedback relations on density are 
presented in the main text. 

D.1. Pressure 

The linearized melt production routine in model type M2 uses a temperature-depth dependent linear relationships to define solidus. To avoid local 
variations related to fault related topography, we use a smoothed version of the free surface as a reference to compute the depth. For consistency with 
the linearized melt production routine where the solidus is defined with the depth, we use the lithostatic pressure to read tables from the thermo-
dynamic solutions in model M1. Based on model outputs the relative continent/ocean overpressure (difference between dynamic pressure and 
lithostatic pressure) in the mantle is small between 1 and 5 MPa on average that represents an elevation difference between 30 and 150 m (Fig. S11). 
Note that water load is included in the lithostatic pressure in our model. 
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D.2. Feedback on temperature 

Feedback on temperature is expressed in the final term of the heat balance Eq. A.2. This represents the absorption of latent heat related to the phase 
change from solid to melt which depends on the change of entropy of melting and the melt production rate with time. 

D.3. Feedback on viscosity 

Feedback on mantle viscosity is introduced to consider the effect of melt weakening and dehydration strengthening. It is generally accepted that 
less than 5% of melt is enough to extract all water from a hydrous mantle (Hirth and Kohlstedt, 1996; Asimow et al., 2004). Following previous studies 
(e.g., Braun et al., 2000; Choblet and Parmentier, 2001; Nielsen and Hopper, 2004; Simon et al., 2009), we model the effect of dehydration 
strengthening in the damp melting regime by use of a simple linear parametrization. We employ a linear scaling factor to increase effective viscosity 
over a range of Ω = 1 − 5 for melt fractions between 0 and 2 percent. For melt fractions greater than 2 percent, we set Ω to 5, reflecting the full increase 
in viscosity above the dry solidus owing to dehydration strengthening. 1% of melt retention introduces a viscosity reduction of about 1.2, i.e. μ/μ0 =

exp( − aϕ) where a is a constant between 30 and 45 (e.g., Nielsen and Hopper, 2004 and references therein). The effect of melt weakening on viscosity 
is then countered by dehydration strengthening (e.g., Karato, 1986; Hirth and Kohlstedt, 1996). Finally feedback from melting on effective viscosity 
(Eq. A.4) express as following: 

μ = μeff Ωexp( − aϕ) (D.1) 

The net effect results in mantle strengthening with a factor of about 4 on viscosities after the mantle went through wet and dry melting windows (e. 
g., Nielsen and Hopper, 2004, and references therein). 

Appendix E. Supplementary data 

Supplementary data associated with this article can be found, in the online version, at https://doi.org/10.1016/j.earscirev.2022.104153. 
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Lévy, F., Jaupart, C., 2011. Temperature and rheological properties of the mantle 
beneath the north american craton from an analysis of heat flux and seismic data. 
J. Geophys. Res.: Solid Earth 116. https://doi.org/10.1029/2010JB007726. 

Li, C.F., Lu, Y., Wang, J., 2017. A global reference model of curie-point depths based on 
emag2. Sci. Rep. 7, 45129. https://doi.org/10.1038/srep45129. 

Liu, C.Z., Dick, H.J., Mitchell, R.N., Wei, W., Zhang, Z.Y., Hofmann, A.W., Yang, J.F., 
Li, Y., 2022. Archean cratonic mantle recycled at a mid-ocean ridge. Sci. Adv. 8, 
eabn6749 https://doi.org/10.1126/sciadv.abn6749. 

Liu, C.Z., Snow, J.E., Hellebrand, E., Brügmann, G., von der Handt, A., Büchl, A., 
Hofmann, A.W., 2008. Ancient, highly heterogeneous mantle beneath gakkel ridge, 
arctic ocean. Nature 452, 311–316. https://doi.org/10.1038/nature06688. 

Louden, K., Osler, J., Srivastava, S., Keen, C., 1996. Formation of oceanic crust at slow 
spreading rates: New constraints from an extinct spreading center in the Labrador 
Sea. Geology 24, 771–774. https://doi.org/10.1130/0091-7613(1996)024<0771: 
FOOCAS>2.3.CO;2. 

Lu, G., Huismans, R.S., 2021. Melt volume at atlantic volcanic rifted margins controlled 
by depth-dependent extension and mantle temperature. Nature. Communications 12, 
3894. https://doi.org/10.1038/s41467-021-23981-5. 

Mackwell, S.J., Zimmerman, M.E., Kohlstedt, D.L., 1998. High-temperature deformation 
of dry diabase with application to tectonics on venus. J. Geophys. Res.: Solid Earth 
103, 975–984. https://doi.org/10.1029/97JB02671. 
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